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We were deeply sorry to learn that Jean-Louis Cheminee, one of the co-editors of this 
volume, died after a long illness on October 15, 2003, before our volume had gone to 
press. In addition to being a geochemist , volcanologist and an excellent field geolo- 
gist , Jean-Louis was also a true friend of the editors of this volume and probably of 
many of you who will read this book. 

Jean-Louis devoted his career to the enjoyment of studying subaerial and subma- 
rine volcanoes and was one of the main coordinators of the French project dedicated 
to the study of Intraplate Volcanism. He was a friendly, communicative person, and 
was always available to talk about volcanoes. We have lost a good friend and col- 
league with whom we shared and enjoyed numerous sea-going expeditions. We wish 
to salute his spirit of adventure and dedication to helping the scientific community 
enhance its knowledge. We will keep him in our thoughts and when a volcano trembles 
in the future, we will remember hearing him say, “ The Earth is still alive!” 

This book is dedicated to the spirit of international scientific cooperation and col- 
laboration and to an ideal future world of freedom, justice, tolerance, equality and 
fraternity, where humankind's ethnic and ideological differences will be respected 
and considered as a source of intellectual wealth and well-being. 
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During the past thirty years, studies on intraplate and ridge-centered volcanism have 
become an important aspect of planetary geology and have helped to elucidate the 
mechanisms of mantle convection and crust-lithospheric construction. This work 
has stimulated and improved multiple lines of scientific research and led to many 
seagoing expeditions in uncharted oceanic basins where there was very little previ- 
ous information. 

The fourteen papers presented in this volume were contributed by some of the 
outstanding members of a pioneering oceanographic community whose work has 
enhanced our understanding of the geophysical, morpho-structural, geochemical, 
hydrothermal and associated phenomena related to oceanic hotspots. 

All the authors and editors are particularly indebted to the support from govern- 
ment agencies in France, Germany, the USA, Canada and England as well as several 
research institutions in these countries. It is thanks to their funding and logistic 
support that we have been able to carry out extensive exploration in such remote 
areas of the world’s oceans. 

The data and samples obtained at sea are also the result of a valuable collaborative 
effort among the captains, officers, crewmembers and the scientific teams on board 
the oceanographic vessels. In addition, the engineers and pilots from “GENAVIR” 
(Groupement pour la Gestion des Navires Oceanographiques) who worked on board 
the submersibles Cyana and Nautile were extremely helpful in gathering the in situ 
observations and samples that were the basis of some of the research presented in 
this volume. Without all this precious collaboration in obtaining the samples and 
data used by the authors of this volume, our work would not have been nearly as 
successful. 

The editors especially acknowledge the support received from the three research 
centers that were mainly responsible for seventeen years of Franco-German col- 
laboration related to the program on Intraplate Volcanism. Dr. R. Hekinian has re- 
cently retired from the Institut Fran^ais de Recherche et Exploitation de la Mer 
(IFREMER) in Brest, France, Prof. P. Stoffers is Research Director at the Geoscience 
Institute of Kiel University in Kiel, Germany, and Dr. J. L. Cheminee t was Directeur de 
Recherche at the Centre Nationale de Recherche Scientifique (CNRS), Observatoires 
Volcanologiques, Jussieu, in Paris, France. 

The volume “Oceanic Hotspots” has also been made possible thanks to the 
Alexander von Humboldt Fellowship awarded to one of the editors (Hekinian) and 
to the many years of work, research and publishing by all the authors and editors 
who have contributed to this book. In addition, we are thankful to Drs. R. Batiza, 
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I. Campbell, J. Casey, J.-L. Charlou, C. Deplus, P. England, J. Francheteau, A. Hirn, 

J. Natland, E. Okal, J. Pearce, and M. Regelous for their comments and criticisms of 
the various chapters of this volume. 

Finally, the three editors sincerely thank Virginia Hekinian for her editorial as- 
sistance, and the staff of Springer- Verlag Publishing for their collaboration. 
R. Hekinian is also grateful to the Department of Marine Geosciences at IFREMER 
Brest and to the University of Kiel for the generous help and technical support re- 
ceived during the preparation of this volume. 

October 2003, Saint Renan, France 
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Introduction 



Intraplate volcanism occurs in both submarine and subaerial regions on the Earth’s 
surface. However, most of the magmatic activity responsible for the construction of 
the Earth’s volcanic structures takes place under the sea in oceanic basins and along 
spreading centers. The divergent plate boundaries (Mid-Ocean Ridges) and back-arcs 
are relatively straight and structurally continuous features, making them easier to 
investigate than the more scattered and dispersed intraplate volcanic provinces within 
the oceanic basins. 

The intraplate regions associated with hotspots provide a unique opportunity to 
investigate the exchange of matter between the Earth’s mantle and its lithosphere. For 
a global understanding of the origin and evolution of the Earth’s mantle, a multidisci- 
plinary approach is often necessary. It makes sense, therefore, to combine geophysical, 
structural, mineralogical and geochemical studies to better understand hydrotherma- 
lism, crustal alteration, and magmatic gas and fluid discharges into seawater. 

Our first awareness of hotspot activity was based on the observation that linear 
chains of volcanic islands and seamounts were younger than the oceanic crust on which 
they were built. These chains tended to be parallel while being oriented perpendicu- 
lar to the magnetic anomaly pattern of the oceanic crust. Furthermore, the volcanic 
chains were marked by a progressive increase in the age of their volcanoes with in- 
creased distance from the nearest mid-oceanic spreading centers. 

It has been about forty years since Tuzo Wilson (1963) first proposed his model link- 
ing oceanic island volcanism to deep-seated magma convection cells. Nine years later, 
Jason Morgan (1972) suggested that linear volcanic chains could be explained by the 
movement of lithospheric plates over fixed hotspots supplied by a magma source in 
the mantle (mantle plume). 

The world’s hotspots play an important role in enhancing the global magmatic 
budget of the planet and are also a means of indicating the variability in rigidity of 
lithospheric plates. The number of hotspots on the surface of the Earth is difficult to 
estimate, with opinions ranging from about 40 to 120 (Crough 1978; Crough and Jurdy 
1980; Stefanick and Jurdy 1984) (Fig. 0.1). When looking at the satellite altimetric data 
of Smith and Sandwell (1997), it is evident that oceanic basins are the locations of sev- 
eral irregularly shaped structures - including circular edifices and ridges - all of which 
seem to have a volcanic origin. In addition, it appears that the majority of these struc- 
tures were probably built by intraplate hotspot volcanism rather than by volcanism at 
spreading centers. 

While marine exploration and discovery will continue to produce new information, 
the present volume entitled “Oceanic Hotspots ” is intended to summarize our progress 
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Introduction 




Fig. 0.1 . The location of the Earth’s major oceanic hotspots shown on the satellite altimetric map of Smith and Sandwell ( 199 7 ), reproduced and colored by D. Aslanian 
(IFREMER, Brest). L = Inferred Louisville hotspot, Sm = Samoa, A = Arago Seamount, M = Macdonald Seamount, S = Society, T = Tuamotu, P = Pitcairn, F = Foundation, 
E = Easter Island, SG = Sala y G 6 mez Island, and JF = Juan Fernandez Island. Both spellings for the Marquises or Marquesas hotspot are found in this volume 




Introduction 



3 



concerning intraplate volcanic activity. With the constant growth of data acquisition, 
written reports and scientific publications, it has become increasingly difficult to keep 
up with the available information on oceanic basins and/or intraplate hotspot research. 
The present volume does not intend to cover all aspects of studies pertaining to the 
theory of hotspot volcanism. Rather, we offer a comprehensive overview and indicate 
on-going research concerning hotspot-generated volcanism in selected Pacific and 
other intraplate regions. 

An international project on “intraplate volcanism” (VIP - “Volcanism Intra-Plaque”) 
began in 1986 between French and German oceanographic institutes. This project was 
subsequently extended to include U.S. and Canadian colleagues, who participated in 
seagoing operations and shore-based studies. The project, designed to share oceano- 
graphic research, ship time and equipment, was very fruitful and led to close collabora- 
tion among the various partners. The program lasted seventeen years and resulted in more 
than forty publications in international journals arising from more than fifteen ocean- 
going expeditions using French, German, British (with side scan “GLORIA” and bathym- 
etry coverage) and American surface ships. The French submersibles Nautile and Cyana 
were also used during three cruises to gather geological and geophysical information. 

While the present volume is intended to be an overview, particular emphasis has 
been placed on data obtained between 1986 and 2000. Nonetheless, it is also our in- 
tention to broaden the scope to include other major contributions related to the Pa- 
cific hotspots. In fact, the book aims to be fairly comprehensive, since some of the 
authors have used a global approach when discussing such things as the gravity field 
implications during volcanic construction and the interaction of intraplate plumes with 
the divergent plates in the Atlantic and the Pacific Oceans. However, it should also be 
kept in mind that the Pacific Ocean is one of the world’s most active volcanic regions 
and the location of the fastest crustal renewal during the past 170 million years. 

Most available data concerning hotspots are either dispersed in the literature or 
unpublished for various reasons. Thus, this project has provided us with an ideal op- 
portunity to bring together a series of fourteen comprehensive articles highlighting 
some major discoveries, new data and scientific thinking related to mantle plume pro- 
cesses and Pacific hotspot activity. Please note that throughout the volume, the terms 
“volcano” and “seamount” are used as synonyms and refer to geological structures 
formed during volcanic activity on the sea floor. 

The use of bathymetry based on satellite altimetric data and research vessels’ depth 
soundings is one of the first steps in recognizing and preparing an inventory of poten- 
tial hotspot volcanism. A comprehensive approach to the study of intraplate regions by 
Jordahl et al. (Chap. 1) includes a compilation of multibeam bathymetric data collected 
from sixty-five oceanographic expeditions equipped with multibeam echo sounders and 
GPS (Global Positioning System) navigation. The maps also include all single-beam 
track-line data from the American “National Geophysical Data Center” (NGDC), and 
soundings from the French “Service Hydrographique et Oceanographique de la Ma- 
rine” (SHOM). These ship data were combined with multibeam data collected by other 
oceanographic institutions using a variety of sonar systems. In addition, predicted 
bathymetry from satellite altimetry was used to interpolate between the ship sound- 
ings. These maps have improved confidence in the interpretation of large-scale fea- 
tures such as regional depth anomalies, fracture zones, swells and chains of volcanoes, 
and the maps also provide new insights into the interpretation of small-scale struc- 




4 



Introduction 



tures. The imagery reveals that long, low, sinuous volcanic ridges are prevalent through- 
out the Polynesian region of the South Pacific. Their origins, which are related to re- 
gional stress in the Pacific, are also discussed. 

The geophysical aspect of this volume includes detecting South Pacific earthquakes 
thanks to analyses based on the data collected by the Polynesian Seismic Network since 
the 1960s and presented in a paper by /. Talandier (Chap. 2). Special attention is given 
to the detection and interpretation of volcano-magmatic activities of the South Pacific 
in the regions of the Society hotspot near Tahiti and the Macdonald Seamount region 
in the prolongation of the Austral chain. The implication of this seismic activity in chang- 
ing the morpho-structural aspect of any subsequent volcanic construction is discussed. 

Thermal anomalies within the asthenosphere and the mantle plumes rising to the 
Earth’s surface have a major impact on the lithosphere’s density and consequently on its 
internal state of isostatic equilibrium. An “isostatic load model” discussed in the first part 
of the study presented by Avedik et al. (Chap. 3) offers a generalized description of the iso- 
static equilibrium in the framework of plate tectonics. Their model shows a continuous 
transition between the constant - and variable sub-crustal lithospheric density domain, 
corresponding to the Airy and Pratt compensation mechanisms in the lithospheric plate. 
In the second part of the study, the authors apply their “isostatic load model” to inves- 
tigate the distribution of sub-crustal lithospheric density in areas of different oceanic 
structures associated with hotspot activity in intraplate regions and at spreading axes. 

The recognition of intraplate spreading directions and the velocity of plate motion 
is fundamental knowledge for determining plate reconstruction and the origin of 
intraplate, arc and back-arc provinces. This has been possible through a detailed study 
of the Hawaiian-Emperor chain, which is one of the most prominent, continuous and 
linear volcanic structures known in the ocean. The present-day hotspot that gave rise 
to the Hawaiian-Emperor volcanic chain is centered underneath the island of Hawaii 
and its immediate vicinity and is one of the most active in the world. Its continuity is 
marked by a N330 0 orientation that changes to a more northerly direction near the 
middle of the chain. The origin of the 43 Myr “bend” (or direction change) along the 
Hawaiian-Emperor chain is discussed by Y. Niu (Chap. 4). His paper presents a new, 
alternative interpretation for explaining the origin of the 43 Ma bend that is consistent 
with simple physics as well as with many on-site observations by the world’s oceano- 
graphic community. He suggests that the 43 Ma bend was caused by a reorientation of 
Pacific Plate motion at that time. This new interpretation is supported by the cessation 
of continental arc volcanism in the Okhotsk-Chukotka area as a result of a jamming of 
the trench and the ending of subduction about forty-four million years ago. 

The morpho-structural study of major recent South Pacific (Society, Austral and 
Pitcairn hotspots) volcanic structures and their mode of construction are presented 
by Binard et al. (Chap. 5). The chapter summarizes the distribution of various types 
of volcanic activities such as explosive versus quiet volcanism and the sea-floor struc- 
tures that have influenced the location of hotspot magmatism. 

The construction of volcanic edifices is followed by their degradation during later 
eruptions and plate motion. This is true for submarine as well as subaerial volcanoes 
that constitute islands. Therefore, another aspect of a morpho-structural approach is 
presented by Clouard and Bonneville (Chap. 6) in their study of active intraplate vol- 
canoes. These authors have shown that the edifices are subject to slope failures of frag- 
mented material due to gravitational instabilities of the flank. Later, during their ma- 
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ture stage, these seamounts and volcanoes form well-developed rift zones. These struc- 
tures are again modified during the subaerial volcanic stage when cataclysmic events 
such as debris avalanches occur at least once on most of the islands. Finally, after the 
cessation of volcanism, landslides produced by erosion processes are likely to take 
place. By determining the thickness of the debris avalanche after a landslide and com- 
bining this information with data on the seismicity of the area, Clouard and Bonneville 
have revealed that seismic velocity can be as high as 3 000 m s _1 during a landslide. 

Magmatic processes and mantle compositions are of primary importance for un- 
derstanding the evolution of mantle flow and composition, at least during the past 
120-150 Ma. The nature and composition of lava erupted from a volcano varies from one 
hotspot to another as well as within the same hotspot. In order to decipher the origin 
of a magma source derived from the partial melting of a heterogeneous mantle and 
therefore to better understand the changes that the magma has undergone during its 
upwelling towards the surface, the geochemistry of a large variety of rock types has 
been investigated by Niu and O'Hara (Chap. 7). In their paper, these authors invoke 
the petrologic and genetic aspects of intraplate magnetism and have presented a new 
view on the concept of source material for the hotspot volcanoes. They show evidence 
that there is no genetic link between the ancient subducted oceanic crust and the source 
materials of OIB (Ocean-Island Basalt). The arguments presented are based on well- 
understood petrological, geochemical and experimental data on mineral physics. 

A summary and new results based on geochemical studies concerning the nature 
and origin of the magma sources for the Marquises, Society, Austral, Pitcairn, Easter, 
Juan Fernandez and Foundation hotspots in the South Pacific are presented in a chapter 
by Devey and Haase (Chap. 8). All the hotspots they have studied show a consistent 
evolutionary feature, since all the volcanoes have erupted a more alkaline magma over 
a period of time. In most cases, except for the Marquises hotspot, the most alkaline 
magmas were derived from sources with the strongest time-integrated incompatible 
element depletion. A comparison of these South Pacific hotspots with other hotspot 
regions from all over the world reveals extremely high radiogenic values, perhaps in- 
dicating an exceptionally old, subduction debris-rich mantle beneath the Superswell 
(or “bulge”) of the South Pacific oceanic basin. 

The interaction between the mechanism giving rise to hotspots and the convection 
of the mantle related to plate motions is not well understood. In fact, we still are not 
sure if there is a relationship between upwelling mantle material at diverging plate 
boundaries and the plume-generated hotspots. Niu and Hekinian (Chap. 9) present, 
in the form of schematic models, an overview with a new perspective on the geochemi- 
cal and geological consequences of plume-ridge interactions. These models aim to 
provide a better understanding of the expression and intensity of plume-ridge inter- 
actions. The models described include (1) what mantle plumes are; (2) the nature and 
composition of plume sources; (3) the actual role of ocean ridges; (4) the effect of the 
rate of the plate separation; and (5) the plume-ridge distance. Examples of South and 
North Pacific plume-ridge interaction across intraplate regions and along the Icelan- 
dic hotspot and Mid- Atlantic Ridge axis are discussed. 

Up until now, how hotspot activity affects the composition of the lithosphere has 
merely been speculated, and has only rarely been demonstrated. With the exception 
of the Hawaiian xenoliths that carry information about the deep-seated composition 
of the lower crust and upper mantle, very little is known about the rest of the world's 
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oceanic intraplate regions. Bideau and Hekinian (Chap. 10) report the occurrence of 
gabbroic cumulates and isotropic gabbros collected after the explosion of a crater at 
the summit of Macdonald Volcano located on the Austral hotspot. These accidental 
fragments are able to give an indication about the composition and degree of alter- 
ation of the magma reservoir. 

A reliable understanding of the history and distribution of oceanic intraplate vol- 
canism created as tectonic plates drift over hotspots is a key for understanding the 
processes controlling hotspot-lithosphere interaction. High-precision dating of rock 
samples is therefore of first-order importance when investigating the physical and 
geochemical development of hotspot volcanism. In an overview of 40 Ar/ 39 Ar dating of 
the Foundation Chain in the SE Pacific, O'Connor et al. (Chap. 11) show how a detailed 
understanding of the history and distribution of magmatism in a seamount chain and 
surrounding volcanic lineaments can distinguish long-lived plume-hotspot behavior 
from local lithospheric control. 

It is well known that hydrothermalism is a dominant alteration process during 
intraplate volcanism and that hydrothermal activity is often observed before and fol- 
lowing volcanic events. Hydrothermal fluids charged with elements leached from crustal 
rocks circulate and precipitate dissolved minerals within the lithosphere and on the sea 
floor in the upper part of intraplate seamounts where seawater penetrates and mixes 
with upwelling hydrothermal fluids. This type of oxygenated environment is most suit- 
able for giving rise to Fe-, Si- and Mn-oxyhydroxide precipitates rather than sulfides. 
However, Scholten et al (Chap. 12) have also suggested that massive flows inhibit a deep 
penetration of seawater so it does not become hot enough to extract metallic elements 
such as Cu and Zn but only Fe. They present geochemical and isotopic investigations 
of the Fe and Mn crusts from several Pitcairn seamounts. They found that for the Mn 
and Fe crusts, the ages range from 2.9 to 130 ka for the Mn crusts and from 0.29 to 3.1 ka 
for the Fe crusts, which indicates their very rapid formation. In addition, it is known 
that low-temperature iron oxyhydroxide (ferrihydrite) deposits from low-temperature 
hydrothermal vents are commonly accompanied by mineralized bacterial forms. Al- 
though rare in the Pitcairn region, the types and distribution of iron oxidizing bacteria 
give indications of the oxidized nature of the vent fluids preventing the formation of 
sulfides. Dating, in combination with the geochemical data, indicates that the forma- 
tion of Fe and Mn crusts at the Pitcairn seamounts is not the result of a chemical frac- 
tionation of a single hydrothermal fluid. It rather seems that the Mn crusts were pre- 
cipitated during past periods of relatively intense hydrothermal activity, whereas the 
Fe crusts were formed during more recent periods of lower activity. 

The release of volatiles into seawater is also important in facilitating the development 
of biological communities, as well as for maintaining their concentration at the seawater- 
atmosphere interface. Thiefien et al (Chap. 13) have contributed a paper dealing with the 
CH 4 concentration around several intraplate volcanoes of the Society, Pitcairn and Aus- 
tral hotspots. These authors show that the undersea CH 4 concentration exceeds the 
surface water equilibrium value of 48 nanoliters per liter of seawater by several orders 
of magnitude. By studying carbon-isotopic composition, the authors have been able to 
differentiate between a purely microbially produced CH 4 and that released during hy- 
drothermal venting. This result has important implications for understanding the ori- 
gin of some hydrothermal deposits (e.g., Fe-Mn-oxyhydroxide deposits) and the de- 
velopment of bacterial communities during the construction of submarine volcanoes. 
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To conclude the book, Hekinian presents a petrological approach for understand- 
ing the mineralogical and compositional variation between hotspot and East Pacific 
spreading-ridge volcanism. The various types of rocks are classified according to their 
modal and normative mineral constituents in relation to their geochemistry and lava 
morphology. The cyclic and sequential nature of magmatic events is identified due to 
in situ observations of the volcanic stratigraphy, which gives credence to certain hy- 
potheses concerning the construction of undersea volcanoes. 

The aim of the volume is to bring the reader up to date, and to provide an histori- 
cal perspective concerning studies about intraplate volcanic activity. The authors and 
editors sincerely hope that these fourteen chapters will generate further interest and 
encourage future research on hotspots and their related phenomena in both oceanic 
and continental regions. 
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Sea-Floor Topography and Morphology 
of the Superswell Region 
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1.1 

Introduction 



The islands of French Polynesia were discovered and populated by Polynesians between 
500 b.c. and a.d. 500. European exploration of the region began in the seventeenth cen- 
tury. The main island groups (Society, Marquesas, Tuamotu, and Austral) have long been 
known, but the submarine topography has only been explored in the past fifty years 
using conventional echo sounders, and only in the past twenty years using higher-reso- 
lution multibeam sonar systems. 

Better knowledge of sea-floor bathymetry in French Polynesia has been a priority 
for a number of reasons, both practical and scientific. To begin with, French Polynesia 
encompasses the Pacific’s second largest Exclusive Economic Zone (EEZ), and certainly 
the world’s largest EEZ per capita. Improved maps of the sub-sea topography are the 
first step to proper inventory of economic resources, including prime fishing grounds 
and submarine minerals, and accurate assessment of geologic hazards, including vol- 
canic eruptions, tsunamis, and landslides (Auzende et al. 1997; ZEPOLYF 1996a, 1996b). 
In addition, the nature of the sea floor within French Polynesia has been of interest for 
a number of scientific reasons. For example, the area is unusually shallow for its age 
and contains an exceptional number of islands and seamounts that do not neatly fit 
into hotspot theory on account of anomalous trends or age progression (McNutt 1998; 
McNutt and Fischer 1987; McNutt and Judge 1990). A number of prominent tectonic 
lineations cross the region, providing information on relative plate motions and spread- 
ing center reorganizations (Cande and Haxby 1991; Jordahl et al. 1998). 

Since the early 1990s, on average there have been three expeditions each year that 
have mapped the sea floor of French Polynesia using multibeam sonar systems (Fig. 1.1). 
The availability of these new data provides an excellent opportunity to create a new, 
up-to-date database of depth information for the sea floor in the central Pacific that 
can support a number of scientific studies and other practical uses. 



Fig. 1.1. Histogram showing 
number of multibeam ex- 
peditions per year to visit 
French Polynesia. Not all of 
these data sets were available 
for this analysis 
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Table 1.1. Institutions, ships, and multibeam systems 



Institution 


Ship 


Multi beam system 


France - Instkut Frangais de Recherche 


N/O Jean Charcot 


Sea beam 


pour 1* Exploitation de la Mer (IFREMER) 


N/O L'Atalante 


Simrad EMI 2D 


Scripps Institution of Oceanography (SO) 


R N Thomas Wash ingto n 


Sea Beam 




m Melville 


Sea Beam 2000 


Lamont-Doherty Earth Observatory (LDEO) 


R/V Conrad 


Sea Beam 




RyV Maurice Ewing 


Hydrosweep DS (through 2001) 


USA - National Oceanic and Atmospheric 


R/V Surveyor 


Sea Beam 


Administration (NQAA) 


R/V Discoverer 


Sea Beam 


Germany 


F/S Sonne 


Sea Beam 


Japan Marine Science and Technology 
Center (JAMSTEQ 


Kairai 


SeaBeam2112 



Table 1 .2. Expeditions used in the multibeam bathymetry compilation 



Cruise 


Institution 


Year 


Ship 


Scientist 


ETM19 


iFREMER 


1986 


Charcot 


Voisset 


NIXG46 


IFREMER 


1986 


Charcot 


Voisset 


NODCOM 


IFREMER 


1986 


Charcot 


Le Suave 


NODCOl-2 


IFREMER 


1986 


Charcot 


Voisset 


N00C02 


IFREMER 


1987 


Charcot 


Le Suav4 


PAPNOUM 


IFREMER 


1987 


Charcot 


Foucher 


RAPA NU 12 


iFREMER 


1987 


Charcot 


Francheteau 


5EAPS05 


iFREMER 


1986 


Charcot 


Pontoise 


SEARISE 1 


IFREMER 


1980 


Charcot 


Francheteau 


SE ARISE 2 


IFREMER 


1980 


Charcot 


Francheteau 


TEAHITIA 


IFREMER 


1986 


Charcot 


Chemin£e 


FOUNDA 


IFREMER 


1997 


L'Atalante 


Maia 


MAN2PA 


IFREMER 


1999 


L'Atalante 


Dubois 


NOUPA 


IFREMER 


1996 


L'Atalante 


Reyss 


OL1PAC 


IFREMER 


1994 


L'Atalante 


Coste 


PAPNOU99 


IFREMER 


1999 


L'Atalante 


Pelletier 


POLYNAUT 


IFREMER 


1999 


L'Atalante 


Dubois 


ZEPOLYF1 


IFREMER 


1996 


L'Atalante 


Bonneville 


ZEPOLYF2 


IFREMER 


1999 


L'Atalante 


Bonneville 


KR9912 


JAMESTEC 


1999 


Kairei 


- 


ARIA01WT 


SIO 


1982 


Washington 


Shipley 


ARIA02WT 


SIO 


1982 


Washington 


Lonsdale 


CNXO01WT 


SIO 


1982 


Washington 


Robert (IFREMER) 


PPTU03WT 


SIO 


1985 


Washington 


Mammerickx 


CRGNG1WT 


SIO 


1987 


Washington 


Winterer 
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Table 1 .2. Continued 



Cruise 


Institution 


Year 


Ship 


Scientist 


CRGN02WT 


510 


1987 


Washington 


Natla nd/McNutt 


CRGN03WT 


SIO 


1987 


Washington 


Cronan 


RNDB16WT 


SIO 


1989 


Washington 


Guenther (transit) 


TUNE01WT 


510 


1991 


Washington 


Tsuchiya 


TUNE02WT 


SIO 


1991 


Washington 


Swift 


TUNE03WT 


SIO 


1991 


Washington 


Talley 


BMRG01 MV 


SIO 


1995 


Melville 


Orcutt 


BMRGQ2MV 


SIO 


1995 


Melville 


Lonsdale, Hawkins, Castillo 


BMRG09MV 


SIO 


1995-1996 


Melville 


Lonsdale 


WE5T01MV 


SIO 


1993 


Melville 


llrabe (Geol. Surv Japan) 


WEST02MV 


SIO 


1993-1994 


Melville 


Lonsdale 


WEST05MV 


SIO 


1994 


Melville 


Bryden 


WEST12MV 


SIO 


1995 


Melville 


Moe 


WEST13MV 


SIO 


1995 


Melville 


Coale 


GLOR03MV 


SIO 


1992-1993 


Melville 


Forsyth 


GLOR04MV 


SIO 


1993 


Melville 


San dwell 


G LOROS MV 


SIO 


1993 


Melville 


Sand well 


SOJMOIMV 


SIO 


1996 


Melville 


Transit 


SOJN02MV 


SIO 


1996 


Melville 


Chave 


SOJNOBMV 


SIO 


1997 


Melville 


Transit 


SOJN09MV 


SIO 


1997 


Melville 


Chave 


PANR05MV 


SIO 


1998 


Melville 


Hey 


PANR06MV 


SIO 


1998 


Melville 


Gee 


C2608 


LOEO 


1985 


Conrad 


Wejssel 


EW9102 


LDEO 


1991 


Ewing 


Detrlck/M utter 


EW9103 


LDEO 


1991 


Ewing 


McNutt/Mutter 


EW9104 


LDEO 


1991 


Ewing 


Larson 


EW9106 


LDEO 


1991 


Ewing 


McNutt 


EW9204 


LDEO 


1992 


Ewing 


McNutt 


EW9205 


LDEO 


1992 


Ewing 


Transit 


EW9602 


LDEO 


1996 


Ewing 


McNutt 


EW9603 


LDEO 


1996 


Ewing 


Transit 


EW0003 


LDEO 


2000 


Ewing 


Transit 


RITS93B 


NOAA 


1993 


Surveyor 


Capt.FJ Jones 


RITS93C 


NOAA 


1993 


Surveyor 


CapiFJJones 


RITS94A 


NOAA 


1994 


Surveyor 


Ca pi Thomas Ruszala 


D193G1 


NOAA 


1993 


Discoverer 


Capi Robert Smart 


TOGA92 


MOAA 


1992 


Discoverer 


Capt, Robert Smart 


SO-47 


Germany 


1986 


Sonne 


Staffers 


SO- 100 


Germany 


1995 


Sonne 


Devey 


KR9912 


- 


- 


_ 


_ 
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1.2 

Data Sources and Methods 

We have assembled multibeam bathymetry from sixty-five oceanographic expeditions 
undertaken by research vessels from France, the United States, Germany, and Japan 
(Table 1.1). Table 1.2 lists the expeditions included in this compilation. Incorporation of these 
swath bathymetry data into a single map represents a significant challenge, in that they 
were collected by about half a dozen different sonar systems from various vendors and 
were archived in approximately two dozen different digital data formats. MB-System (Ca- 
ress and Chayes 1996, 2003), an open source software package for the processing and dis- 
play of swath mapping sonar data, is well suited for this sort of data compilation because 
of its modular and extensible i/o library. Most of the relevant formats were already sup- 
ported, but in order to work with the French multibeam data it was necessary to create i/o 
modules for the raw Simrad EM12D format and the generic archival format (MBB) used 
by IFREMER (Flnstitut Fran$ais de Recherche pour TExploitation de la Mer). Most of 
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Fig. 1.2. New depth compilation for French Polynesia. Gaps between soundings have been left blank 
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the compiled multibeam bathymetry required little additional processing, but in a few 
cases interactive bathymetry and navigation editing removed significant artifacts. 

Once the multibeam bathymetry database was in place, the data were used to create 
bathymetric grids using the MB-System. The full regional grids were produced at 
1 km x i km resolution. In addition to the multibeam data, NGDC trackline data were in- 
cluded in gridding, as well as island topography from GTOPO30 and shoreline informa- 
tion from GSHHS (Wessel and Smith 1996). Soundings from the French Service Hydro- 
graphique et Oceanographique de la Marine (SHOM) were also included, where they have 
been made available to the ZEPOLYF (Bonneville et al. 1995; Sichoix and Bonneville 1996) 
program (south of io° S latitude). 

Three separate small-scale grids were generated. The first contains data values only 
for grid nodes that are constrained by sonar bathymetry (Fig. 1.2) and provides an ex- 
cellent representation of the true sonar coverage given the very different swath widths 
of the various multibeam systems. The other two grids used different strategies to fill 
the remaining grid nodes. Figure 1.3 was based entirely on thin-plate spline interpola- 
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Fig. 1 .3. New depth compilation for French Polynesia. Gaps between soundings were filled with spline 
interpolation 
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tion (Smith and Wessel 1990), while the final grid (Fig. 1.4) used predicted bathymetry 
from satellite altimetry (Smith and Sandwell 1994), incorporating the bathymetry from 
this database for both the long and the short wavelengths. The spline grid has the ad- 
vantage of not including any data derived from gravity data, thus avoiding the prob- 
lems of circular arguments in using the bathymetry grid for scientific studies that use 
both bathymetry and gravity as independent constraints to derive physical properties 
of the crust and mantle. Studies of lithospheric flexure, lateral variations in sediment 
thickness, sub-crustal intrusions, and subsurface loading would all be examples of stud- 
ies that should not use bathymetry predicted from gravity. The spline grid is best in 
areas where ship track coverage is relatively dense, such as in the Society Islands. In 
other regions where gaps between the shiptracks can be on the order of 100 km 
(e.g., south of the Austral Islands), spline artifacts will degrade the utility of this grid 
for quantitative studies. In such areas, the predicted bathymetry grid (Fig. 1.4) provides 
the most accurate qualitative view of submarine features. 
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Fig. 1 .4. New depth compilation for French Polynesia. Gaps between soundings were filled with depth 
predicted from satellite altimetry. In order to get a smooth blending between the two different data sets, 
their difference has been gridded (i.e., low-pass filtered) and then added to the predicted depth grid 
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There are a few artifacts seen in the grid that are emphasized by the illumination scheme 
used in Fig. 1.4. Most obvious is the pervasive “ringing” in the predicted bathymetry, where 
it is used to interpolate between ship soundings. This noise, with an average amplitude 
of ~ioo-200 m and spectral peak at -50 km, is a side-lobe effect in the filtering scheme 
used to convert satellite altimetry to predicted bathymetry (Smith and Sandwell 1994). 
Other filtering schemes to suppress this noise would negatively impact the ability of the 
predicted bathymetry to resolve the positions and amplitudes of uncharted seamounts, 
and therefore this noise is tolerated. 

A second type of artifact is a noticeable edge at the boundary between swaths of multi- 
beam bathymetry and the base map. This effect is caused by local deviations between the 
multibeam depth and the regional average depth determined in the prediction scheme. 
The effect is enhanced by the differing resolutions inside versus outside the swaths. 

In addition to viewing the sea-floor morphology of all of French Polynesia, this multi- 
beam database allows us to grid the data on more local scales for a variety of purposes. 
For example, for small-scale morphological studies of seamounts and tectonic fabric, cus- 
tom grids can be efficiently created at fine scale, because the database automatically reads 
only those files with soundings within the specified area of interest. The grids presented 
here are available via anonymous ftp from the server at ftp://ftp.mbari.org/pub/Polynesia. 



1.3 

Sea-floor Morphology in French Polynesia 

Sea-floor depths in French Polynesia provide an excellent view of the morphology of 
the basaltic basement rocks on account of the low level of sedimentation, except lo- 
cally near islands and shallow banks. For this reason, the bathymetry of French 
Polynesia has inspired a number of interpretations of sea-floor depth, ranging from 
regional studies of depth anomalies to fine-scale investigations of sea-floor fabric. 



1.3.1 

Bathymetric Expression of the Superswell 

McNutt and Fischer (McNutt and Fischer 1987) first used the term “Superswell” to refer 
to the area in the south-central Pacific, largely coincident with French Polynesia, where 
the sea floor is several hundred meters to more than a kilometer shallower than typical 
for sea floor of the same geologic age elsewhere in the world’s oceans. They noted that this 
area is also underlain by slow seismic velocities in the uppermost mantle (Nishimura and 
Forsyth 1985), has experienced an unusual volume of off-ridge volcanic activity, subsides 
more slowly than the global norm (Marty and Cazenave 1989), and appears to have an un- 
usually weak lithospheric plate for its age at the time of volcanic loading based on flex- 
ure analysis (Calmant and Cazenave 1987). They argued that the South Pacific Superswell 
might have been unusually shallow for 100 million years or more, based on the fact that 
plate reconstructions place Menard’s (1964) “Darwin Rise” over the same area of the 
mantle in the mid-Cretaceous. Menard had inferred a shallow depth for the Darwin Rise 
sea floor, currently located in the northwest Pacific, based on the elevation of the wave- 
cut summits of drowned former islands (guyots) above the surrounding sea floor. 

McNutt and Judge (1990) identified an additional unusual feature of the Superswell: 
a geoid low corresponding to the topographic high. Cazenave and Thoraval (1993, 1994) 
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demonstrated that the seismic velocity anomalies in the upper mantle, geoid, and depth 
anomalies over the Superswell are all correlated at degree 6 spherical harmonic. Theo- 
retical modeling at both labs demonstrated that the distinctive geoid/topography re- 
lationship of the Superswell could be explained by a broad dynamic upwelling of hot 
mantle material in a shallow low- viscosity zone beneath the region. However, the ther- 
mal anomaly in the upper mantle would not explain the unusually low values for elas- 
tic plate thickness reported for Superswell lithosphere (McNutt and Judge 1990). There- 
fore, any weakening of the elastic plate must be local to the island chains. 

Levitt and Sandwell (1996) later questioned the existence of the South Pacific Super- 
swell based on a modal analysis of newly collected multibeam bathymetry data from sea 
floor aged 15 to 35 Ma east of the French Polynesian hotspots. Their soundings were sys- 
tematically deeper than the depths indicated in the older ETOPO5 gridded database (NGDC 
1988) that had been used in the early studies to quantify the depth anomaly, leading 
them to question whether the Superswell might be an artifact of bad data. McNutt et al. 
(1996) re-examined the evidence for a large, regional depth anomaly spanning French 
Polynesia, confining the analysis to actual ship soundings. Their modal depth demon- 
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Fig. 1.5. Contour map of the mode of the depth/age relation for French Polynesia. The contour lines 
show the number of 0.1 x 0.1 degree latitude/longitude bins containing an original ship sounding 
that falls within each 100 m interval of depth and 2 Myr interval of age. Out of a total of 90 601 lati- 
tude/longitude bins, only about one third contain a ship sounding. Contour interval is 20 values be- 
ginning at 20 . Shading represents the density of ETOPO5 values in the same bins, with contour inter- 
val 200 values starting at 100 (from McNutt et al. 1996 ) 
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strated remarkable agreement between the most up-to-date compilation of ship sound- 
ings and ETOPO5 in the depth/age relationship in French Polynesia, even though the 
number of ship soundings had increased fivefold since the release of ETOPO5 (Fig. 1.5). 

The studies by Levitt and Sandwell (1996) and McNutt et al. (1996) highlight the impor- 
tance of using actual depth soundings, rather than interpolated or predicted depths, in iso- 
lating depth anomalies. The new bathymetric map presented in Fig. 1.2 is based on a slightly 
augmented data set compared with what was available to McNutt et al. (1996) at the time, 
but it confirms the same general features of the Superswell. The depth anomaly grows from 
about 250 m on 30 Ma sea floor to approximately 1 000 m on 70-80 Ma lithosphere. 



1 . 3.2 

Midplate Swells 

Broad (500-1000 km) areas of elevated (500-2000 m) sea floor typically surround 
regions of active intraplate volcanism (Crough 1978a, b, 1983). On account of their as- 
sociation with hotspots, these midplate swells have generally been interpreted as ther- 
mal in origin, either caused by altering the thickness/temperature in the lithosphere 
surrounding the hotspot (Detrick and Crough 1978; Detrick et al. 1981; McNutt and 
Judge 1990; McNutt 1987; Menard and McNutt 1982) or by the thermal buoyancy of a 
plume (Courtney and White 1986; Robinson and Parsons 1988a). One key observation 
in support of models that place at least some of the compensation for the swell as shal- 
low as the mid to lower lithosphere is the ratio of the geoid anomaly to the depth 
anomaly, and thus accurate digital bathymetry maps have been important for con- 
straining the origin of midplate swells. 

In their broad survey of the heights and geoid-to-topography ratios of swells glo- 
bally, Monnereau and Cazenave (1990) found that swell height increases and the geoid- 
to-topography ratio increases as the age of the lithosphere increases. Simple interpre- 
tation of the ratio in terms of a dipole compensation model would place the mass deficit 
supporting the swell in the mid to lower lithosphere, in apparent agreement with the 
lithospheric reheating model for midplate swells. However, theoretical models with 
realistic physical parameters had difficulty explaining the rapid rise time of midplate 
swells on account of the low coefficient for thermal conduction of the lithosphere. In 
comparison, swells surrounding hotspots in the South Pacific are generally smaller 
and have lower geoid-to-topography ratios than the global norm for hotspots elsewhere 
on lithosphere of the same age (Fig. 1.6), and therefore even shallower apparent com- 
pensation depths. Thus, the difficulty in supplying enough heat at shallow enough 
depth in the lithosphere to explain the low geoid-to-topography ratios is even more 
pronounced for the hotspots of the South Pacific. 

More recent investigations have pointed out that melting models would predict a chemi- 
cal component to swell relief as well as a thermal component (Jordan 1979). The extrac- 
tion of a basaltic melt from more fertile mantle leaves a residuum depleted in aluminum 
and other elements that form the dense mineral garnet below 40-60 km depth. Therefore, 
the residuum is lighter than the undepleted mantle, potentially providing buoyancy to 
support a midplate swell depending on the viscosity and dynamic evolution of the depleted 
layer. For example, the depleted residuum might flow within the lower lithosphere to widths 
of hundreds of kilometers around the site of surface volcanism, thus matching the width 
of midplate swells (Phipps Morgan et al. 1995). On the other hand, it could spread more 





Fig. 1.6. Geoid-to-topography ratios as a function of age computed from swell height and geoid anomaly 
over hotspot swells. The solid line is the best fitting square root of age function. Note that all of the ex- 
amples from the South Pacific such as Easter (EAS), Pitcairn (PIT), Marquesas (MAR), and Society (SOC) 
fall below the global trend, with the exception of Tubuai (TUB) (from Monnereau and Cazenave 1990) 

uniformly over an even larger region, potentially halting the square-root-of-age subsid- 
ence of old oceanic lithosphere, particularly in the western Pacific. One advantage of pro- 
viding at least a portion of the compensation for swell by chemical depletion is that it would 
have a shallow source, thus explaining the low geoid-to-topography ratios for swells with- 
out requiring substantial reheating of the lithosphere. 

The observation from seismic reflection and tomographic studies that the crust 
immediately beneath several island chains is underlain by a presumably magmatic body 
lighter than the surrounding mantle offers another source for the buoyancy of swells. 
McNutt and Bonneville (2000) demonstrated that a seismically imaged body under- 
plating the Marquesas Islands (Caress et al. 1995 ) has sufficient buoyancy to explain 
both the depth and the geoid anomaly over the Marquesas swell (Fig. 1.7). Bonneville 
and McNutt (to be published) are applying this same approach on the new bathymet- 
ric data from this paper to show that the Society and Austral swells could also have a 
similar origin, although the seismic tomography data for those island chains is not of 
sufficient quality to determine whether such underplating indeed exists. These recent 
investigations point out the importance of correcting for all shallower sources of anoma- 
lous crustal structure before attributing the rise of midplate swells to deeper sources. 



1 . 3.3 

Plate Boundary Features 



The new bathymetric map for French Polynesia displays a number of features that 
record the history of plate boundaries in the South Pacific: fracture zones, abyssal hill 
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Fig. 1.7. Model for the Marquesas swell based on geophysical data from a line through the center of 
the chain. Only that portion of the bathymetric load above the swell is supported by elastic flexure. 
The swell itself is compensated by underplating. The shape of the underplating is consistent with 
seismic refraction data, and the depth of the moat agrees with seismic reflection data. Depths to the 
top of the swell, the top of the oceanic crust, the bottom of the oceanic crust, and the bottom of the 
underplating are indicated by zs, ztc, zbcy and zm, respectively. The small geoid-to-topography ratio 
results from the fact that the compensation for the swell is chemical rather than thermal and is in- 
deed shallow (from McNutt and Bonneville 2000 ) 

fabric, and the ancient traces of triple junctions and propagating rifts. Because some 
of the sea floor in this region was created during the Cretaceous superchron, such 
bathymetric features provide crucial evidence for past relative plate motions. Using 
actual bathymetry provides a substantial improvement over tectonic studies based on 
satellite altimetry (Okal and Cazenave 1985) on account of the higher resolution in 
sonar data and the fact that many of the plate boundary features are nearly isostati- 
cally compensated, and thus they have only a small signature in the altimetric geoid. 
For example, Kuykendal et al. (1994) used high-resolution, digitized locations of the 
Marquesas fracture zone from multibeam sonar to detect two subtle but important 
changes in Pacific-Farallon plate motion, the earlier one at 65-85 Ma (large uncertainty 
on account of lack of magnetic isochrons) and the more recent one between 33 and 
37 Ma. The Pacific-Farallon ridge responded to a major change in the pole of rotation 
at about 50 Ma through the creation of a propagating rift, the trace of which has also 
been detected and interpreted in this data set (Cande and Haxby 1991; Jordahl et al. 
1997; Jordahl et al. 1998). 

Fracture zones have also been proposed as potential indicators of the strength of 
lithospheric plates by observing the magnitude of flexure that develops across frac- 
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ture zones as the opposing plates subside at different rates depending on the age dif- 
ference across the fault (Sandwell and Schubert 1982). Most studies have relied on geoid 
profiles recovered from satellite altimetry to determine the flexural signal from a locked 
fault (Sandwell 1984; Sandwell and Schubert 1982; Wessel and Haxby 1990). However, 
a detailed study of the bathymetry along the large-offset Marquesas Fracture Zone 
(Jordahl et al. 1995) demonstrated that conclusions drawn from geoid studies alone 
can be in error, particularly if the section of the fracture zone being used was inside 
the active section of the transform fault during a time when the pole of rotation was 
shifting. In that case, the fine-scale details concerning the formation of intra-trans- 
form relay zones and propagating rifts as the transform adjusts to a new direction of 
spreading are not observed in the smooth geoid data. Estimates of the fault strength 
based on geoid analysis incorrectly indicate a weak fault unless high-resolution 
bathymetry data are available to sort out the details of transform adjustments. The 
new map presented in Fig. 1.2 includes some high-resolution crossings of the Austral 
Fracture Zone that could be useful for this sort of study. 

1.3.4 

Off-Ridge Features 

One of the most distinguishing features of the Pacific Plate in the region of Polynesia is 
the large volume of off-ridge volcanism in forms ranging from linear, age progressive 
chains of large islands and seamounts (Duncan and McDougall 1974; Duncan and 
McDougall 1976; Bonneville et al. 2002) to discontinuous subparallel ridges (Sandwell 
et al. 1995; Winterer and Sandwell 1987) to an unusually large number of isolated sea- 
mounts (Bemis and Smith 1993). The pattern of volcanism is far from random even on 
casual inspection. Clearly the new map presented here, by displaying what has been 
observed for small-scale features within the large framework, has great potential for 
leading to new insights on what process or processes have led to this large volume of 
off-ridge volcanism and whether properties associated with the lithosphere (e.g., thick- 
ness, rigidity, state of stress, pre-existing fabric, etc.) have interacted with the melt source 
to create the variety of volcanic expressions (ten Brink 1991; Vogt 1974). 

High-resolution bathymetry reveals a variety of morphologies amongst the Poly- 
nesian volcanoes. The most common morphology is a circular or oval seamount with 
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Fig. 1 .8. Bathymetry of the Taukina Seamount chain in the south Austral region. The Taukina Seamounts 
are flat-topped, steep sided cones, 6-10 km in diameter and 1000-1500 m high. The Hydrosweep DS 
multibeam bathymetry is shown using a 100 m grid interval and shading by slope magnitude 
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Fig. 1 .9. Bathymetry of Mac- 
donald Seamount in the south 
Austral region. This volcanically 
active seamount rises 3 000 m 
above the surrounding sea floor. 
The SeaBeam and Hydrosweep DS 
multibeam bathymetry is shown 
using a 100 m grid interval and 
shading by slope magnitude 




Fig. 1.10. Guyot Zepi7 in the Tarava 
Seamounts south of the Society 
Islands is another example of a rift 
zone volcano (Clouard et al. 2003). 
The Simrad EM12D multibeam 
bathymetry is shown using a 100 m 
grid interval and shading by slope 
magnitude 
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Fig. 1.11. Bathymetry of a segment of the Puka Puka Chain (Sandwell et al. 1995 ). These volcanic ridges 
are clearly constructed by the superposition of many small, flat-topped volcanic cones. The SeaBeam 
multibeam bathymetry is shown using a 100 m grid interval and shading by slope magnitude 
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Fig. 1.12. a Bathymetry of a segment of the Va’a Tau Piti Ridges near Tahiti (Clouard et al. 2003). These 
volcanic ridges are clearly constructed by the superposition of many small, flat-topped volcanic cones. The 
Simrad EM12D, Hydrosweep DS and SeaBeam multibeam bathymetry is shown using a 100 m grid interval 
and shading by slope magnitude, b Detail of volcanic morphology of ridges in region shown by box in a 

steep sides and flat tops, often with a prominent caldera (Scheirer et al. 1996). Most of 
the smaller seamounts have this form. Figure 1.8 shows examples from the Taukina Chain 
in the south Austral region that are 6-10 km across and 1 000-1 500 m high. 

Many of the larger volcanoes develop linear zones of weakness emanating from a 
central peak. The tendency for magma to migrate along and erupt from these rift zones 
produces prominent radial ridges (Binard et al. 1991; see Sect. 5.1). Two fully mapped 
examples of these rift zone volcanoes are shown here: the Macdonald Seamount of 
the south Austral Chain in Fig. 1.9 (McNutt et al. 1997) and Guyot Zepi7 in the Tarava 
Seamounts south of the Society Islands (Clouard et al. 2003) in Fig. 1.10. 

Figures 1.2-1.4 show that en echelon volcanic ridges are also quite common in 
Polynesia. These ridges have been mapped in detail in the Puka Puka Chain (Fig. 1.11) 
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Fig. 1 .1 3. a Bathymetry of the Ngatemato Seamount chain in the south Austral region. The Ngatemato 
Chain is mostly constructed of many small cones, like the Puka Puka and Va’a Tau Piti Ridges, but 
also includes some large, flat-topped edifices. The Hydrosweep DS, SeaBeam and Simrad EM 12 D 
multibeam bathymetry is shown using a 100 m grid interval and shading by slope magnitude; b detail 
of volcanic morphology of ridges in region shown by box in a 

(Sandwell et al. 1995), the Austral Islands (McNutt et al. 1997) and the Va’a Tau Piti Ridges 
near Tahiti (Clouard et al. 2003), as seen in Fig. 1.12a, b. These ridges have generally been 
formed on young (<20 Ma) lithosphere and span scales from tens to hundreds of kilo- 
meters, possibly including entire island chains (e.g., the Tuamotu). High-resolution 
bathymetry reveals that these ridges are actually constructed of many small, flat-topped 
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Fig. 1 .14. Flexural modeling of lithospheric loading at two distinct times near Macdonald Seamount; 
a cross section showing load from older, near-ridge volcano erupting at 35 Ma; b net bathymetric 
profile resulting after load is compensated by flexure of a weak elastic plate; c smaller Macdonald 
Volcano erupts in the present; d net bathymetric profile after stiffer plate flexes to compensate the 
new, young load; e comparison of simple model bathymetry to multibeam data from the southern 
Austral Islands; f comparison of model gravity anomaly to the observed. From McNutt et al. (1997) 
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volcanic cones superimposed on one another (Fig. i.n-i.i3a and 1.13b). Apparently, these 
features are formed by a large number of discrete, small volcanoes forming in close prox- 
imity, presumably over a long period of time. The ridges that have been sampled and 
dated (Winterer and Sandwell 1997) show no evidence for a linear age progression along 
the feature and thus cannot be explained as hotspot features. The lack of age progres- 
sion and the large-scale en echelon morphology suggests that these ridges result from 
lithospheric fractures that either tap ubiquitous upper mantle melt in the region or 
generate local decompression melting (Winterer and Sandwell 1997). Recent geochemi- 
cal analyses also indicate that the Puka Puka lavas originated from the shallow upper 
mantle rather than from a hotspot (Janney et al. 2000). The morphological similarity 
of these en echelon ridge systems at both small and large scales suggests they may share 
a common origin. 

High quality bathymetric data has also proved critical to calibrating the elastic thick- 
ness of the lithosphere (Filmer et al. 1993). As a good example, an initial estimate of 
the effective elastic plate thickness of Macdonald Seamount was 0 km (Calmant 1987; 
Calmant and Cazenave 1986), which is unexpectedly low considering that it is an ac- 
tive volcano resting on 43 Ma lithosphere. However, higher-resolution bathymetric 
surveys undertaken in the region of the Austral Islands demonstrated that Macdonald 
has recently erupted in the region of much older volcanoes (McNutt et al. 1997). The 
gravity signal used to calibrate the plate stiffness was measuring an average of the very 
low elastic thickness associated with the older volcanoes that erupted near the spread- 
ing center and the current, larger elastic thickness (15 km) associated with Macdonald 
(Fig. 1.14). While retaining the resolution of the multibeam data embedded in the con- 
text of the spline interpolation and single-beam sonar data, the new map presented in 
Fig. 1.3 should prove very useful for flexure studies. 

Detailed analysis of multibeam bathymetry of the sea floor around Society and 
Austral Islands has also shown evidence of more than thirty-six submarine landslides 
(see Sect. 6.2.2 and 6.7). This inventory shows an evolution of the landslide type with 
the age of oceanic islands. Submarine active volcanoes are subject to superficial land- 
slides of fragmental material, whereas young islands exhibit marks of mass wasting 
corresponding to giant lateral collapses due to debris-producing avalanches that oc- 
curred during the period of volcanic activity. 



1.4 

Conclusions 

Bathymetric observations form the basis of nearly all geological, geophysical, and geo- 
morphological studies of the sea floor. Unfortunately, we lack high quality bathym- 
etry for vast areas of the sea floor, including most of French Polynesia. What data do 
exist are generally of uneven quality in terms of accuracy, resolution, and navigation. 
Furthermore, until now, there has not been one source of bathymetry data for French 
Polynesia that is comprehensive and in a common format. In producing the new data 
base and maps presented here, we have attempted to retain the information content 
in the original soundings, while still presenting the data at a large enough scale to be 
useful for regional synthesis. Our goal is to stimulate more studies of the sea floor of 
French Polynesia by making the highest quality data readily available. 




26 K. Jordahl • D. Caress • M. McNutt • A. Bonneville 



Acknowledgements 

The data synthesis efforts of Jordahl, Caress, and McNutt have been supported by the 
Packard Foundation. Development and support of MB-System is supported by the 
National Science Foundation and the Packard Foundation. Part of the database has 
been made available by the ZEPOLYF program funded by the French government and 
by the local government of French Polynesia. The authors particularly wish to acknowl- 
edge the work of all the scientists and crews involved in the expeditions that collected 
the data presented in this study. 

References 



Auzende JM, Bonneville A, Grandperrin R, Le Visage C (1997) Les programmes ZoNeCo et ZEPOLYF: 
Inventaire des zones economiques des Territoires Fran^ais du Pacifique, Marine Benthic Habitats. 
ORSTOM/IFREMER, Noumea, pp 8 

Bemis KG, Smith DK (1993) Production of small volcanoes in the Superswell region of the South 
Pacific. Earth Planet Sc Lett 118:251-262 

Binard N, Hekinian R, Cheminee JL, Searle RC, Stoffers P (1991) Morphological and structural studies 
of the Society and Austral hotspot regions in the South Pacific. Tectonophysics i86(3~4):293-312 

Bonneville A, Le Suave R, Audin L, Clouard V, Dosso L, Gillot PY, Hildenbrand A, Janney P, Jordahl K, 
Keitapu M (2002) Arago Seamount: The Missing Hot Spot found in the Austral Islands. Geology 
30:1023-1026 

Calmant S (1987) The elastic thickness of the lithosphere in the Pacific Ocean. Earth Planet Sc Lett 
85:277-288 

Calmant S, Cazenave A (1986) The effective elastic lithosphere under the Cook Austral and Society 
Islands. Earth Planet Sc Lett 77:187-202 

Calmant S, Cazenave A (1987) Anomalous elastic thickness of the oceanic lithosphere in the South 
Central Pacific. Nature 328:236-238 

Cande SC, Haxby WF (1991) Eocene propagating rifts in the southwest Pacific and their conjugate 
features on the Nazca plate. J Geophys Res 96:19609-19622 

Caress DW, Chayes DN (1996) Improved processing of Hydrosweep DS multibeam data on the R/V 
Maurice Ewing. Mar Geophys Res 18:631-650 

Caress DW, McNutt MK, Detrick RS, Mutter JC (1995) Seismic imaging of hotspot-related crustal 
underplating beneath the Marquesas Islands. Nature 373:600-603 

Cazenave A, Thoraval C (1993) Degree 6 upper mantle tomography and the south Pacific superswell. 
Earth Planet Sc Lett 57:63-74 

Cazenave A, Thoraval C (1994) Mantle dynamics constrained by degree 6 surface topography, seismic 
tomography and geoid: Inference on the origin of the South Pacific Superswell. Earth Planet Sc 
Lett 122:297-219 

Clouard V, Bonneville A, Gillot PY (2003) The Tarava Seamounts: A newly characterized hotspot chain 
on the South Pacific Superswell. Earth Planet Sc Lett 207(i-4):ii7-i30 

Courtney RC, White RS (1986) Anomalous heat flow and geoid across the Cape Verde Rise; Evidence 
for dynamic support from a thermal plume in the mantle. Geophys J Roy Astron Soc 87:815-867 

Crough ST (1978a) Thermal origin of mid-plate hotspot swells. Geophys J Roy Astron Soc 55:451-469 

Crough ST (1978b) Thermal origin of mid-plate, hot-spot swells. Eos Transactions American Geo- 
physical Union 59(4), PP 270 

Crough ST (1983) Hotspot swells. Annu Rev Earth Planet Sc Lett 11:165-193 

Detrick RS, Crough ST (1978) Island subsidence, hotspots, and lithospheric thinning. J Geophys Res 
83:1236-1244 

Detrick RS, Von Herzen RP, Crough ST, Epp D, Fehn U (1981) Heat flow on the Hawaiian swell and 
lithospheric reheating. Nature 292:142-143 

Duncan RA, McDougall I (1974) Migration of volcanism with time in the Marquesas Islands, French 
Polynesia. Earth Planet Sc Lett 21:414-420 

Duncan RA, McDougall I (1976) Linear volcanism in French Polynesia. J Volcanol Geotherm Res 1: 
197-227 

Filmer PE, McNutt MK, Wolfe CJ (1993) Elastic thickness of the lithosphere in the Marquesas and 
Society Islands. ] Geophys Res B 98:19565-19577 




Chapter 1 • Sea-Floor Topography and Morphology of the Superswell Region 27 



Janney PE, Macdougall JD, Natland JH, Lynch MA (2000) Geochemical evidence from the Pukapuka 
Volcanic ridge system for a shallow enriched mantle domain beneath the South Pacific Superswell, 
Earth Planet Sc Lett 181:47-60 

Jordan TH (1979) Mineralogies, densities, and seismic velocities of garnet lherzolites and their geo- 
physical implications. The Mantle sample: Inclusions in Kimberlites and other volcanics 2:1-14 
Jordahl K, McNutt MK, Webb HW, Kruse SE, Kuykendall MG (1995) Why there are no earthquakes on 
the Marquesas Fracture Zone. J Geophys Res 100:24431-24447 
Jordahl K, McNutt M, Buhl P (1997) Volcanism in the southern Austral Islands; time history, tectonic con- 
trol, and large landslide events. Eos Transactions American Geophysical Union 78(46) Suppl, pp 720 
Jordahl KA, McNutt M, Zorn H (1998) Pacific-Farallon relative motion 42-59 Ma determined from 
magnetic and tectonic data from the southern Austral Islands. Geophys Res Lett 25:2869-2872 
Kuykendall MG, Kruse SE, McNutt MK (1994) The effect of changes in plate motions on the shape of 
the Marquesas Fracture Zone. Geophys Res Lett 21:2845-2848 
Levitt DA, Sandwell DT (1996) Modal depth anomalies from multibeam data bathymetry: Is there a 
South Pacific Superswell? Earth Planet Sc Lett 139:1-16 
Marty JC, Cazenave A (1989) Regional variations in subsidence rate of oceanic plates: A global analy- 
sis. Earth Planet Sc Lett 94:301-315 

McNutt MK (1987) Temperature beneath the midplate swells: the inverse problem. In: Keating B, Fryer P, 
Batiza R, Boethlert G (eds) Seamounts, islands and atolls. Geophys Monogr AGU, pp 123-132 
McNutt MK (1998) Superswells. Rev Geophys 36:211-244 

McNutt MK, Bonneville A (2000) A shallow, chemical origin for the Marquesas swell. Geochemistry 
Geophysics Geosystems 1 

McNutt MK, Fischer KM (1987) The south Pacific Superswell. In: Keating B, Fryer P, Batiza R, Boethlert G 
(eds) Seamounts, islands and atolls. Geophys Monogr AGU, pp 25-34 
McNutt MK, Judge AV (1990) The superswell and mantle dynamics beneath the south Pacific. Science 

248:969-975 

McNutt MK, Sichoix L, Bonneville A (1996) Modals depths from shipboard bathymetry: There IS a 
South Pacific Superswell. Geophys Res Lett 23:3397-3400 
McNutt MK, Caress DW, Reynolds J, Jordahl KA, Duncan RA (1997) Failure of plume theory to ex- 
plain midplate volcanism in the Southern Austral Islands. Nature 389:479-482 
Menard HW (1964) Marine geology of the Pacific. International series in the earth sciences. McGraw- 
Hill, New York, pp 271 

Menard HW, McNutt MK (1982) Evidence and consequence of thermal rejuvenation. J Geophys Res 
87:857 

Monnereau M, Cazenave A (1990) Depth and geoid anomalies over oceanic hotspot swells: A global 
survey. J Geophys Res 95:15429-15438 

N.G.D.C. (1988) National Geophysics Data Center, ETOPO5 bathymetry/topography data. Data announc. 
88-MGG-02. National Oceanic and Atmospheric Administration, U.S. Department of Commerce, 
Boulder, CO 

Nishimura CE, Forsyth DW (1985) Anomalous Love-wave phase velocitieis in the Pacific: Sequential 
pure-path and spherical harmonic inversion. Geophysical J Roy Astronom Soc 81:389-407 
Okal EA, Cazenave J (1985) A model for the plate tectonic evolution of the east-central Pacific based 
on Seasat investigations. Earth Planet Sc Lett 72:99-116 
Phipps MJ, Morgan WJ, Price E (1995) Hotspot melting generates both hotspot volcanism and hotspot 
swell? J Geophys Res 100:8045-8062 

Robinson EM, Parsons B (1988a) Effect of a shallow low-viscosity zone on the formation of midplate 
swells. J Geophys Res 93:3144-3156 

Sandwell DT (1984) Thermomechanical evolution of oceanic fracture zones. J Geophys Res 95 89: 
11401-11413 

Sandwell DT, Schubert G (1982) Lithospheric flexure at fracture zones. J Geophys Res 95 89:4657-4667 
Sandwell DT, et al. (1995) Evidence for diffuse extension of the Pacific plate from Pukapuka Ridges 
and Cross-Grain gravity lineations. J Geophys Res 95 100:15087-15099 
Scheirer DS, Macdonald KC, Forsyth DW, Shen Y (1996) Abundant seamounts of the Rano Rahi Sea- 
mount field near the Southern East Pacific Rise, 15 degrees S to 19 degrees S. Marine Geophys Res 
18:13-52 

Sichoix L, Bonneville A (1996) Prediction of bathymetry in French Polynesia constrained by ship- 
board data. Geophys Res Lett 23:2469-2472 

Smith WHF, Sandwell DT (1994) Bathymetric prediction from dense satellite altimetry and sparse 
shipboard bathymetry. J Geophys Res 95 99:21803-21824 
Smith WHF, Wessel P (1990) Gridding with continuous curvature splines in tension. Geophysics 55: 
293-305 




28 K. Jordahl • D. Caress • M. McNutt • A. Bonneville 



ten Brink US (1991) Volcano spacing and plate rigidity. Geology 19:397-400 

Vogt PR (1974) Volcano spacing, fractures, and thickness of the lithosphere. Earth Planet Sc Lett 21: 
235-252 

Wessel P (2002) GMT Geoware CD-ROM vol. 1 version 1.2 

Wessel P, Haxby WF (1990) Thermal stresses, differential subsidence, and flexure at oceanic fracture 
zones. J Geophys Res 95:375-391 

Wessel P, Smith WHF (1996) A global self-consistent, hierarchical, high-resolution shoreline data- 
base. J Geophys Res 101:8741-8743 

Winterer EL, Sandwell DT (1987) Evidence from en-echelon crossgrain ridges for tensional cracks in 
the Pacific plate. Nature 329:534-537 

ZEPOLYF (1996a) Exploration de la zone Economique de Polynesie Fran^aise. Universite du Pacifique 
- SMA - Ifremer - Ostom - Shorn, Papeete - Tahiti 

ZEPOLYF (1996b) Rapport de mission de la campagne ZEPOLYF-i. Universite Fran^aise du Pacifique 
and IFREMER, Papeete - Tahiti 




Chapter 2 



Seismicity of the Society and Austral Hotspots 
in the South Pacific: Seismic Detection, Monitoring 
and Interpretation of Underwater Volcanism 

J. Talandier 



2.1 

Introduction 

Since the oceanic column provides an optical, thermal, and to a large extent, chemical 
shield for the remote sensing of the planet’s surface, careful monitoring of seismic 
activity on the ocean floor remains one of the few methods of studying submarine 
volcanic activity. This line of research goes back to more than fifty years ago, when 
based on a suggestion of Ewing et al. (1946), Dietz and Sheehy (1954) obtained a de- 
tailed history of the 1952 eruption of the Myojin Volcano, south of Japan, using 
teleseismic T waves propagated in the oceanic column over a distance of 8 600 km to 
a receiving array on the California coastline. 

However, this type of research is difficult due to a number of problems generally 
connected with the remote character of the underwater environment. Since the begin- 
ning, no permanent ocean-bottom seismographs have been deployed in oceanic ba- 
sins (intraplate regions); therefore, all recording must be done using island stations. 
Unfortunately, islands that are equipped with instruments are few, and their seismic 
noise characteristics are generally poor, which results in a limited coverage and me- 
diocre detection and location capabilities. Furthermore, the logistics and costs of sea- 
going expeditions prohibit the rapid deployment of portable arrays over the epicentral 
area of a recognized shock, a procedure routinely carried out on land. Finally, the scar- 
city of detailed bathymetry of ocean basins further inhibits geological interpretation. 

The Polynesian Seismic Network (Reseau Sismique Polynesien, RSP) constitutes a no- 
table exception to the generally unfavorable conditions described above for other regions 
of the world’s oceans. The RSP is a wide-aperture seismic network centered in Tahiti and 
especially instrumented to provide detection characteristics comparable to those of the 
best continental sites. The routine magnifications for the seismic displacements are 125 000 
at 1 Hz, and reach 2 x 10 6 at 3 Hz. This network has been previously described in a number 
of papers (Talandier and Kuster 1976; Okal et al. 1980; Talandier 1993). Its location on the 
Polynesian Island chains is favorable for detecting oceanic underwater volcanism (Fig. 2.1). 

The present work includes a short review of the seismological methods used to 
identify volcanic sources on the ocean floor and provides examples drawn from over 
forty years of experience with the RSP in Polynesia. There is also a detailed look at 
the seismic and magmatic activity of the Mehetia/Teahitia and Macdonald Seamounts, 
which are respectively associated with the Society and Austral hotspots and which were 
directly monitored by the RSP network. The first two volcanoes are very close to the 
Tahiti seismic stations, whereas the Macdonald Seamount is further away; therefore, 
these two examples can clearly illustrate the different methods of detection and moni- 
toring of submarine volcano-seismic activity in an oceanic environment. 

R.Hekinian et al. (eds.), Oceanic Hotspots 
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Fi 9* 2.1 . Location map of the Polynesian Seismic Network (Reseau Sismique Polyn&ien = RSP) re- 
ceiving stations in French Polynesia. Inset indicates the general location of the area investigated 



2.2 

Seismic Waves Used 

Seismic detection of submarine volcanic activity makes use of three different kinds of seis- 
mic waves: (i) conventional seismic waves (mostly body waves) are individually separated 
in recordings as seismic phases and thus lead to the identification and location of indi- 
vidual seismic events (earthquakes); (ii) seismic tremor consists of signals of a ringing 
character that cannot be decomposed into individual events; and (Hi) T waves which are 
propagated in the oceanic SOFAR (SOund Fixing And Ranging) channel over distances 
that can be teleseismic in range. It goes without saying that not all types of waves are gen- 
erated by every phase of every submarine volcanic eruption; in addition, their differing 
propagation characteristics further affect their eventual detection by an island station. Fig- 
ure 2.2 presents typical examples of each kind of seismic wave as recorded by the RSR 

► 

Fig. 2 . 2 . a Example of small earthquakes from the 1985 swarm of the Teahitia Volcano recorded rou- 
tinely by the five stations of the Tahiti subarray (distances 40-100 km). The different phases (refer to 
distance, Pb and Sb, or Pn and Sn) are clearly visible. This type of event can be located accurately, 
b T wave recorded by the same network during an explosive event, which started on December 24, 
1980 on the Macdonald. Note the large amplitude at the station situated on the southern coast side of 
the source; c example of high-frequency harmonic tremor, continued noise of variable amplitude, as 
recorded by the same network during the 1985 Teahitia swarm; d example of high-frequency spas- 
modic tremor with repeated small earthquakes from the 1982 Teahitia swarm. Note the large ampli- 
tude at the Moorea station ( AFR ) located more 100 km from the source 
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Since conventional seismic waves (mostly body waves) can be individually sepa- 
rated in recordings as seismic phases, we can use them to enable the identification and 
location of the recorded events. The strongest earthquakes of a purely volcanic ori- 
gin, which are generally of low magnitude, are detected by sensitive seismic stations 
at regional distances of ten to hundreds of kilometers. The seismic waves that are used 
include direct P and S waves, which are propagated in the crust, and/or Pn and Sn waves, 
which are refracted at the Mohorovicic (Moho) discontinuity, depending on epicen- 
tral distance. In addition, high-frequency Rayleigh waves in the 1-2 s period range were 
occasionally recognized. 

Earthquakes due to volcanism have usually been interpreted as related to one of 
two mechanisms. During the initial phases of a volcanic episode, magma is forced 
upwards through a series of conduits. The increased pressure in the magma is trans- 
mitted to the country rock, and the resulting stress is released through a brittle frac- 
turing of the rock. This process obviously precedes the eruption of magma at the sur- 
face and forms the basis for the use of volcanic seismicity, which serves the purpose 
of forecasting eruptions of well-instrumented volcanoes (e.g., Kilauea, Mount St. 
Helens). These events can start as deep as 55 km (Eaton 1962; Butler 1982). After a 
major cycle of activity, the newly constructed volcanic edifice could become gravita- 
tionally unstable, and its mass tends to readjust itself through earthquakes. These 
events have occasionally been called ‘tectonic’ earthquakes (e.g., Klein 1982) in order 
to emphasize that they are not directly related to a magmatic process. Of course, 
they remain related to the presence and general activity of the volcano. This type of 
earthquake would include such phenomena as caldera collapses, and it is believed to 
represent isostatic compensation, which occasionally reaches very large magnitudes, 
such as in Hawaii. 

There are two limitations for the use of conventional seismological techniques 
in the study of underwater volcanic seismicity. Not all episodes of a volcanic crisis 
give rise to individually recognizable earthquakes. In particular, the eventual erup- 
tion of lava on the ocean floor can take the form of a relatively continuous phenom- 
enon, which may not be described properly as a succession of ‘earthquakes’. In 
addition, the capabilities of detecting earthquakes in the largest parts of the ocean 
basins are still very limited, and adequate uniform coverage exists only at the level 
of mb = 4.5. Experience acquired from volcanoes such as the Kilauea, Loihi or Teahitia 
has shown that very few, if any, of the events at these sites have attained this threshold 
during a pure volcanic episode. The fast opening Mid-Oceanic Ridges, conspicuously 
absent from the worldwide seismic maps, are another obvious example of under- 
water volcanism whose seismicity totally evades detection by presently available 
permanent networks. 

2.2.1 

Seismic Tremors 

Seismic tremors, related to the more or less continuous seismic agitation accom- 
panying some stages of magma ascent toward the surface, consist of continuous 
resonant signals that cannot be separated into individual events. These under- 
ground tremors, not to be confused with submarine noise (T waves), which will 
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be discussed below, are not detected at a distance of more than about 100 km. This 
is an upper limit for the combination of the most intense tremors and the existing 
capabilities of seismic sensing stations. The seismic tremors can be classified as 
either spasmodic tremors, with simultaneous bursts of small earthquakes, or as 
harmonic tremors, with a continued noise of high or low frequencies of fluctu- 
ating amplitude. 

The ‘high-frequency’ (-7 Hz) tremor has often been described as originating in the 
resonance of cracks opening in the rock under magmatic pressure (Aki et al. 1977). 
More recently, the role of the oscillation of the fluid body of magma itself inside the 
cracks was recognized, and it was suggested that harmonic tremor may be dominated 
by Rayleigh waves of so-called ‘long-period’ earthquakes, excited by such an oscilla- 
tion (Chouet 1985). These ‘long-period’ earthquakes are known to be significantly ex- 
cited by the so-called ‘B-type’ events (McNutt 1986). 

Low-frequency (~2 Hz) tremor has been reported at many subaerial sites in con- 
junction with the documented observation of the culminating phases of activity, in- 
volving deflation and volcanic fountaining (e.g., Einarsson and Brandsdottir 1984; 
McNutt and Harlow 1983). Thus, it is hypothesized that submarine eruptions were tak- 
ing place at the times when low-frequency tremor was recorded from Teahitia. How- 
ever, some low-frequency tremors have escaped detection, due to the relatively large 
distance from their sources to the recording stations. 

The interpretation of tremor activity in terms of eruptive processes of a volcanic 
edifice is made extremely difficult by the great variability of the tremor patterns among 
well-instrumented subaerial volcanoes. This probably reflects the fact that the mor- 
phology of the magma plumbing and the kinematics of ascension of the magma itself 
have no a priori reason for being similar under all volcanic edifices. As an example, at 
Kilauea in Hawaii, Aki and Koyanagi (1981) have correlated high-frequency tremor 
(about 7 Hz) with deep magma progression occurring weeks to months before the 
eruption. They have further observed an evolution in tremor frequency with time. In 
the Mehetia and Teahitia edifices, high-frequency tremor is clearly absent from the 
earliest phase of the 1982 earthquake activity, which is interpreted as being a deeper 
event. This high-frequency tremor seems to have started when the seismic activity 
became shallower and was observed accompanying the earthquake activity observed 
during the 1983, 1984 and 1985 swarms, which are unrelated to the episodes of deep 
seismicity present in 1981 and 1982. This is, of course, in clear contrast to the case of 
Kilauea. 

The main limitation for using tremor in order to monitor underwater volcanic ac- 
tivity is due to the tremors’ rapid attenuation with distance. They are not observed at 
Kilauea at distances greater than 50 km, and the fact that we do not observe any tremor 
for the Mehetia Volcano at the Tahiti station may be due to its attenuation over the 
120 km distance rather than to its absence at the source. In the marine environment, 
tremor has not been observed at distances greater than 90 km. At shorter distances, it 
can provide some insight into the level of magmatic activity or the eruptive process, 
which could be better monitored directly in the case of a subaerial volcano. Further- 
more, for edifices concealed under water, the interpretation of tremor on the basis of 
comparison with documented cases must take into account the extreme variability of 
the characteristics of individual volcanoes. 
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2.2.2 

T Waves 

Hydro-acoustic waves, called T waves, propagated at great distances in the ocean’s low- 
velocity SOFAR channel and recorded at seismic stations, provide another means for 
distant detection of volcano-seismic activity. Because of the guided nature of the T waves 
and their almost totally negligible anelastic attenuation in water, T waves can propagate 
over truly teleseismic distances, e.g., across the whole width of the Pacific Ocean, as long 
as no obstacle such as an island or seamount masks their path. A first category of T waves 
actually consists of submarine noise generated in the ocean at the lava/seawater interface. 
These waves originate directly from a degassing of lava and a possible vaporization of 
ambient water. As a result, they occur only for submarine eruptions at ocean depths less 
than 900 m. A second category of T waves consists of seismic waves that are converted into 
acoustic waves on a submarine slope near the epicenter. 

Volcanic earthquakes or magmatic phenomena generate T waves only under favorable 
conditions at the source. In attempting to use T waves to recognize underwater volcanism, 
it is important to record ‘magmatic ’ T waves that are not associated with earthquakes. In 
addition to this fundamental limitation at the source, the propagation (and hence recep- 
tion) of T waves can be affected by a masking of the wave’s path by a seamount or an is- 
land structure. A particular station or small-aperture array might be shielded from large 
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Fig. 2.3. Examples of T waves caused by a submarine eruption. The records from Mariana Islands, 
Loihi (Hawaii), and Macdonald Austral hotspots are shown. Top: The amplitude spectrum of the 
three recordings presented underneath is shown 
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epicentral areas. In conclusion, T waves can be most valuable for underwater volcano de- 
tection of shallow edifices located at a great distance from an array of hydrophones or is- 
land stations. This means of monitoring volcanoes is particularly important for the Pa- 
cific Ocean. Talandier and Okal (1998, 2001) have defined the identification criteria for 
sources of T waves and their ways and means of recording by seismic stations. 

The most spectacular example of teleseismic detection of underwater volcanism 
by T waves is undoubtedly the recording of the eruption at the Macdonald Seamount 
(29 0 S, 140° W) on May 29, 1967 (Norris and Johnson 1969), and the subsequent dis- 
covery of the seamount by R. H. Johnson on July 20, 1969 (Johnson 1970). Since then, 
activity of the Macdonald has been documented by the RSP. In addition to the moni- 
toring of Polynesian volcanoes, T waves of a volcanic origin are regularly received by 
the RSP from the following regions: Rumble Seamounts (north of New Zealand); Raoul 
Island (Kermadec); Monowaii Seamount (south of Tonga); Tori-Shima Island (south 
of Japan); Volcano, Bonin and Izu Island; Mariana Archipelago; Galapagos Islands; 
Hawaii; and Loihi. Other remarkable sources of volcanic origin detected by T waves 
are the monochromatic signals from the hydrothermalism of the Hollister ridge in the 
South Pacific Ocean (Talandier and Okal 1996). Examples of T waves recorded by the 
RSP for Macdonald, Mariana and Loihi Volcanoes are shown in Fig. 2.3. 



2.3 

Volcano-Seismic Activities on the Society Hotspot 

The volcano-seismic activity of the Society hotspot presently in its early stages of evolu- 
tion as well as in its next, insular form is discussed. The Society Islands are, after Ha- 
waii, the second best developed among the Pacific Ocean island chains. 

2.3.1 

Generalities and Chronological Events 

Multichannel bathymetry surveys performed by R/V J. CHARCOT, SONNE and 
L’ATALANTE indicate that the region of the Society hotspot includes about thirty sub- 
marine volcanic edifices ranging from 300 to 2900 m high (Fig. 2.4). The island of 
Mehetia located at the eastern tip of the hotspot is about 3.5 km high with a maximum 
elevation of 435 m above the sea level (see Sect, s.2.3.8) (Fig. 2.4). These edifices emerged 
from a regional swell or bulge located at a depth of 3 700-3 900 m and extending up to 
100 km in diameter. This bulge is made up of low hills that are not associated with the 
individual volcanoes, and the bulge is covered by slightly more than 50 cm of sediment 
thickness. The hotspot swell rises about 300-500 m above the level of the neighboring 
deep ocean floor. Beyond this swell, the old oceanic crust is characterized by a sedi- 
ment thickness of more than 20 m and by fault escarpments (Cheminee et al. 1989). 

The volcanic complex of the Society archipelago hotspot is similar to the volcanoes 
of Mauna Loa, Kilauea and Loihi, which form a triangle of 50-60 km on each side, and 
which are contemporary evidence of the Hawaiian hotspot. However, a major differ- 
ence between the Society and Hawaiian Islands is that the largest island of the Society 
Chain, Tahiti, is presently inactive, strongly eroded and fringed by a coral reef. On the 
other hand, the easternmost island in the chain, Mehetia, located about 130 km east of 
Tahiti, is an extremely small and steep cone, where no recent coral barrier has devel- 
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Fig. 2.4. The overall seismicity of the Society hotspot lasted for a quarter of a century, from July 1967 
to March 1990 . There is a sharp contrast between the relatively older edifices (Tairapu, Tahiti and 
Moorea), which are more or less consolidated and almost aseismic, and the more recent active volca- 
noes of the bulge area. However, there is a residual seismicity at the south of Tahiti and Tairapu, 
which suggests the presence of residual tectonic constraints in this area 



oped. Thus, it is likely that the hotspot is presently in the early process of building the 
next island in the chain. The Society Islands and the hotspot area offer a rather unique 
opportunity to look at the transitional period preceding the building of a new major 
volcanic edifice. This episode is comparable to the early genesis of the island of Ha- 
waii, about one million years ago. Mehetia’s situation is also somewhat reminiscent of 
the Loihi Seamount, southeast of Hawaii. 

During the last forty years, a systematic study of the seismic activity in the imme- 
diate vicinity of Tahiti was made possible thanks to the high-gain short-period sta- 
tions of the Polynesian Seismic Network on Tahiti, Moorea, Rangiroa and, since 1986, 
on Mehetia and Tetiaroa. For the period 1962-1980, we have identified approximately 
thirty seismic epicenters in a 100 000 km 2 area centered about 60 km east of Tahiti 
(Fig. 2.4). Also, earthquakes of weak magnitude with repeated small seismic swarms, 
suggesting active volcanism in the vicinity of two seamounts at 180 and 2 100 m depth 
and named Moua Pihaa and Rocard were detected. This moderate seismicity is prob- 
ably representative of the hotspot activity since 1917, the year during which numerous 
earthquakes were felt by the inhabitants of Tahiti, and which probably indicated one 
or several volcano-seismic swarms of the hotspot. 

Contrasting to a quiet period, the Society hotspot area was the site of five major 
seismic swarms, whose intensity was by far greater than anything previously recorded 
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in Polynesia (Talandier and Okal 1984). First, in 1981, about 4 000 earthquakes occurred 
on the southeastern flank of Mehetia. Then, in 1982, a swarm of more than 8 000 re- 
corded earthquakes took place in the vicinity of the Teahitia Seamount, topping 1 600 m 
below sea level, located about 90 west-northwest of Mehetia. Later, in the vicinity of 
Teahitia, a swarm of 2 500 earthquakes was recorded in 1983. They were followed in 
1984 by 8 000 earthquakes, and finally a seismic swarm of about 10 000 earthquakes 
was recorded in 1985. Since these five years of intense activity, this area of the Society 
hotspot has returned to its previous period of moderate seismicity. 



2.3.2 

The Over-All Seismicity of the Society Hotspot 

The seismicity produced during volcanic activities is mainly due to the transfer of magma 
in the crust and within the volcanic edifice. Clustering swarms of numerous very small 
earthquakes are accompanied by volcanic tremors during some stages of the eruptive 
process. These are harmonic or spasmodic underground continuous noise of fluctuant 
intensities or in strong gusts. This noise is due to the vibrations generated by the filling 
and resonant oscillation of cracks under the pressure of the magma. This type of seis- 
micity is spatially limited at the volcanic edifices where a vertical migration of the seis- 
mic events is frequently associated with horizontal migration. In general, following the 
effusion of lava, a diffuse seismicity, caused by a smaller number of earthquakes with a 
stronger magnitude that reflect crustal readjustment, will terminate the crisis. 

On the other hand, an overall permanent seismicity is related to the sea floor asso- 
ciated with the bulge surrounding the edifices. There are individual and small num- 
bers of earthquakes that rarely form clusters. These earthquakes are due to the isos- 
tatic underground readjustment. The new stability is intended to adjust the magmatic 
and thermal deep processes to the subsidence of the hotspot edifices. These activities 
are more pronounced in the vicinity of previously active volcanoes such as Teahitia after 
the crisis of 1982-1985. The overall seismicity of the Society hotspot lasted a quarter of 
a century (from July 1967 to March 1990) and is shown in Fig. 2.4. There is a sharp con- 
trast between the relatively older edifices (Tairapu, Tahiti and Moorea), which are more 
or less consolidated and almost aseismic, and the area of the bulge with its active vol- 
canoes. However, there is a residual seismicity at the south of Tahiti and Tairapu, which 
suggests greater tectonic constraints in this area. 

The subsidence of the Tahitian edifices is as significant as those from Hawaii when 
considering their size and ages ( i.e ., Maui). In the Society hotspot, the 3000-meter 
contour line tends to confirm the presence of a shearing mechanism. This contrasts 
with the structure of the hotspot characterizing the sea floor deeper than the 3500 m 
deep region, which has more of a bulging appearance, interpreted as being a stage of 
magmatic upwelling (Chap. 5, Sect. 5.2.2.1). It is noticed that the seismically most 
prominent area is located between the Tairapu Peninsula and the region around the 
Teahitia Volcano, which was the site of strong seismic activity during 1981 to 1985. The 
transition zone between the tectonic stresses of shearing and the bulging effect of the 
crust should be revealed, as in the case of the Hawaiian area, by a pinching of the crust. 
In fact, we have no evidence to corroborate the existence of crustal pinching based on 
the detailed bathymetry from the area; however, it is also possible that the definition 
of the bathymetric map may be insufficient. 
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2.3.3 

Seismic Detection, Magnitude and Seismic Moment 

In order to detect the events of the Society hotspot area, up until 1986, the only rel- 
evant stations were the five stations on Tahiti and nearby Moorea and the four sta- 
tions on the atoll of Rangiroa, 350 km to the north, and therefore too far away to de- 
tect the weaker events. 

Magnitudes were estimated using the formula 

Ml = log A + 2.5 log A - 2.1, 

where A is the peak-to-peak amplitude in microns at a period inferior to 1 s and A is 
the epicentral distance in kilometers. The numerical constants in this formula are 
designed to lock the upper end of this magnitude scale onto the teleseismic mb and 
are similar to those used by the Hawaii Volcano Observatory (HVO) Wood- Anderson 
instrument for the seismic studies of Kilauea and Mauna Loa events. 

An estimate of the seismic energy involved in the individual events was obtained 
using Gutemberg and Richter’s relation: 

log£s = 2.9 + 1.9 Ml - 0.024 M/ 2 , 

where Es is in joules. This formula was used in previous studies for the regional seis- 
micity, where it was also found to match the relation Es = 4.8 + 1.5 Ms. 

In addition, an estimate of the seismic moment of the earthquakes was obtained 
using the relation (Geller 1976) 

logMo = Ml + 17.56 for Ml > 4.2 (by alignment of mb ), 

where Mo is in dynes centimeters. This formula provides a comparative basis for dis- 
cussing the regional output of seismic energy and seismic moments during various 
seismic episodes. 

The thresholds for detection of seismic activity centered at Mehetia and Teahitia is 
estimated at Ml = 1.1 and 0.8, respectively, but detection below magnitude 1.5 at Mehetia 
and 1.0 at Teahitia is affected by day-to-day variations in the level of background seis- 
mic noise. On particularly quiet days, events were detected with Ml = 0.9 at Mehetia 
and 0.5 at Teahitia. Although these thresholds are considered excellent in the oceanic 
environment, they remain higher than in the case of the densely instrumented island 
sites, such as at Kilauea or Mauna Loa. In particular, it is clear that smaller events, such 
as the type recorded at Kilauea directly on the flanks of the volcano, would totally es- 
cape detection. Any comparison between these volcanic edifices must involve either a 
“magnitude filtering” of the Kilauea data set or an extrapolation of the frequency- 
magnitude relations in Polynesia. This would suggest up to 60 000 events at Mehetia 
in 1981, 70 000 at Teahitia in 1982, 35 000 in 1983, 300 000 in 1984 and 60 000 in 1985 at 
the Ml = 0.1 level. These features are at least comparable to the events recorded at 
Mauna Loa in Hawaii during swarms previous to the eruptions after twenty-five years 
of quiescence. 
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2.3.4 

Overview of the Swarms 



Independent from the overall seismic crisis, and prior to the strong activity recorded 
in the 1980s, two small swarms were recorded in April 1969 and July 1972 in the 
Society hotspot region. The first swarm of 600 small earthquakes was located on 
Moua Pihaa and the second of 200 small earthquakes was on Rocard (Talandier 
and Kuster 1976). However, although this seismicity indicates magmatic activity 
for these two seamounts, it cannot be compared in terms of its duration, or in 
terms of the number of events or the energy released to those of the 1981-1985 
periods (Talandier and Okal 1984). These five later crises will be analyzed in detail 
below. 

The 1981 seismic swarm at Mehetia started abruptly on March 6, 1981, and lasted 
until December 1981, with some sporadic activity throughout 1982. The history of the 
swarm showing both the number of recorded earthquakes and the energy release, using 
three-day windows for the entire swarm and six-hour windows for the initial two weeks 
was recorded (Fig. 2.5a, b). The swarm features have several distinct episodes, and they 
will be more fully described in a later section. The largest event occurred on March 15, 
with a magnitude Ml = 4.3. 



Fig. 2.5. Histograms of earth- 
quake distribution of Ml > 0.9 
and the square root of the 
seismic energy released 
( top curve , blue); 
a the total duration of the 
1981 Mehetia swarm, using 
three-day windows, totaling 
3 476 events and 8.4 x 10 10 J; 
b the first eighteen days of 
the swarm, using six-hour 
windows, totaling 1 161 events 
and 5.3 x 10 10 J. Note the pattern 
change of the two curves 
around March 15, when the 
number of earthquakes de- 
creased sharply, and when the 
energy released reached a peak 




1981 




March 1981 
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Fig. 2 . 6 . Histograms of earth- 
quake distribution (scale on 
left), square root of the seismic 
energy released ( top curve in 
blue), and duration in minutes 
of the high-frequency tremors 
(scale at the right dark field) 
using twelve-hour win-dows 
for the first forty- six days of 
each Teahitia swarm; a swarm 
of 1982: 7 798 earthquakes of 
Ml > 0.9; 5517 minutes with 
high-frequency tremors; 
b swarm of 1983: 2 491 earth- 
quakes; 719 minutes of tremors; 
c swarm of 1984: 7 084 earth- 
quakes; 2 051 minutes of 
tremors; d swarm of 1985: 

9 673 earthquakes; 3 990 min- 
utes of tremors 






March April 



1000 4 



100 ' 



10 - 




9 13 17 21 2$ 29 \ 5 9 13 17 21 

January jggg February 



Chapter 2 • Seismicity of the Society and Austral Hotspots in the South Pacific 41 



The chronology of the events recorded and the energy release during the 1982 seis- 
mic swarm at Teahitia are presented (Fig. 2. 6a-d). Activity started abruptly on March 16 
and increased regularly until March 27, involving mostly low-magnitude earthquakes. 
After March 27, the earthquakes were accompanied by seismic tremors, recorded by 
all five stations of the Tahiti-Moorea subarray, and the tremors lasted more or less 
constantly until April. Then the tremor activity decreased and disappeared on April 18. 
Earthquake activity decreased regularly until May 19. After that date it dwindled to a 
number of rare, occasional events. The largest event was an Ml = 3.4 earthquake on 
April 1. Obvious differences between the Teahitia and the Mehetia swarms are the 
shorter duration and more homogeneous character of the Teahitia swarm compared 
to that of the Mehetia swarm. 

The 1983 swarm of Teahitia started very abruptly on July 12 but was relatively short- 
lived (Fig. 2.6b). After two very active days, the intensity of the swarm decreased regu- 
larly, and it died off on July 15. The maximum magnitude reached was 2.5 on July 15. 
From the very start of crisis, the high-frequency tremors were present. 

The 1984 and 1985 swarms also started very abruptly with numerous small 
earthquakes (about 1500 to 2000 earthquakes recorded each day) and intense 
high-frequency tremors (Fig. 2.6c, d). After a few days, the swarms diminished slowly 
over a period of about fifteen days and more rapidly for ten days, respectively. 
However in these two cases, as opposed to the two previous Teahitia swarms, the 
seismic activity continued at a variable level for several months. Practically absent 
from the 1985 swarm, some low-frequency tremors were sporadically observed for 
the swarm of 1984 (Fig. 2.6c). The largest event occurred on March 10, with a mag- 
nitude Ml = 3.1 for the 1984 swarm, but with an earthquake of Ml = 3.3 on July 2 at 
the end of this activity. The 1985 swarm differs from that of 1984 because it is marked 
by a high-energy episode with magnitudes of 4.4 and 4.0 and by several earthquakes 
of Ml = 3. 0-3.5 on January 15 and one of Ml = 4.2 on January 19. This sequence is 
the most energetic of the five crisis recorded in the Mehetia-Teahitia area between 
1981 and 1985. 

The main differences among the developments of Teahitia’s four swarms are shown 
in Fig. 2.6 and consist of several points: 

i. In 1982 there were sequences of fourteen days without tremors prior to the main 
swarm with intense high-frequency tremors. Then the three following swarms 
started abruptly in 1983-1985 with the presence of these high-frequency tremors; 

ii. The high-frequency tremors were more intense for the 1982 and 1985 swarms; 

iii. Significantly low-frequency tremors were only observed for the swarms of 1982 
and 1984, but this recorded result may be due to the fact that the events had dif- 
ferent locations, involving a more or less favorable path around the magmatic struc- 
ture; 

iv. The last two swarms of 1984 and 1985 were followed by a large amount of seismic 
activity over a period of several months; 

v. The swarm of 1985, the most energetic of the five Mehetia-Teahitia swarms, shows 
one sequence with high energy lasting five days after the start of the crisis. 

The main characteristics of these five intense swarms of the Society hotspot are 
presented in Table 2.1. 
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23.4.1 

Location Techniques 

Location techniques are based on Klein’s (1978) HYPOINVERSE program, using an 
adapted version. Four different crustal models, each involving three layers over a 
halfspace, are used for (1) oceanic crust in the Tahiti-Mehetia (Society hotspot) area, 
(2) the northwestern Tuamotu Plateau, (3) the Tahiti and Mehetia Volcanic edifices, 
and (4) the edifice of the Rangiroa Atoll. These models were obtained from seismic 
refraction experiments (Talandier and Okal 1987). Accordingly, the first to arrive from 
the Mehetia swarm are Pn waves at all stations. From the Teahitia area they are Pn or 
Pg waves, depending on the epicentral distances where Pg is used for the crustal phase 
of basaltic composition. For impulsive signals, the errors in reading of less than ±0.025 s 
are negligible when compared to other sources of uncertainty such as station anoma- 
lies and the accuracy of the crustal models used. 

The accurate determination of hypocenters in the vicinity of Mehetia suffers both 
from the relatively large distance to the closest station (about 120 km) and from the 
repartition of all stations in two subarrays concentrated around the azimuths Nio°E 
and N275°W from the epicenter. In particular, hypocentral depths could not be con- 
strained by travel times alone. The only available depth constraint came from the por- 
table station operating for two days on the island of Mehetia in late March 1981. This 
station recorded only one event of low magnitude, which unfortunately went unde- 
tected by the stations of the permanent network. The S-P interval for this record sug- 
gests a depth of 13 km, which according to the crust model, could be representative of 
the Mohorovicic discontinuity (Moho). We have chosen to use this figure as a starting 
value for all Mehetia relocations. Significantly, HYPOINVERSE then failed to adjust 
the focal depths and has opted to keep their values constrained. Similarly, in the case 
of Teahitia, we used the same starting depth of 13 km; therefore, the station repartition 
was insufficient for further constraints. This situation contrasts to the case of Loihi, 
where the numerous stations of the HVO network, by providing homogeneous azi- 
muthal coverage over 90° and at distances as close as 35 km, have made it possible to 
resolve focal depths to a precision of about 5 km. 

One hundred forty events were detected from the Mehetia swarm, with clear arriv- 
als from both Tahiti and Rangiroa, to epicenter relocation using the HYPOINVERSE 
routines. Since reading errors are negligible, station residuals consist of a station cor- 
rection, resulting from a local deviation of the crustal thickness under the stations to 
that used in the model and that takes into consideration the possibility of a path ef- 
fect. For clustered epicenters recorded at a greater distance compared to the size of 
the cluster, these parameters will not vary significantly for individual events and can 
be modeled as a single station correction. These corrections were obtained by averag- 
ing residuals from the initial locations of the events and then using these averages in 
relocating the 140 events. The final locations obtained for the 140 events were com- 
puted using between six and nine Pn arrivals as well as the Sn arrival on the horizon- 
tal short-periods at the central station of PPT (on Tahiti), since the other stations were 
not equipped with horizontal instruments. This technique of using two successive lo- 
cations, where the second employed the station corrections obtained by the first, has 
served to minimize the errors: 
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■ First, standard residuals, already low for the initial locations (average value 0.068 s) 
are significantly improved by the relocations (average 0.042), confirming that the 
most random parameters (reading errors) are of a negligible nature; 

■ Second, large semi-axes of the horizontal ellipses are again significantly reduced 
by the relocations going from an average value of 8.6 km to an average of 5.4 km. 
Despite the general orientation of these axes along a bisector of the vectors point- 
ing to the Tahiti and Rangiroa subarrays, this last value of 5.4 km is definitely smaller 
than the horizontal extent of the epicentral area. This indicates that the source area 
of the swarm is truly elongated in the NNW-SSE direction; 

■ Finally, despite a similar reduction in their absolute value, the vertical semi-axes 
remain about twice as large as the horizontal ones. They are much less meaningful, 
since the program did not readjust the depths, and thus the relocations of the earth- 
quakes lack depth resolution. 

The influence of the use of S times at the PPT station on the relocation of the earth- 
quakes can be discussed as follows: The simultaneous use of P and S at PPT is equiva- 
lent to fixing the total distance traveled by the waves to PPT. For hypocenters located 
at/or below the Moho, this will result in constraining the epicentral distance for this 
station because of the very low inclination from the horizontal for any mantle wave. 
On the other hand, for sources whose true location is above the Moho, the observed 
S-P depends on both epicentral distance and depth. Since we have constrained the 
depth at the Moho, the inclusion of S wave data improves the relocation of earthquakes 
below the Moho, while it degrades the epicentral relocations of events whose true depth 
is above it; however, it will still improve the relative location of events whose true depths 
are comparable. Therefore, if two clusters are apparent, it is probable that the appar- 
ent distance between the clusters primarily reflects differences in focal depths. A de- 
crease in true focal depth would tend to increase the apparent distance from Tahiti. 
The two clusters correspond to temporally separated events, with the northwestern 
ones occurring during the first weeks of the swarm, while the southeastern cluster 
became active later. 

It is possible to conclude that the relative locations of the epicenters of Mehetia 
events at comparable depths are probably accurate to better than ±3 km. On the other 
hand, the relative position of the whole ensemble of epicenters is somewhat less well 
constrained, probably no better than ±6 km. 

A similar procedure was used for the four Teahitia swarms of 1982-1985. A second 
set of station corrections was selected independently, as was done for Mehetia, since 
these corrections are also affected by the seismic wave paths to the station, which is 
shorter for Teahitia. As was done for Mehetia, the initial locations were used to infer 
station corrections, which were then used to relocate the 713 events (164 in 1982, 146 in 
1983, 256 in 1984 and 147 in 1985). These signals with clear first arrivals could be picked 
at all five stations of the Tahiti subarray and by at least one station (usually PMO) of 
the Rangiroa subarray. The improvement provided by the relocations for events is clear. 
However, the epicentral distances are closer to the stations than in the case of Mehetia 
and consequently the first arrivals are Pn or Pg waves. Therefore, the values of the re- 
siduals and the precision in terms of the relative relocations of epicenters are better, 
on the order of ±2 km (assuming common depths) for the same swarm. Uncertainty 
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about the position of the simultaneous swarms may be greater, but their distribution 
in relationship to the area of Teahitia and to other smaller edifices, which are active 
volcanoes, tends to prove that the absolute location is accurate. 

For Teahitia, the solutions obtained exclusively from P wave data are accurate. How- 
ever, the use of S wave arrivals could give an indication of the event’s depth according 
to the principle exposed previously. If the depth is equivalent to or greater than the Moho, 
there will be no significant modification of the epicenter. However, the location of the 
epicenter will change if the focal depth is clearly higher than the 13 km depth of the 
Moho. A somewhat more quantitative measure of an event’s depth could come from 
the occasional observation of surface waves following the coda of the Sn wave trend on 
vertical short-period seismograms. We interpret those as being 1-2 s Rayleigh waves; 
the order of magnitude calculations for a point-source double-couple in the layered 
medium as defined by the seismic refraction experiments indicates that their excita- 
tion could become negligible at a depth below the sea floor comparable to one-half of 
their wave-length, or in the present case, 5 km. Thus, earthquakes for which a crustal 
depth is suggested from S times and which do not feature Rayleigh waves are prob- 
ably confined to the lower crust. Those earthquakes that do show the surface waves 
are probably within a few km of the top of the edifice. 



23.4.2 

Correlation with Bathymetry 

The swarm of 1981 at Mehetia is located on the southeast-elongated volcanic apron at 
a distance of 5 to 8 km from the summit of the island, between 1 400 to 1 700 m depth 
(Fig. 2.7a). It is possible that the eruptions took place on a small structure that was 
presumed to be a crater (i7°5/ S, 148°04' W) and which had been previously identi- 
fied by several surveys (French Navy patrol-ship LA PAIMPOLAISE; R.V. MELVILLE, 
Craig 1983). Although it is not visible on the map of Fig. 2.7b on the close-up of the 
south flank of Mehetia, this crater might be as small in size as the one that covers the 
summit of the island (Fig. 2.7c). 

In the Teahitia area, the swarms of 1982 and 1983 are closer to the main volcanic 
edifice, but those of 1984 and 1985 extend over an area further to the north (Fig. 2.8). 
The 1984 swarm largely extends to the southeast on a small volcanic edifice at 2 900 m 
depth, and the 1985 swarm is distributed on two small edifices at about 3 100 m depth 
with the highest energy episode being concentrated on the northern edifice. About 
1 400 km 2 of the Teahitia area, including the small edifices to the north, are affected 
by this extensive volcano-seismic activity. 

2.3.5 

Evolution of the Swarms and Nature of the Recorded Events 

Seismic activity developing in the form of swarms, rather than of classic fore-shock, 
main shock, and after-shock patterns, was observed in areas of active volcanism or 
extensional tectonism. Swarms directly associated with major eruptions are most of- 
ten short-lived (lasting from one week to a few months); the seismic activity, which 
preceded the eruption of Kilauea and Mauna Loa in Hawaii, would be a typical ex- 
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Fig. 2.7. a Bathymetry of Mehetia area (Bonneville, personal communication). The white square shows 
the seismic station on the rim of the crater at the summit of the small island about 400 m above sea 
level. The 1981 swarm is concentrated on the southeastern apron of the volcanic edifice, b A close-up 
of Mehetia’s southern flank is shown. It is possible that the eruptions arose through a presumed 
small crater at 17°57' S, i48°04' W identified during several surface ship surveys as well as by sub- 
mersible. Because of the insufficient resolution, the crater is not visible on this map. c An aerial pho- 
tograph of Mehetia Island shows a small crater of about 200 m in diameter, covering the summit of 
the island. The presumed crater identified by several surveys on the southeastern submarine flank of 
the island could be of similar dimensions 

ample of a volcanic swarm. On the other hand, swarms not known to be associated 
with eruptive volcanism tend to have a longer duration, with only a few exceptions. 

The chronological development of the five crises of 1981-1985 on Mehetia and 
Teahitia is summarized below (Table 2.2). As a way of illustrating the type of record- 
ings of the volcano-seismic activity that occurred in the Society hotspot area, the first 
swarms of 1981 on Mehetia and of 1982 on Teahitia will be described in some detail. 
Those, which have followed from 1983-1985, will be more succinctly described. 
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Fig. 2 . 8 . Bathymetry of the Teahitia area using SeaBeam surveys by the R/V J. CHARCOT and R/V SONNE. 
The epicenters of the main earthquakes of four swarms of this volcano are shown. Red: 1982; Green : 1983; 
Black: 1984; Yellow: 1985. Note that the active zone extends forward about 1 400 km 2 beyond the main 
edifice of Teahitia 



Table 2.2. Summary of the development of Mehetia and Teahitia crises 



Episode 


Magmatic activity 




Tectonic activity 


Deep 


Intermediate 


Superficial* 


Mehetia 1981 


March 6-9 


March 10-25 


March 26 to May 30 


June l to Dec, 


Teahitia 1982 


March 17-22 


March 23-27 


March 28 to April 20 


None 


Teahitia 1983 


None 


None 


July 11-25 


None 


Teahitia 1984 


None 


None 


March 4-23 


March 24 to Dec. 


Teahitia 1985(1) 


None 


None 


Jan. 10-14 


- 


Teahitia 1985 (2} 






Jan. 15-23 


Jan. 24 to Dec b 



a Presumed for Mehetia and observed forTeahitia intense high-frequency tremors are associated with 
earthquakes during all this episode. 
b This tectonic activity post crisis concerns the entire area ofTeahitia. 
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2 . 3 . 5. 1 

Mehetia 1981 Swarm 

A systematic analysis characterizing the evolution of events of the Mehetia swarm (lo- 
cation, frequency of occurrence, magnitude and spectral content) reveals four differ- 
ent periods of activity (Table 2.2, Fig. 2.5a, b). 

■ Episode 1: The swarm starts abruptly, with a large number of earthquakes (average 
of more than 240 events per day) of relatively low magnitude (Ml < 3.3). This activ- 
ity is concentrated about 6 km southeast of the island. The seismograms show a 
high repeatability, with P and S waves featuring high frequencies and simple wave 
shapes (Fig. 2.9a~9d). As discussed below, these events are interpreted as having 
their epicenters at least as deep as the Moho. Therefore, the epicentral locations are 
probably accurate. 

■ Episode 2: The number of events decreases considerably (only twenty-seven per 
day on the average), but the activity remains substantial, with the two largest events 
in the swarm occurring on March 15 (Ml = 4.3) and March 25 (Ml = 4.0), respec- 
tively. The March 15 event is not truly representative of this seismic episode, being 
both shallower and with lower frequency. Apart from these events, the seismo- 
grams remain homogenous in their characteristics, while the epicenters move to- 
wards a crater presumed to exist in the area. 

■ Episode 3: The activity continues to decrease (on the average only thirteen events 
per day) and is characterized by higher-magnitude earthquakes. The signature of 
the seismograms becomes significantly different: their spectrum evolves toward lower 
frequencies, and the duration of Pn and Sn increases, leading to occasional ringing 
and in certain cases to the occurrence of two distinct arrivals of Pn separated by 
about 1.3 s (Fig. 2.9c). The regularity of this situation precludes the development of 
several sources but rather suggests a multipathing phenomenon. The multipathing 
of Pn was indeed observed in Rangiroa for seismic refraction arrivals originating in 
the Mehetia area (Talandier and Okal 1987). Finally, high-frequency surface waves 
develop after the Sn on the seismogram. All these characteristics suggest that foci are 
becoming shallower and are now located in the crust, which would mean that the epi- 
center locations might be less accurate. S waves are generally of smaller amplitude 
than P. Epicenters remain clustered until April 17 and then become dispersed. The 
cluster is clearly located southeast of the crater; and this migration from the summit 
to flank is directly comparable to the pattern observed on Loihi by Klein (1982). 

■ Episode 4: The level of seismicity decreases with some renewed activity in Novem- 
ber and December (on the average eleven events per day). Characteristics of the 
seismograms vary widely, as do the epicenters, falling in any of the previous three 
zones as well as outside. The spectral content of the signals is generally of lower 
frequency, with occasional signals duplicating those of the preceding periods; in 
such occurrences, the epicenters also coincide. 

In addition, the temporary station operating on Mehetia at the end of March re- 
corded repeated puffs of seismic noise, whose characteristics could be compared to 
the high-frequency tremors such as those recorded from Teahitia during the crisis of 
1982-1985; however, these puffs were unable to be recorded by the permanent stations 
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Examples of P waves from Mehetia and Teahitia 




Fig. 2.9. Comparison of Pn waves for three events recorded at station PMO (Rangiroa); a amplitude 
spectrum of each recording presented underneath; b early stage of the swarm, presumed deep (Mehetia, 
March 9, 1981: Ml 2.6). Note the simple waveform and short duration of signal; c swarm presumed to be 
shallower (Teahitia, July 15, 1983: Ml 2.2). Note the second arrival, separated by 1.3 s; d Ml 4.3 event of 
March 15, 1981 at Mehetia. At this time, the low-frequency components of Pn and the ringing P waves 
lasted for several seconds with a characteristic frequency of 2 Hz. Not shown here: strong surface wave 
following Sn waves. This event is interpreted as being very shallow, approximately 1-2 km below sea level 

on Tahiti. Nevertheless, our experience of the Teahitia swarm as well as data reported 
for Kilauea indicates that volcanic tremors rarely propagate over distances greater than 
100 km. Thus it is probable, as suggested by the data from the temporary station, that 
seismic tremors accompanied the Mehetia swarm at least during its third phase. In 
particular, earthquakes similar to those accompanied by tremors on Teahitia were 
observed on Mehetia after March 25. 



23 . 5.2 

Teahitia 1982 Swarm 

Figure 2.6 shows a chronological evolution of the swarm, both in terms of numbers of 
events detected, and of seismic energy released. The most intriguing pattern concern- 
ing the Teahitia swarm is the apparent migration of the seismicity (Fig. 2.8). During a 
period of about five weeks, the relocated epicenters moved regularly from east to west 
along the southern flank of the Teahitia Seamount. However, the relocations used in 
this figure did not adjust hypocentral depth, and the apparent epicentral migration 
may merely be a reflection of the change in true depth of the hypocenters (Fig. 2.8). 



50 }. Talandier 



Thus, the pattern observed could be a true epicentral migration to the west, an ascent 
of the hypocenters toward the surface, or a combination of both. However, starting on 
approximately March 29, a complex pattern appears in the Pn seismograms recorded 
at the PMO station (Rangiroa), featuring two successive arrivals, separated by 1.3 s 
(Fig. 2.9a-c). Just as in the case of Mehetia, this suggests that the source is becoming 
shallower. It is worth noting that this date coincides with the development of strong 
tremor. Whether or not a vertical component of migration is present, the order of 
magnitude on the rate of seismic migration remains 1 km d" 1 . This is comparable to 
the progression of seismicity during slow intrusions in moderately active rift zones, 
such as Loihi or the southwest rift of Kilauea. On more active systems, such as the east- 
ern rift at Kilauea, the progression would be somewhat faster (Klein 1982). 

The 1982 Teahitia swarm has several differences from that of Mehetia. The whole 
swarm is much shorter-lived, with the activity becoming practically negligible after 
only six weeks. The swarm is much more homogeneous in character, with the number 
of earthquakes growing steadily for about two weeks, and then decaying regularly. 
Finally, and most importantly, the two curves shown in Fig. 2.6 are similar to each other, 
indicating that there are no drastic changes in the magnitude of the earthquake dis- 
tribution, which contrasts with episode 2 at Mehetia. 

In addition, a large amount of seismic tremors were recorded from Teahitia during 
the period March 27 to April 17. Basically, two types of these tremors exist: (1) high- 
frequency ones, with seismic energy peaked in the 7 Hz range, of a rather spasmodic 
nature, following sequences of small but sharp earthquakes, and (2) low-frequency 
tremors, peaked at 2-3 Hz (Figs. 2.10a, b and 2.11). 

For this seismic crisis, the largest event recorded at Teahitia is the Ml = 3.4 earth- 
quake of April 1, 1982. A few inhabitants in and outside the peninsula felt this particu- 
lar earthquake as well as reporting three more in early April. This relatively low level 
of maximum seismicity is in sharp contrast with the case of the 1981 Mehetia and of 
the 1971-1972 Loihi swarm, during which events as large as Ml = 4.3 were recorded. 
T waves were recorded only from the largest Teahitia events and could not be used to 
identify otherwise unsuspected activity. 

23.5.3 

Teahitia 1983 Swarm 

As compared to the 1982 crisis, the 1983 Teahitia swarm had very short-lived seismic activ- 
ity (only thirteen days), lower magnitudes (maximum Ml = 2.4), and the seismic signa- 
ture of its events was quite homogeneous. In particular, the pattern of double Pn arrivals 
at the Rangiroa stations was present for all events of the 1983 swarm (Fig. 2.9c). It was in- 
terpreted that the whole sequence took place at very shallow depths, probably within a 
few kilometers of the sea floor. The activity started abruptly with about 500 events per day 
during the first days and decreased gradually until July 26 (Fig. 2.6a-d). The seismic ac- 
tivity was concentrated on the western flank of the seamount (Fig. 2.8) with high-frequency 
and a few low-frequency tremors accompanying the earthquakes during the whole seis- 
mic episode. 

Finally, a mini-swarm of about 300 earthquakes, preceeded by an Ml = 2.6 event, 
took place between December 18 and 21, 1983. 
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Fig. 2.10. a Typical examples of repeated small earthquakes intermixed with high-frequency tremor, 
as recorded in Tahiti during the Teahitia 1982-1985 swarms. Tick marks indicate the seconds; b detail 
of the beginning of the earthquake sequence shown in Part a. Note that the phenomenon starts as an 
apparent increase in the amplitude and frequency of the ambient noise (arrows), followed by more 
substantial events. The seismic stations are indicated in the records, AFR = (Afareaitu, Moorea), 
PAE = (Paea, Tahiti), PPT = (Papeete), PPN = (Papenoo, Tahiti) and TVO = (Taravao) 
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Fig. 2 . 1 1 . Typical example of low-frequency tremor from the Teahitia 1982-1985 swarms. Note that the 
decay of the amplitude of low-frequency tremors with station distance is stronger, suggesting that they 
have originated at shallow depths. The abbreviations on the records are the same as in Fig. 2.10 
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23 . 5.4 

Teahitia 1984 Swarm 

As was true for the previous event in 1983, the 1984 crisis started abruptly with a large 
number of earthquakes and simultaneous high-frequency tremors. This high seismic 
activity was maintained for twenty days and was accompanied by several sequences 
of low-frequency tremors. The cumulative seismic energy release was greater than for 
the 1983 swarm with several earthquakes of Ml 3.0 to 3.6. Other differences include 
the fact that the seismic events were not concentrated but had migrated over an area 
of 20 km in a southwest-northeast direction (Fig. 2.8). In addition, although the seis- 
mic activity was decreasing, it still lasted five months, up to August. The pattern of 
double Pn arrivals at the Rangiroa stations suggests a very shallow depth. 

23 . 5.5 

Teahitia 1985 Swarm 

As was observed for the 1983 and 1984 swarms, the seismic crisis of 1985 started sud- 
denly with numerous earthquakes (about 2 000 per day) and intense high-frequency 
tremors. The seismic activity was characterized by two distinct sequences: (1) a first 
swarm from January 10 to 14 located in an area southeast of a small seamount, and 
(2) another very energetic swarm beginning January 15, which was concentrated on 
this seamount (Fig. 2.8). There were thirty earthquakes of Ml > 3.0, including three of 
Ml = 4.0 to 4.4, all of which were felt by the inhabitants of the Tairapu Peninsula, Ta- 
hiti, and for the last, on Moorea. This sequence is the most energetic of the five seis- 
mic crises of Mehetia and Teahitia between 1981-1985. As was observed during the 
second period of the 1982 swarm and during those of 1983 and 1984, the characteristic 
of the seismograms suggests a shallow-depth hypocenter. 

2 . 3.6 

Frequency-Magnitude Relationship 

For each seismic crisis, a number of frequency-magnitude (b value) investigations were 
carried out, using all the recorded earthquakes for Mehetia (during March 6 to October 28, 
1981) and Teahitia (during March 18 to April 28, 1982; July 12-26, 1983; March 4 to Septem- 
ber 1, 1984 and January 10 to September 23, 1985). This technique models the number 
(N) of earthquakes with their magnitude (M) in a relationship using the formula: 

logN -a - bM 

Values of b that are significantly larger than the worldwide average ( b = 0.9) are 
used for rocks that are undergoing thermal weakening or excessive fracturing. In par- 
ticular, documented volcanic seismicity has been associated with b values varying from 
1.4 to more than 3 (McNutt 1983). We have reported a b value of 1.0 outside the swarms, 
and this value ranged from 1.5 to 3.2 during the smaller swarms of 1969 and 1972 at 
Moua Pihaa. In the case of Mehetia in 1981, using a magnitude window of 0.2 units, 
the results indicate an average b value of 1.14 ±0.04 for the whole sequence. However, 
if the data set is restricted to the first two days of the swarm, the b value increases to 
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1.42 ±0.15. This change of b value illustrates the dramatic increase in the number of 
larger earthquakes occurring after March 8 (Fig. 2.12a). In the case of the 1982 swarm 
at Teahitia, an investigation for the entire period between March 17 to April 30 yields 
a well constrained b value of 1.41 ±0.03 (Fig. 2.12c). An attempt to use shorter sampling 
periods failed to unveil significant variations of this coefficient with time. The figure 
b = 1.41 is in excellent agreement with the value found for the first two days of the 1981 
Mehetia swarm. A remarkably similar figure of b- 1.49 ±0.13 was obtained for the 1983 
swarm (Fig. 2.i2d). For all of the swarm of 1984, the figure of b = 1.17 ±0.07 was deter- 
mined; however, it was also noticed that the magnitude of repartition was irregular 
and when limited to two partial sequences, large b values were observed (Fig. 2.i2e). 
This effect is probably due to the larger area affected that resulted in a heterogeneous 
distribution of the earthquake magnitude determination. Finally for the entire swarm 
of 1985, a b value of 1.05 ±0.02 is obtained (Fig. 2.i2f). However, this crisis was clearly 
separated into two sequences: the first low energy swarm of January 10-14 with a 
b value of 1.33 ±0.06, and the second high energy sequence which started January 15 
with numerous earthquakes of Ml 3.5 to 4.4, for which the b value is only 0.94 ±0.02 
(Fig. 2.i2g,h). 




Magnitude Ml Magnitude Ml 



Fig. 2.12a-d. Frequency-magnitude plots for the 1981 Mehetia swarm; a full swarm; b study limited 
to the first 3 days of the swarm. Windows of 0.2 units of magnitude used in all cases. Frequency- 
magnitude plots for the Teahitia full swarms; c 1982; d 1983 
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Fig. 2.1 2e-f. Frequency-magnitude plots for the Teahitia full swarms; e 1984; f 1985. Frequency-mag- 
nitude plots for the two sequences of the 1985 Teahitia swarm. Note the b value for the first one with 
weak energy (g) and second (h) with numerous earthquakes of relatively high magnitude 

The range of b values obtained during the Teahitia swarms of 1982, 1983, 1984, and 
during the first phases of activity in 1985 at Teahitia and 1981 at Mehetia are compa- 
rable to those obtained in the Hawaiian hotspot (Klein 1982; McNutt 1983). In particu- 
lar, the b values reached during the five Polynesian swarms are significantly higher 
than those found at sites of recurrent tectonic intraplate seismicity such as Regions A 
and C in the south-central Pacific (Okal et al. 1980). 

While high b values have generally been recognized as indicative of volcanic 
seismicity, Okada et al. (1981) have cautioned against the use of b values for short- 
term sampling and recording in the study of the evolution of volcanic swarms. For 
example, their data at Mount Usu show the late development of large earthquakes 
and the disappearance of smaller ones, which lead to a negative b value . Thus, it 
may not be warranted to attribute a sudden decrease in b values to a variation in the 
physical properties of the rocks involved. However, a general trend towards fewer but 
larger earthquakes is clearly present at Mehetia after March 9, which is similar in 
character to the phenomena reported by Klein (1982) at Loihi and Kilauea, and which 
he interpreted as an evolution of the activity of rift zones compared to the flanks of 
the edifices. 
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In conclusion, the volcanic nature of the seismicity observed during the 1981 to 1985 
swarms in the Society hotspot (Tahiti-Mehetia area) is determined on the basis of sev- 
eral factors: (1) the short-lived swarm-like character of the activity, (2) the large 
b values, (3) the identification of hydrothermal activity on Teahitia, (4) the evolution 
of the swarms reminiscent of those at Hawaii and Loihi, and (5) the abundant num- 
bers of intense high-frequency tremors recorded from Teahitia that are also suspected 
to have occurred on Mehetia. 

2.3.7 

Seismic and Magmatic Activity in the Society Hotspot Volcanoes 

Since the Teahitia and Mehetia sites are located under the ocean and are therefore 
inaccessible, we must infer the magmatic processes that may have accompanied the 
swarms, using only the variation in the characteristics of the seismicity. Unfortunately, 
two problems hamper our potential insight into these processes. First, our lack of hy- 
pocentral depth resolution obscures one of the crucial parameters in the evolution of 
the swarms. Secondly, the characteristics and evolution of volcanic swarms are known 
to vary substantially from one volcano to another. We will nevertheless attempt to draw 
a parallel between our observations and other examples of volcanic seismicity. 

One of the characteristics of volcanic seismicity most crucial to placing the seis- 
mic swarm in the context of magmatic processes, namely hypocentral depth, could 
not be constrained by our relocations. The only travel time data that can be used to 
gain an estimate of depth are S wave arrival times. Nevertheless, their use tends to 
improve relocations for earthquakes truly located at or below the Moho, while it de- 
grades the veracity of our interpretations when the source is within the crust. On this 
basis, the third period in the 1981 activity of Mehetia (March 26 to May 30) and the 
large March 15 event are interpreted as being shallower than the earlier events. Simi- 
larly, the first and second periods of earthquake activity on Teahitia (March 17-27, 1982, 
until the appearance of high-frequency tremors) are located below or on the Moho. 
These observations differ from the Teahitia swarms of 1983-1985, which also started 
suddenly with numerous earthquakes but where high-frequency tremors were regis- 
tered simultaneously. 

For the two first crises in Mehetia and Teahitia, the evolution of the waveform of 
P waves confirms the vertical migration of the seismicity. The Pn waves of two events 
of Mehetia and Teahitia, which were recorded at the PMO station on Rangiroa Atoll at 
a distance of 320 km north of the two volcanoes, are shown in Fig. 2.9. In the first case, 
the form of the wave is extremely sharp and simple, while in the second case, double 
arrivals separated by 1.3 s and having a much slower decaying amplitude are observed. 
The former type of earthquake was seen only in the early stages of the 1981 Mehetia 
and 1982 Teahitia swarms. This type was absent from the 1983-1985 activity at Teahitia. 
The first type is interpreted as having originated below the Moho discontinuity, and 
the second type within the crust. Thus, the sharper, deeper events would correspond 
to the initial opening of the magmatic conduits at depth, while the more complex, shal- 
lower ones could represent magmatic transfer within the crust and the volcanic edi- 
fice. On the other hand, the development of substantial surface waves within the 1 Hz 
range is controlled by the structural layering of the volcanic edifice, which would con- 
strain the focal depth to about XI 4 or approximately 1-2 km below sea level. This means 
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that the entire series of the 1983-1985 swarms at Teahitia are certainly no more than a 
few kilometers deep. 

Volcanic tremors, consisting of more or less continuous seismic agitation accom- 
panying some phases of volcanic activity, have been reported and studied extensively. 
The tremor could be spasmodic, featuring a repeated number of individual, identifi- 
able seismic events, or it could be harmonic, in which case the frequency content of 
the signal is predominantly monochromatic (Figs. 2.2 and 2.10). Deep seismic trem- 
ors of a spasmodic nature originating about 50 km below Mauna Loa were identified 
by Eaton and Murata (1962) as representing the filling of magma conduits, and this 
took place three months before the 1959 eruption. Harmonic tremors located at 30-35 km 
depth were found by Aki and Koyanagi (1981) to be caused by magma oscillation in 
longitudinal cracks. These harmonic tremors represent a continuous, ongoing aspect 
of the volcano’s activity, unrelated to any given eruption. These authors also noticed 
an evolution of the dominant frequency of the tremor with time (from about 7 to 3 Hz) 
during an episode of tremor (typically a few hours), which they interpreted as cracks 
joining with each other, thus increasing the characteristic length of the oscillator. The 
sequence of repeated small earthquakes followed by tremors observed in 1982-1985 at 
Teahitia are believed to represent a succession of small crack openings, followed by 
movement and oscillation of the magma in the cracks (Chouet 1981) (Fig. 2.10a). The 
initial waveforms, which started as an increase in the amplitude and frequency of back- 
ground noise, are reminiscent of the harmonic tremors observed at Kilauea by Aki 
and Koyanagi (1981). The amplitude of the ground motion (about 0.01 pm) is also com- 
parable. On the other hand, the pattern of a decrease in the wave frequency during a 
tremor episode is absent from the Teahitia tremors. 

The total duration of the episodes of high-frequency tremor following small earth- 
quakes as recorded for the single month period of March 17 to April 17, 1982, is 
5 500 minutes. If these high-frequency tremors are interpreted as representing crack 
openings and magma transport according to the theory of Aki and Koyanagi’s (1981), 
they represent a “reduced displacement” of 130 m 2 , which is only four times less than 
the cumulative value over eighteen years of the Hawaiian Volcanoes. By adding 720, 
2 050, and 4 000 minutes of high-frequency tremors for the 1983, 1984 and 1985 swarms 
respectively, the cumulative reduced displacements of four years of activity in Teahitia 
is on the same order as that observed during eighteen years at Hawaii. 

However, a comparison of volcano-seismic activity for the two areas is difficult, 
because the characteristics of the swarms are different and the tremors are not directly 
comparable. In particular, the Kilauea tremors were not related to a given eruption. 
Also, Aki and Koyanagi (1981) and Chouet (1981) have argued that the quantification 
of seismic tremors has seriously underestimated the amount of lava ejected at Mauna 
Loa and Kilauea. These authors suggest that part of the transport of the magma through 
the lithosphere escapes seismic detection. Since the Hawaiian volcanoes are the only 
ones for which this kind of quantification has been performed, it is not clear that ex- 
actly identical situations could exist at other locations. In particular, and as argued 
below, the volcanic system in the Tahiti-Mehetia area is probably in a much earlier stage 
of its development than is Kilauea, where the plumbing is well established and the 
shield-building stage is steady. In this respect, the opening of cracks under Teahitia 
could involve a higher density of resistive barriers (Aki 1979), leading to the puffs of 
earthquakes that started the high-frequency tremor sequences. 
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While high-frequency tremors have also been reported simultaneously with ejec- 
tion during eruption at Kilauea, the fountaining phases of volcanic activity are usu- 
ally accompanied by intense lower-frequency harmonic tremors, located only a few 
kilometers deep and which peak at 2-3 Hz (Eaton and Murata 1962). At the same time, 
seismicity and spasmodic tremor activity were reported as strongly decreasing. This 
suggests that the high-frequency tremors are related to magma upwelling through the 
volcanic edifice, while the low-frequency tremors have accompanied the venting and 
fountaining processes. Fountaining probably also acts like the valve of a pressure- 
cooker, allowing the sudden release of pressure, at least from the shallowest parts of 
the plumbing system, and leading to the opening of the cracks generating the high- 
frequency tremors. Puffs of activity similar to low-frequency tremors were also occa- 
sionally observed during each Teahitia swarm, although their origin could not be posi- 
tively localized. 

The strong decay of the amplitude of low-frequency tremors in relationship to the 
station’s distance (Fig. 2.11) suggests that they originated at shallow depths. They may 
be associated with eruptive processes, although a direct comparison with the case of 
Kilauea suggests their disappearing into the background noise beyond a distance of 
90 km from the recording station. The 1982-1985 crises lasted for 53, 18, 374 and 58 min- 
utes of low-frequency tremors, and this total duration of 503 minutes is just a small 
fraction of the 12300 minutes recorded for the high-frequency tremors. This differ- 
ence is probably due to the effect of propagation. 

2.3.7.1 

Volcano-Seismic Scenarios 

On the basis of the above discussion concerning volcano-seismicity, the following 
paragraphs present scenarios for interpreting the Teahitia and Mehetia crises. 

Scenario for Mehetia, 1981 

The swarm started on March 6 with a series of small earthquakes, whose epicen- 
ter was located deep under the island, presumably below the Moho. By March 10, 
fewer but larger earthquakes took place, and the epicenters moved closer to the 
underwater crater (Fig. 2.7b). In addition, a unique large shallow earthquake occurred 
on March 15, which may have been due to a tectonic stress release under the pressure 
of the magmatic intrusion. After March 25, the poor fit of S wave travel times and the 
presence of surface waves and ringing Pn waves all suggest that the seismic activity 
had moved to shallower depths, certainly above the Moho. This ascent of the seismic 
activity was probably associated with the upward progression of the magma. Low- 
frequency events suggest that tremor was taking place at the end of March and 
submarine eruptions may have occurred. These eruptions would not have generated 
T waves because of the impossibility of magma degassing at 1 700 m depth. At 
least part of the later seismicity may have been due to the release of the intraplate 
tectonic stress accumulated in the plate, as indicated by the quiescence of the area 
prior to the swarm. These events are spatially more spread out, which would corre- 
spond to “tectonic” classes of seismicity, and their presence could lower the average 
b value of the whole swarm. 
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Scenario for Teahitia, 1982 

The swarm began abruptly on March 1 6, 1982, with numerous small and simple events, 
possibly as deep as the Moho. These might have included a fracturing of the country 
rock under the increased magma pressure. Also, it is likely that the east-west migra- 
tion of the seismic activity included a component of decreasing depths, as suggested 
by the later development of ringing phases. By March 28, a pattern started to form 
numerous cracks within the seamount, followed by magma filling, which gave rise to 
high-frequency tremor. An eruption took place, occasionally accompanied by low-fre- 
quency tremor. The pressure release temporarily shut off the process of fracturing, as 
noticed by the disappearance of the high-frequency tremors. Similarly to the previ- 
ous Mehetia crisis, no T waves were generated, because the submarine eruption oc- 
curred at depths that were too deep for magma degassing. During this phase, three 
major earthquakes were felt on Tahiti. On April 17, after a three- week duration, the trem- 
ors stopped, marking the end of the eruptive process, and since previous seismic ac- 
tivity had released the intraplate tectonic stress, the seismic swarm died off quickly 
during the month of May. 

Scenario for Teahitia, 1983 

The volcano awoke again with a series of small, shallow earthquakes concentrated on 
its western flank. This activity may have taken the form of a lateral intrusion from the 
1982 plumbing, and thus the swarm was able to move directly into the final seismic stage 
of shallow events accompanied by high-frequency tremor. This pattern lasted only two 
weeks, but eruptions that were probably more intense than in 1982 continued afterwards. 
In December 1983, a submarine survey found evidence of ongoing magmatic and hy- 
drothermal activity. An interpretation concerning the small burst of seismic activity in 
December is difficult, but having the same location as that of the July crisis, it may cor- 
respond to a short reactivation of magmatic activity of this volcano. 

Scenario for Teahitia, 1984 

Located to the north of the Teahitia Volcano, the 1984 crisis presented several distinct 
episodes that seem to correspond to a seismic event migrating for about twenty km from 
the southwest to the northeast. Similarly to the previous crisis of 1983 and to those which 
will follow in 1985, this 1984 swarm started suddenly with a large number of earthquakes 
and intense high-frequency tremors accompanied here by a few sequences of low-fre- 
quency tremors. This activity was only superficial and decreased until it disappeared 
on March 23. However, there was also some residual seismic activity that slowly de- 
creased until the end of the year. This was similar to the superficial sequence of the 
1982 events and seemed to be an indication of an eruptive process about twenty days 
long, which was most likely followed by several tectonic readjustments. 

Scenario for Teahitia, 1985 

The 1985 crisis, like the two previous ones, started with a large number of small 
earthquakes accompanied by intense high-frequency tremors; however, this final 
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crisis is clearly composed of two distinct episodes: (1) During the first, from Janu- 
ary 10-14, the swarm was located to the north of Teahitia between two small volcanic 
edifices, and the epicenters were dispersed. (2) The second episode, from January 15 
to about January 23 at the end of the swarm, was notable for its high-energy earth- 
quakes having a large magnitude of Ml> 3.5 up to and including four earthquakes 
of a Ml > 4.0. These earthquakes were concentrated on the small volcanic edifice 
to the north, at a distance of about 10 km from the first episode (Fig. 2.8). The 
presence of high-frequency tremors confirmed the eruptive process, but the cause 
of the high-energy seismic activity corresponding to the most important crisis of 
this five-year period (1981-1985) is still not clear. Nevertheless, the location of this 
activity was close to the northern limit of the hotspot bulge and most likely cor- 
responded to a more rigid geological structure, which could explain this high level 
for the release of constraints. 

2.4 

Volcano-Seismic Activity of the Austral Hotspot: 

Macdonald Seamount 

Contrary to the Society hotspot, the Macdonald Seamount is extremely far away 
from the seismic stations; therefore, it is a good example for testing the detection 
and monitoring of intraplate volcanic activity by means of T waves. The Macdonald 
Seamount (28.99° S, 140.26° W) was discovered in May 1967, following a strong seis- 
mic swarm detected by the hydrophones of the Hawaiian Institute of Geophysics 
Network (Norris and Johnson 1969). Macdonald is generally considered to be the 
active expression of a hotspot having generated the Cook and South Alignment of 
the Austral Islands. 

Macdonald has been frequently explored and mapped, and its eruptions were even 
directly observed on two occasions. The report of the E.V. HENRY on July 1983 noted 
a discoloration spot located approximately 2 km east (leeward) from the summit, ori- 
ented NNW-SSE and about 700 m long. This was noticed seventy-five days after the 
May 1983 seismic swarm. Further observations were made on October 11, 1987 by the 
N/V MELVILLE, when bubbles, steam and ash ejecta occurred. The explosion of large 
bubbles with a rising gas column and the formation of large green stains were observed 
on the ocean's surface (Talandier et al. 1988). In January 1989, the N/O LE SUROIT 
and the submersible Cyana recorded the second set of in situ observations. While 
Cyana was diving near the summit (200 m depth), the divers, looking through a 
porthole, observed magmatic gas release associated with the eruption of pyroclastic 
debris. On the surface, glowing red gases, probably caused by burning H 2 and colored 
by high-temperature oxidation of FeO to Fe 2 0 3 included in volcanic ash, were also 
frequently observed. Hydrogen sulfide vapors occurred, especially during episodes 
of intense turbulence in the water including bursts of steam and gas discharge. Also, 
a green discoloration of the surface water appeared, spreading over an area at least 
one nautical mile in diameter (Cheminee et al. 1989). The hydro-acoustic waves 
(T waves) detected during this eruption only gave a weak signal. This is an indication 
of the size of an eruption that must be taking place during a strong crisis, as exempli- 
fied by the sequence shown in Fig. 2.13. This will be further discussed in the next sub- 
chapter (Sect. 2.4.1). 
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Explosion start: Macdonald 30 September 1979 



Fig. 2.13. T waves were recorded at the Tuamotu seismic station located at 8oo km from the source. 
The beginning of explosive event during the Macdonald swarm in 1979 was recorded. The figure is 
composed of three frames: The bottom diagram shows an eighty-second time series of the ground 
velocity. Amplitude is marked at the left in p s" 1 peak to peak. The frame on the right-hand side is a plot 
of the amplitude spectrum of the ground velocity record. The main color frame is a spectrogram 
representation of the distribution of spectral amplitude in the record, as a function of time and fre- 
quency. The color coding (or gray shading) is logarithmic, with the key (in dB relative to the most 
energetic pixel) shown at bottom right side of diagram. White pixels correspond to spectral ampli- 
tudes below -40 dB. Note the very high intensity (53 ps _1 ) of the impulsive start of the signal 

2.4.1 

Seismic Swarms 

From 1977 to 1988, a total of twenty-nine seismic swarms on Macdonald were identi- 
fied through detection of T waves by the RSP stations (Talandier and Okal 1982, 1984). 
This network used routinely high magnification (2 x 10 6 at 3 Hz) at the seismic receiv- 
ing stations, which allowed a regular, systematic monitoring of the Macdonald area 
by the Polynesian stations, including Tubuai (1110 km), Rikitea, (Gambiers 838 km), 
Afareaitu (Moorea 1 599 km), and Vaihoa (Rangiroa 1 704 km). The location of the most 
explosive events has a precision of -5 km, leaving no doubt as to the origin of the ob- 
served seismic swarms. On the other hand, no earthquakes at Macdonald have ever 
been detected using conventional seismic waves, because the level of detection in this 
remote area is about Ml = 3.5, and our experience studying the Society hotspot shows 
that the major seismic swarms emanating from volcanic areas could take place below 
this level. Also, seismic tremors could not be detected either, since they are only rarely 
known to be propagated over distances greater than 100 km (see Sect. 2.2.1). 
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Examples of T waves recorded during the start of Macdonald’s explosive activity have 
shown that their principal characteristic is the long duration of the wave-train, which can 
be as long as an hour. Figures 2.2, 2.3 and 2.13 show the hydro-acoustic signal recorded by the 
seismic stations of the Polynesian network for the beginning of the Macdonald explosive 
crises of December 24, 1980, February 15, 1981, and September 30, 1979. They are interpreted 
as being generated by the acoustic pulse resulting from a degassing and a boiling of sea- 
water on the ocean floor during the extrusive phase of submarine eruptions. This mecha- 
nism is made possible by the shallow character of the source. In a deeper environment 
(e.g., Mehetia and Teahitia in the immediate vicinity of Tahiti), the higher ambient pres- 
sure will prevent the existence of a gas phase, and T waves will therefore be absent (see 
Sect. 2.2). Frequently, after a period of inactivity, the impulsive arrivals correspond to ex- 
plosive events accompanying the start of the main phase of some (but not all) of the swarms. 

From its discovery in 1967 until December 1977, no activity was detected on the 
Macdonald. Since then, twenty-four swarms have taken place. The detection capabili- 
ties of the Polynesian network have not improved since 1967; thus, the quiescence of 
the volcano from 1967 to 1977 is real, and similarly, since 1989, no activity has been de- 
tected on the Macdonald by this network. The characteristics of the 1977-1983 swarms 
are summarized in Table 2.3. The 1977 swarm, which started suddenly with explosive 
sequences characterized by a high level of strongly modulated noise amplitude, was 
associated with numerous and short-lived explosive phases. The shortest events oc- 
curred in 1979, except for the event of 1967, which started with very high intensity ex- 
plosive phases followed by regularly decreasing noise intensity over several hours. With 
a sustained noise level marked by the absence of explosive phases, the two swarms of 
December 1980 and February 1981 are comparable. The November 1980 swarm is remi- 
niscent of that of December 1977, with very numerous explosive phases having a short 
duration, and a noise level that is strongly modulated in amplitude. Although it is with- 
out an explosive character, the crisis of December 1980 is marked by a stronger ampli- 
tude fluctuation associated with puffs of noise having a short duration. 



Table 2 . 3 . Summary of volcano-seismic 1977-1983 swarms on Macdonald Seamount 



Date 


Origin time 


Duration 


Characteristics 


29 May 1%7 


03:22 


4 hours 


Weak, Macdonald discovered 


1 1 Dec 1977 


02:30 


5 days 


Strong, explosive sequences 


30 Sep 1979 


12:46 


5 hours 


Intermediate, short lived, intense explosions 


12 Feb 1980 


23:30 


12 hours 


intermediate, sustained noise, few explosions 


10 Nov 1980 


11:09 


21 hours 


Strong, many explosive sequences 


24 Dec 1980 


16:10 


1 3 hours 


Intermediate, explosions 


15 Feb 1981 


16:11 


1 3 hours 


Intermediate, few explosions 


01 Mar 1982 


22:07 


1 1 hours 


Intermediate, few explosions 


OSJun 1982 


04:18 


43 hours 


Strong, explosive sequences 


14 Mar 1983 


17:37 


9 days 


Long and strong, large number of explosions 


17 May 1983 


05:15 


45 days 


Intermediate, few explosions 


27 Oct 1983 


14:12 


1 5 hours 


Weak swarm, but strong explosive sequences 


24 Dec 1983 


21:10 


95 days 


Very strong, longest swarm: no explosions 
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The following swarms were generally more intense. The March 1982 swarm started 
with a progressive increase in the noise level, followed by puffs of stronger amplitude 
and a few explosive sequences. The June 1982 sequence started with sudden, explosive 
events followed by nineteen impulsive sequences, lasting up to eighty seconds with sus- 
tained noise of variable intensity during the whole swarm period. The March 1983 swarm 
started slowly through a series of small explosions with a large number of explosive 
sequences (about 320) lasting up to 100 seconds, and accompanied by strong puffs of high 
amplitude noise, some lasting up to an hour. The May 1983 swarm began more slowly 
with an increase in the noise level, and showed very few explosive sequences; it con- 
sisted mostly of noise, whose amplitude is strongly modulated, and which eventually 
disappears through slow decay. The October 1983 swarm is a short-lived series of twenty- 
two explosive sequences lasting up to ten minutes, accompanied only by low-amplitude 
noise. The December 1983 swarm is marked by a long and intense sequence character- 
ized by the absence of explosive events, and the presence of sporadic noise occurring 
in puffs, which decreases towards the end of the swarm until it dies out. A quasi-continu- 
ous noise level was recorded on Christmas Day. After 2.5 years of an apparently quies- 
cent period, the Macdonald activity started violently on May 20, 1986. With explosive 
starts, the three swarms of May and August 1986, and June 1987 are of relatively short 
duration. Then, a stronger activity period of nearly two years, during which a total of 
200 days of continuous noise separated by only a few quiet sequences, took place. 

Figure 2.14 summarizes the history of activity detected on the Macdonald Seamount 
since 1977. It is clear that the level of activity of the Macdonald Seamount picked up 
sharply in 1987 and 1988. Nevertheless, the total duration of the swarm activity reported 



^ Explosive start 
Many explosive events 




Fig. 2 . 14 . History of the seismic swarm duration at the Macdonald Seamount. The beginning of the 
explosive events and several small explosions (in red ) are indicated. The period from 1967 to 1977 was 
totally quiet 
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here (about 250 days over eleven years) remains low when compared to other Hawai- 
ian-type volcanoes (e.g., Kilauea, Loihi; Klein 1982) or when compared to Teahitia in 
the Society hotspot area. It should also be emphasized, however, that if the extrusion 
took place on the southern flank of the seamount, it would probably go undetected by 
our stations to the north. Moreover, the activity concentrated inside the crater might 
inhibit the development of oceanwide T waves. In addition, activity at a weak level 
following or preceding swarms could also have gone undetected. 

The evolution observed in the last few months of 1988 has gone from swarms due to 
explosive sequences to that of the latest swarm of only sustained noise without explo- 
sions, and this is reminiscent of the pattern observed at other volcanic sites. This is the 
result of a general weakening of the seismic signature after the final fountaining phases 
of lava extrusion has taken place. An example of this would be the development of a 
seismic swarm with high and low frequency tremors on the Teahitia Seamount. The 
intensity and characteristics of the activity during 1987 and 1988 on the Macdonald 
suggest that an intense phase of volcanic extrusion was then taking place. In conclu- 
sion, the seismic detection of hydro-acoustic waves from the Macdonald Seamount has 
revealed an intense activity between 1979 and 1988, and especially in 1987 and 1988. 

2.4.2 

Bathymetric Surveys of the Macdonald Seamount 

The bathymetric surveys of the Macdonald Seamount comprise at least six expedi- 
tions by R. H. Johnson on R.V. HAVAIKI, ARGO, KAWAMEE in 1969-1975, four visits 
by French ships: the Navy-patrol boat LA PAIMPOLAISE on June 7, 1981, the R.V. 
MARARA on January 21, 1982, the Navy escort-ship ENSEIGNE DE VAISSEAU (E.V.) 
HENRY on July 30, 1983, the R.V. MARARA in April 1986, and three cruises by the F.S. 
SONNE in 1987 (Stoffers et al. 1989) and the N.O. LE SUROIT in 1989 (Cheminee et al. 
1991) (Fig. 2.15). Johnson’s (1970) surveys identified a shallow pinnacle topping at 49 m 
below the surface, which was explored by scuba divers during the 1975 expedition. 



Fig. 2.15. Bathymetry of 
Macdonald Seamount with 
100 m contour lines (courtesy 
of A. Bonneville) 



28*50'$ 



29 'GO'S 



29’10'S 




140* 10W 



140*20 'W 
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In 1981, LA PAIMPOLAISE reported a 27 m sounding; however, this ship has a rather 
poor navigation system. In 1982, the satellite-navigated R.V. MARARA mapped the 
summit of the seamount as a plateau extending approximately 100 x 150 m, at depths 
ranging from 34 to 50 m below the surface. A pinnacle at 29 m depth with an elliptical 
shape of about 30 x 50 m was recognized on the NW side of the plateau (28°59'5 M S, 
i40°i5'io M W) (Fig. 2.16a). The horizontal precision of the site location was estimated 
at 200 m. The general bathymetry of the area surveyed by R.V. MARARA is in good 
agreement with that obtained by the R.V. KAWAMEE (1973 and 1975). Nevertheless, a 



Macdonald Seamount 




28°59'00" 



140°15 , 30" 



14°15'00" 



28°59'30" 



Fig. 2.16. a Bathymetric survey conducted on the summit of Macdonald Seamount recorded by the 
R.V. MARARA (January 1982). The coordinates were obtained by the ship’s satellite navigation sys- 
tem. The inset at the lower left is a reproduction of KAWAMEE’s 1973 survey (Johnson 1980) 



Fig. 2.16. b photograph of a 
spatter cone located on the 
summit of the Macdonald 
taken by scuba divers from 
the E.V. HENRY in July 1983, 
at a depth of 40 m 
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comparison of the two surveys shows fundamental differences. For example, the pre- 
cise location of the submittal plateau has moved approximately 500 m to ESE. This fig- 
ure is approximately twice as precise as the figure presented by the KAWAMEE’s navi- 
gation system but may not be significant. More importantly, the R.V. MARARA data 
shows the submittal plateau to be extending over a distance of about 150 m for an av- 
erage depth of 40 m (with many soundings being shallower than 49 m), and this in- 
formation was not shown in the KAWAMEE’s survey. The pinnacle depth reported by 
Johnson may correspond to the 48 m depth and is located on the SE end of the plateau 
(Fig. 2.16a). However, it is unlikely that Johnson’s repeated surveys would have consis- 
tently overestimated the depth of the submittal plateau by a factor of 2. It is also un- 
likely that he would have missed an existing pinnacle at 29 m depth, given the density 
of tracks in the immediate vicinity of the summit (Johnson 1980). In addition, the 
echogram profiles taken across the structure (Johnson 1980) are incompatible with 
MARARA’s chart. We are thus led to propose that the pinnacle at 29 m depth did not 
exist at the time of Johnson’s last survey in 1975, and similarly, that the submittal pla- 
teau rose significantly between 1975 and 1982. 

In 1983, E.V. HENRY confirmed the presence of the pinnacle, within a 27 m sound- 
ing depth. A team of scuba divers explored the central part of the summit plateau at an 
average depth of 40 m. They identified a fissure with fresh walls and spatter cones made 
up of scoria-like lava on either side of this rift, about 3mm diameter and 6 m high 
(Fig. 2.16a, b). These are not covered with algae, and their summits do not exhibit a cav- 
ity. It is probable that they were created by lava ejected from the nearby fissure. No such 
formations were described by the scuba divers on the 1975 expedition. The absence of 
glass from lava dredged on the pinnacle and from the summit plateau and a dredging 
of coral fossils have suggested that both structures were formed in the Pleistocene pe- 
riod, above sea level, and were later sunk by a combination of erosion and eustatic sea- 
level rise. This would not be possible for the fresh spatter cones observed in 1983. 

In 1986, divers from the R.V. MARARA found a spatter cone several meters high made 
up of a friable, scoria-like, vesicular rock in the area of the 27-meter-deep pinnacle pre- 
viously observed (Figs. 2.16a, b and 2.17a, b). The submarine photographs taken by divers 
showed numerous recent structures with hydrothermal deposits (Fig. 16b) and spatter 
cones in the process of edification (Reymond 1986) (Fig. 2.17a). The spatter cone ob- 
served in 1986 was 42 meters deep (Figs. 2.16a and 2.17a), and its vertical vent has 
emerged on top of a conical pile of blocks and debris that covers an area of more than 
10 meters in diameter. The blocks and debris at the base seem to have originally been 
part of the cone’s peak, so the cone has apparently slumped. However, the volume of 
debris does not seem to coincide with the tens of meters missing from the top (Reymond 
1986). It is obvious that there has been a rapid evolution of this structure, and we are 
left with questions as to the original height of this cone and its underlying plateau 
(Figs. 2.16b and 2.17a). 

2.5 

Summary and Conclusions 

The volcano-seismic activity of the Society hotspot area has been monitored more 
closely than that of the Austral hotspot. This is due to the proximity of the Society 
hotspot to the Tahiti and the Rangiroa stations of the Polynesian Seismic Network 
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Fig. 2 . 17 . a Sketched cartoon 
of the volcanic and hydrother- 
mal morphology observed by 
the IRD scuba divers at the 
summit of Macdonald in 1986; 
b detail of the highest spatter 
cone was hand drawn (Rey- 
mond 1986); c bottom photo- 
graph of a collapsed tubular 
flow associated with ocher 
Fe-Si-Mn hydrothermal 
precipitates 





(RSP). Nevertheless, and in spite of the large distance from the receiving stations, 
T waves still allow an efficient and effective, although less complete, monitoring of 
Austral hotspot. However, and unlike the Mehetia and Teahitia Volcanoes for which 
the different volcano-seismic crises can be analyzed in detail, only the last stage of 
the eruptive process is recorded for the Macdonald Seamount. Unfortunately, the as- 
cent of magma and its transit in that particular volcanic edifice has, up to now, com- 
pletely escaped observation. 
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2.5.1 

Society Hotspot 

The seismic swarms at Mehetia and Teahitia are representative of magmatic phenomena, 
which have culminated for each crisis with volcanic submarine eruptions. This volcanic 
activity and the much weaker swarms at Moua Pihaa and Rocard Seamounts in 1969 and 
1972 prove that the Society hotspot is alive and active to the east of Tahiti Island. 

These seismic crises clearly indicate eruptive processes. The ascent of magma comes 
from deep regions, where the viscous nature of the medium prevents a strong stress 
release, or in other words, where no earthquakes are possible. Within the context of 
the Society hotspot, the first two crises in 1981 at Mehetia and in 1982 at Teahitia took 
place after a long quiet period. Since they were very close to one another in time and 
space, they are therefore likely to have a common origin. We can summarize the com- 
mon characteristics of these two crises as follows: (1) The initial seismic swarm is com- 
posed of a large number of small, deep earthquakes which are spatially concentrated, 
and this seismicity then becomes more widespread as it moves upwards towards the 
surface; (2) the migration of seismic activity is nearly vertical; (3) the seismic crises 
occur suddenly, and they are relatively short lived and isolated without any advance 
seismic manifestations. An ascent of pockets of magma that have separated themselves 
from the viscous mantle and become more diffuse towards shallower depths could 
explain this process of seismic migration and its temporal and spatial distribution. 
Finally, the fact that the first two crises occurred within a one-year interval (at Mehetia 
in March, 1981 and Teahitia in March, 1982) suggests that the magmatic origin is much 
deeper than the horizontal distance of 90 km that separates these two volcanoes. 

The recent activity on Mehetia and Teahitia is interpreted as being an episode in 
the ongoing process of building the next major volcanic edifice along the Society Is- 
land chain. Despite the fact that only Mehetia has succeeded in rising above sea level, 
three other sites (Moua Pihaa, Rocard, and especially Teahitia) are active, and extend 
over an area of about 4 800 km 2 (Fig. 2.4). The spatial distribution of volcanism in the 
Windward group of the Society Islands is arranged along two lines that are roughly 
parallel to the absolute motion of the Pacific Plate. (1) The northern line passes through 
Mehetia, Rocard, Teahitia, and Tetiaroa. Also, the small atoll of Tetiaroa located 50 km 
north of Tahiti may represent an edifice constructed during the previous stage of ac- 
tivity of the Society hotspot, and it has later been moved by lithospheric sinking un- 
der the load of the neighboring and larger Tahiti Volcano. (2) The second line, about 
60 km to the south, comprises Moua Pihaa, the Tairapu Peninsula (Tahiti-Iti), Tahiti, 
and Moorea. This situation is similar to that of the presently active Hawaiian volca- 
noes, where two volcanic lines 30 km apart were reported. These lines extend from 
Haleakala to Kilauea and from Kahoolawe to Loihi, as reported by Jackson et al. (1972). 
Although an explanation has yet to be found for this fascinating pattern, it could be a 
common property of Hawaiian type hotspot constructional island chains. 

In the absence of systematic archives, it is extremely difficult to compile a long-term 
history of the seismicity of the Society hotspot, and it is even more difficult to estimate 
the possible recurrence rate of its volcanic activity. There have been several accounts 
of earthquakes felt by the people residing on the island of Tahiti, as well as in the 
Polynesian legends, which mention large fires on the island of Mehetia. However, an 
isolated account of experiencing an earthquake could also be due to a distant high 
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magnitude earthquake such as the one that occurred in Tonga and was felt in Tahiti 
through its T waves (Talandier and Okal 1979). On the other hand, Lespinasse (1919) pro- 
vided a report of an earthquake swarm that was felt on Tahiti more than 80 years ago: 

Numerous earthquakes of variable intensity were felt starting November 21st [1918], and up to the 

end of the year. Some days, seismic tremors were felt every hour. 

Such a swarm seems to have similar characteristics to the 1985 Teahitia activity, 
where numerous earthquakes of magnitude Ml> 3.5 were felt. However, only a few 
earthquakes were felt during the 1981-1984 crises. This suggests that the Tahiti-Mehetia 
(Society hotspot) area is experiencing a large-scale period of volcanic activity. A sixty- 
three-year long period of quiescence, as suggested by this report and by the lifetime 
of the seismic network, falls within the broad range of observed recurrence of erup- 
tions on the moderately active Hawaiian volcanoes. 

The volcano-seismic activity of the Society hotspot would have gone undetected if 
seismic instrumentation on the nearby islands did not exist. None of the numerous 
events reported here were able to be detected at teleseismic distances. In the absence of 
systematic monitoring of lower magnitudes, the events that were felt and reported might 
have been mistaken for isolated earthquakes of tectonic origin. This raises the ques- 
tion of the real level of underwater volcanic activity in remote ocean basins. However, 
in situations where the active seamount has grown to shallow depths (e.g., Macdonald 
Seamount) and when the seamount has penetrated the SOFAR channel, adequate de- 
tection is possible through T waves even at large distances. 

However, if the seamount is small or if eruptions have occurred at large depths, de- 
gassing or water vaporization will be absent and no acoustic wave will penetrate the 
SOFAR channel. Thus, volcanic episodes can only be detected if the seismicity is above 
the worldwide detection level of mb = 4.5. Fast-spreading ridges such as the East Pacific 
Rise are an example of extremely active underwater volcanism; nevertheless, the events 
occurring there are not routinely detected. Hence, it is likely that our knowledge about 
the distribution of active volcanoes on the ocean floor is still quite limited, which leads 
us to the conclusion that intraplate volcanism is probably more prominent than thought. 

The above discussion suggests that unsuspected numbers of active volcanoes on 
the floor of the world’s oceans must exist. For instance, it is unknown if the Marquises 
hotspot archipelago is currently active. This is a distinct possibility, but its distance 
from any seismic station (about 800 km away from the Rangiroa Atoll stations) is too 
great to record even small earthquakes. Furthermore, if the submarine eruptions are 
too deep, as was the case for Mehetia in 1981 and Teahitia in 1982-1985, they will be 
undetectable because no T waves will be generated. 



2.5.2 

Austral Hotspot 

A combination of seismic detection and geological exploration of the Macdonald Sea- 
mount has provided the following information: (i) there has been intense volcano- 
seismic activity from 1977-1988, picking up significantly during 1987 and 1988; (it) the 
highly probable swelling and upwelling of the submittal plateau as well as the pres- 
ence of a central pinnacle now reaching to the ocean’s surface was observed; (iii) recent 
Assuring and spatter cones, probably due to violent ejections, have been identified; 
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(iv) the occurrence of hydrothermal activity during the quiescence of the volcano 
(Figs. 2.17a and 2.17b) as well as the absence of explosive phenomena at the start of 
the most recent swarms was noted. Both events suggest the permanence of superficial 
magmatic activity; (v) the possible formation of a future dome or crater at the loca- 
tion of the central pinnacle is likely. 

At this stage, it is possible to speculate about the eventual emergence of the 
Macdonald Seamount in the near future. The evolution of volcano-seismic activity, as 
evidenced by the various surveys made at seven-year intervals, suggests that the 
seamount’s emergence could occur relatively rapidly. However, if a small edifice such 
as the spatter cones (Figs. 2.16b and 2.17a) should emerge, it is likely that such a frag- 
ile construction would be rapidly swept away by the oceanic swell. The durable for- 
mation of an island would involve a large, massive and continuous underwater mag- 
matic upwelling and eruption in a relatively short period of time. This is always pos- 
sible, but the absence of a seismic crisis from 1967 to 1977 and then again from 1989 to 
2002 indicates that at present, Macdonald’s magmatic activity is rather sporadic. Fi- 
nally, the dredging of coral fossils at depths of 151 and 283 m (R.V. MELVILLE, Helios 
expedition, Dredge #2, H. Craig 1987, personal communication) suggests that the edi- 
fice has previously emerged during the last glacial period. This, also, suggests that the 
growth of Macdonald’s main edifice is relatively slow. 

2.5.3 

General Conclusions 

The detailed study of the volcano-seismic activity of the Society and Austral hotspots 
during the last forty years shows the large diversity of manifestations associated with, 
resulting in, or caused by magmatic intrusions. Extending our study to include what is 
observed at Hawaii, Pitcairn and on Reunion Island, we have obtained an overview that 
confirms the specificity of the external manifestations for each of these hotspots. On 
the basis of approximately fifty years of observations, we have attempted to summa- 
rize (Table 2.4) the main features of the development of activity for these hotspots. We 

Table 2.4. Generalities on the development and seismic activity of intra oceanic hotspots 



Magmatic activity Origin seismicity 3 







Magmatic 


M 


Tectonic 


M 


Hawaii 


Quasi continuous 


Considerable 


£6,0 


Considerable 


£65 


Society* 


Sporadic by strong and short crisis 


Important 


£4.0 


Moderate 


£4.4 


Pitcairn d 


Sporadic by strong and short crisis 


Important 


£4,6 


Moderate 


£4.7 


Austral 0 


Sporadic by crisis of mean duration 


Weak 


<3.5 


Weak 


<3.5 


Reunion 


Quasi continuous 


Weak 


<2.5 


Weak 


<3.5 



a The distinction between 'magmatic' and 'tectonic' origin is sometimes ambiguous in particular in 
Hawaii. M is the magnitude scale mb or local Ml generally recalled on mb. 
b Essentially for Kilauea and Loihi from 1 973 to 1 990: 278 earthquakes of M > 3.0; 24 > 5.0 and 3 > 6.0. 
c For Mehetia and Teahitia region from 1 973 to 1 990: 1 00 earthquakes of M> 3.0 and 6 > 4.0. 
d The 2001/2002 crisis is considered. 

e The limit of magnitude is based on the detection threshold of Macdonald earthquakes by the RSP. 
It is probably that magnitude of 3.5 is not attained. 
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can distinguish between the so-called ‘magmatic’ seismicity that is the direct result of 
magmatic transfers from that of the so-called ‘tectonic’ seismicity associated with iso- 
static readjustments. Tremors, which must be distinguished from earthquakes, are also 
systematically and directly associated with the eruptive process; however, due to a lack 
of sufficient documentation, the tremors are not taken into account on this table 
(Table 2.4). 

To conclude, although the volcano-seismic activity of the Society hotspot has been 
documented in far more detail than for other regions of the world’s oceans, our present 
observations are still limited to a relatively short contemporary time period. It is obvious 
that we are unable to predict the behavior of hotspots over a more extensive time period. 

Acknowledgements 

I am extremely grateful to Emile Okal who has extensively participated in the differ- 
ent studies that were the basis of this article. Many thanks to Roger Hekinian for his 
advice and assistance with the manuscript and especially to Ginny Hekinian who cor- 
rected this manuscript with a great deal of patience. I also wish to thank Alain 
Bonneville, who kindly drew and compiled the maps, as well as Dominique Reymond 
and Olivier Hyvernaud for their research in the archives of the “Laboratoire de 
Geophysique” in Tahiti. 

References 



Aki K (1979) Characterization of barriers on an earthquake fault. J Gephys Res 84:6140-6148 
Aki K, Koyanagi RY (1981) Deep volcanic tremor and magma ascent mechanism under Kilauea, Ha- 
waii, Characterization of barriers on an earthquake fault. J Gephys Res 86:7095-7109 
Aki K, Fehler M, Das S (1977) Source mechanism of volcanic tremor: Fluid-driven crack models and 
their application to the 1963 Kilauea eruption. J Volcanol Geotherm Res 2:259-28 7 
Butler R (1982) The 1973 Hawaii earthquake: A double earthquake beneath the volcano Mauna Kea. 
Geophys J Roy Astr Soc 69:173-186 

Cheminee JL, Hekinian R, Talandier J, Albarede F, Devey CW, Francheteau J, Lancelot Y (1989) Geol- 
ogy of an active hot spot: Teahitia-Mehetia region in the South Central Pacific. Marine Geophys 
Res 11:27-50 

Cheminee JL, Stoffers P, McMurtry G, Richnow H, Puteanus D, Sedwick P (1991) Gas-rich submarine 
exhalations during the 1989 eruption of Macdonald Seamount. Earth Planet Sci Let 107:318-327 
Chouet B (1981) Ground motion in the near field of a fluid-driven crack and its interpretation in the 
sudy of shallow volcanic tremor. J Gephys Res 86:5985-6016 
Chouet B (1985) Excitation of a buried pipe: A seismic source model for volcanic tremor. J Gephys Res 
90:10237-10247 

Dietz RS, Sheehy MJ (1954) Transpacific detection of Myojin volcanic explosions by underwater sound. 
Geol Soc Amer Bull 65:941-956 

Eaton JP, Murata KJ (1962) How volcanoes grow. Science 132:925-938 

Einarsson P, Brandsdottir B (1984) Seismic acitivity preceding and during the 1983 volcanic eruption 
in Grimsvotn, Iceland. Jokull 34:13-23 

Ewing M, Woollard GP, Vine AC, Worzel JL (1946) Recent results in submarine geophysics. Geol Soc 
Amer Bull 57:909-934 

Jackson ED, Silver EA, Dalrymple GB (1972) Hawaiian-Emperor Chain and its relation to Cenozoic 
circum-Pacific tectonics. Geol Soc Am Bull 83:601-617 
Johnson RH (1970) Active volcanism submarine in the Austral Islands. Science 167:977-979 
Johnson RH (1980) Seamounts in the Austral Islands region. National Geographic Society Research 
Reports 12:389-405 

Klein FW (1978) Hypocenter location program HYPOINVERSE. U.S. Geol Surv Open File Rep 78: 
694-735 




Chapter 2 • Seismicity of the Society and Austral Hotspots in the South Pacific 71 



Klein FW (1982) Earthquakes at Loihi submarine volcano and the Hawaiian hot spot. J Gephy Res 87: 
7719-7726 

McNutt SR (1983) A review of volcano seismicity. EOS Trans Am Geophys Union 64:265 
McNutt SR (1986) Observations and analysis of B-type earthquakes, explosions and volcanic tremor 
at Pavlov Volcano. Bull Seismol Soc Amer 76:153-175 
McNutt SR, Harlow DH (1983) Seismicity at Fuego, Pacaya, Izalco and San Cristobal Volcanoes. Cen- 
tral America Bull Volcanol 46:283-297 

Norris A, Johnson RH (1969) Submarine volcanic eruptions recently located in the Pacific by SOFAR 
hydrophones. J Geophys Res 74:650-664 

Okada H, Watanabe H, Yamashita H, Yokoyama I (1981) Seismological significance of the 1977-1978 
eruptions and the magma intrusion process of Usu Volcano, Hokkaido. J Volcanol Geotherm Res 
9:3n-334 

Okal EA, Talandier J, Sverdrup KA, Jordan TH (1980) Seismicity and tectonic stress in the southcentral 
Pacific. J Geophys Res 85:6479-6495 

Reymond D (1986) Mission de reconnaissance du Macdonald. Rapport CEA/LDG/PAC 
Stoffers P, Botz R, Cheminee JL, Devey CW, Froger V, Glasby G, Hartmann M, Hekinian R, Kogler F, 
Laschek D, Larque P, Michaelis W, Muhe R, Putanus D, Richnow HH (1989) Geology of Macdonald 
Seamount: Recent submarine eruption in the South Pacific. Mar Geophys Res 11:101-112 
Talandier J (1989) Detection, monitoring and interpretation of submarine volcanic activity. EOS Trans 
Am Geophys Union Transactions American Geophysical Union 70:560-568 
Talandier J (1993) French Polynesia Tsunami Warning Center (CPPT). Natural Hazards 7:237-256 
Talandier J, Kuster GT (1976) Seismicity and submarine volcanic activity in French Polynesia. J Geophys 
Res 81:936-948 

Talandier J, Okal EA (1979) Human perception of T waves: the June 22, 1977 Tonga earthquake felt on 
Tahiti. Bull Seismol Soc Amer 69: 1475-1486 

Talandier J, Okal EA (1982) Crises sismiques au volcan Macdonald (Ocean Pacifique Sud). C R Acad 
Sci Paris Ser II 295: 195-200 

Talandier J, Okal EA (1984a) The volcanoseismic swarms of 1981-1983 in the Tahiti-Mehetia area, 
French Polynesia. J Geophys Res 89:11216-11234 

Talandier J, Okal EA (1984b) New surveys of Macdonald Seamount, Southcentral Pacific, following 
volcanoseismic activity, 1977-1983. Geophys Res Lett 11:813-816 
Talandier J, Okal EA (1987a) Seismic detection of underwater volcanism: the example of French 
Polynesia. Pure Appl Geophys 125:919-950 

Talandier J, Okal EA (1987b) Crustal structure in the Tuamotu and Society Islands, French Polynesia. 
Geophys J Roy Astr Soc 88:499-528 

Talandier J, Okal EA (1996) Monochromatic T waves from underwater volcanoes in the Pacific Ocean: 
Ringing witnesses to geyser processes? Bull Seismol Soc Amer 86:1529-1544 
Talandier J, Okal EA (1998) On the mechanism of conversion of seismic waves to and from T waves in 
the vicinity of island shores. Bull Seismol Soc Amer 88:621-632 
Talandier J, Okal EA (2001) Identification criteria for sources of T waves recorded in French Polynesia. 
Pure Appl Geophys 158:567-603 

Talandier J, Okal EA, Craig H (1988) Seismic and in situ observations of Macdonald Seamount erup- 
tion. 11 October 1987. EOS Trans Am Geophys Union Trans Amer Geophys Un 69:258-259 




Chapter 3 



A Global Isostatic Load Model and its Application 
to Determine the Lithospheric Density Structure 
of Hotspot Swells 

F. Avedik • F. Klingelhofer • M. D. Jegen • L. M. Matias 



3.1 

Introduction 

The concept of “continental drift” advocated by A. Wegener from about 1912 until his 
death in 1930 was based on geological observations and (for those times) modern prin- 
ciples of isostasy. His idea about the “wandering continents” was complemented and 
strengthened later on by important notions, among which were the rejuvenation of 
the oceanic lithosphere and its absorption in the inner Earth after subduction that 
later evolved as the theory of “plate tectonics” and gained general acceptance in the 
1970s. Plate tectonics introduced the radically new notion in geodynamics of the large 
horizontal motion of about 100 km thick lithospheric plates that were gliding on their 
substratum, the asthenosphere. The dynamics of the plates, thought to be driven by 
convection currents in the asthenosphere, determines the relief of the Earth’s crust. 

The particularly well-observed, large-scale vertical motions of the crust in the oce- 
anic basins shed a new light on the thermal control of the density changes in the litho- 
sphere. T. Crough, dealing with the topography of the ocean floor, wrote in 1983, “Den- 
sity is apparently so sensitive to temperature that an average change of 600 °C in a 
100 km thick lithosphere can change the surface elevation by 3 km, thus causing the 
observed sea-floor subsidence from the ridge crest to the old oceanic basins.” More- 
over, numerous hotspot-generated regional elevations of the crust and active volcanoes 
are frequent in the oceanic area but also present on land, and these provide further tes- 
timony to the importance of the thermal control of the density in the lithosphere. 

In view of the multiplicity of thermo-mechanical stresses that the lithospheric plates 
are subject to, it is of primary interest to examine what the scheme of their internal 
equilibrium is, particularly when responding to these stresses. 

Considering the geodynamics of the continental and oceanic lithosphere, it appears 
plausible to assume that the isostatic compensation scheme is not uniform. The rec- 
ognition of the fact that the Earth’s crust rigidity also contributes to compensate for 
smaller elements of the topography adds to the complexity in elucidating the mecha- 
nisms of isostasy. 

The isostatic equilibrium of large-scale topographic features of the oceanic lithos- 
phere and the search to relate and link the different compensation mechanisms act- 
ing in the continental and oceanic part of the lithospheric plate have led us to pro- 
pose a generalized notion of isostasy and an isostatic load model, which combines the 
Airy and Pratt compensation schemes in the frame of plate tectonics. 

The application of this model allows us in turn to investigate and to describe how 
the density distribution in the lithospheric plate is associated with the major tectonic 
features that control the regional geology at land and in the oceanic areas. 

R.Hekinian et al. (eds.), Oceanic Hotspots 
© Springer- Verlag Berlin Heidelberg 2004 
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The following discussion is divided into two parts. In the first part (see Sects. 3.2 
and 3.3), we shall present our model and discuss the choice of model parameters. In 
the second part (see Sect. 3.4), applying this model, we determine and comment on 
the density distribution in the lithospheric plate associated with tectonic features of 
the ocean floor, with a special emphasis on structures generated by hotspot activity. 

3.2 

Isostasy of the Lithospheric Plate 

3.2.1 

Lithostatic Load 

The pressure exerted by a column of rock and/or water at any depth H is the lithostatic 
pressure and expressed by an n-layered model is 

P = gtpihi (3-i) 

i = 1 

where p, and h { are the ith layer density and thickness. 

The densities can be conveniently determined from empirical seismic velocity and 
density relationships and from high-pressure/high-temperature laboratory experi- 
ments such as, for example, the work of Ludwig, Nafe and Drake (1970) and Birch (1961). 
In this paper the polynomial approximation used is 

p = -0.6997 + 2.2302 a- 0.598a 2 + 0.07036a 3 - 0.0028311a 4 

where a is the P - wave velocity (in km s" 1 ) derived from refraction and wide angle re- 
flection experiments and the resulting density is in g cm -3 . 

As the gravity acceleration “g” can be considered constant down to 200 km depth 
with an error less than 1%, the lithostatic load (L) in the lithosphere may be defined 
as the product of layer density and thickness only. 

To avoid additional conversion factors, we will express density and thickness in 
g cm" 3 and km, which gives the lithostatic load in 100 kg cm" 2 units. Multiplying the 
lithostatic load by 9.8 m s" 2 , one obtains the lithostatic pressure in MPa. 

Let us now look briefly at the differences of lithostatic load and gravity potential 
field, which are both governed by the density of the subsurface. 

For a 1D model, the gravity effect and the lithostatic load are identical except for a 
constant. The gravity effect of a layered model 

n 

Ag = 2jt YZpA 

1=1 

is thus proportional to the sum of the loads. 

The sensitivity for both the 1D gravity and load model to the density of a layer are 
proportional to the thickness of the layer and independent of its depth. 

For a two-dimensional or three-dimensional model, the response of the two meth- 
ods is different. For the isostatic load model, we assume that the load is determined 
by the underlying vertical density variation only. Thus, the horizontal changes in den- 
sity can be represented by a series of one-dimensional models. This assumption is 
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reasonable, since the Earth is plastic and horizontal forces are small when compared 
to vertical forces. The isostatic balance means that rock columns at different locations 
must exert the same pressure at a given depth. 

For the gravity methods, the response depends on the two-dimensional or three-di- 
mensional density variation, i.e., it depends on the density distribution underneath and 
around the station. A multidimensional density anomaly will cause a response that de- 
pends not only on the density contrast, but also on the distance and depth from the 
observation point. 

It is not only of historical interest to remember the origin of the theory of isostasy 
and the concepts of crustal mass compensation. Beginning in 1850, gravity measure- 
ments were made on the Himalayan mountains over a large range of elevations. The 
corresponding calculated Bouguer anomalies were largely negative over high elevations. 
Moreover, their magnitude appeared to be a systematic function of the terrain eleva- 
tion. These results corroborated the findings of earlier plumb line deflection measure- 
ments in the Andes and Himalayas, which showed that the observed deflections were 
smaller than the calculations, because they assumed a uniform density for the earth. 

Later, both series of observations led to the suggestion that the Earth’s crust must 
be less dense under the mountains and by analogy under the continents than in oce- 
anic areas where the surface elevation is low. This systematic variation of the Earth’s 
crustal density related to elevation was termed “isostasy”. 

These discoveries led Airy and Pratt to publish their rivaling theories of isostasy in 1855. 

Airy postulated that the Earth’s rigid crust of constant average density floats on a 
denser fluid substratum of constant density. In his concept the surface elevations, the 
mountains, are supported by the buoyancy of the thickened lower crust forming crustal 
“roots” (Fig. 3.1). 

Considering the hydrostatic type equilibrium of the lithostatic load, Airy’s isostatic 
compensation is expressed by 



p c h = R(p L -p c ) (3.2) 

where h is the surface elevation, R the thickness of the compensating “root”, and p c 
and p L are the densities of the crust and the substratum, respectively. In oceanic areas 
where the topography is covered with water, the equilibrium is expressed by 



h(p c -p w ) = R(p L -p c ) 



( 3 - 3 ) 



Fig. 3.1. Principles of isostasy 
after Airy and Pratt 




Pratt 



Airy 
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Thus, Airy’s type of isostatic compensation concept suggests that the compensa- 
tion depth is variable and is considered generally to correspond to the base of the 
deepest “root” in the area of interest. 

In Pratt’s vision of isostasy, the lighter crust also floats on a denser substratum, but 
contrary to Airy, the lower boundary of the crust is horizontal and at a uniform depth, 
the “depth of compensation”. To achieve equilibrium of the lithostatic load, Pratt pos- 
tulates a lateral variation of density in such a way that under crustal elevation, the 
material between the depth of compensation and the surface is assumed to be lighter 
than under areas of topographic depression (Fig. 3.1). The Pratt type of isostatic com- 
pensation is then expressed by 

p(H 0 +h) = p 0 H 0 (3.4) 

where p is the variable density, H 0 the compensation depth, h is the surface elevation 
and p 0 is the reference density. To define the most probable depth of compensation, 
the isostatic gravity anomalies were calculated for stations with a wide range of el- 
evation using different compensation depths. The smallest calculated isostatic anoma- 
lies were considered to indicate the accurate compensation depth, which was found to 
be approximately 100 km. 

For the past 150 years, the Airy and Pratt hypotheses have offered principles that 
can explain gravity observations, and based on gravity results alone, one could hardly 
discriminate between the pertinence of one or the other theory. However, as time 
passed, doubts emerged about the general validity of the individual concepts. Airy’s 
hypothesis, for example, appears to be more realistic in explaining the geological struc- 
tures observed in the case of collisional tectonics, while Pratt’s concept better explains 
the higher density of the oceanic substratum deduced from the higher velocity of earth- 
quake waves. On the other hand, Pratt’s “about 100 km thick crust” was not supported 
by the emerging results of seismic experiments. 

Because of today’s vision of geodynamics brought up by plate tectonics and the 
knowledge we have gained about the thermal structure in oceanic basins as well on 
land, the established opinion nowadays is that neither of these hypotheses alone fully 
explains the observations. 

Let us close this section with Alfred Wegener’s statement, written in 1915: “... die 
richtige Deutung diirfte in einer Verbindung beider Vorstellungen zu finden sein ...” 
(...the correct explanation would probably be a combination of both concepts ...). 

3.2.2 

The Generalized Equation of Isostatic Load 

Since Airy and Pratt formulated their hypotheses concerning the hydrostatic equilib- 
rium of the crust approximately 150 years ago, the concept of plate tectonics and the 
importance of the thermal structures of the lithosphere related to these dynamics have 
considerably changed our perception of geodynamics. 

These discoveries raise the question about the isostatic equilibrium in a lithospheric 
plate and the transition between the different mechanisms of isostasy. 

To illustrate our approach, let us consider a mature cold lithospheric plate with a 
thickness H situated at sea level. The crustal part of the plate with the thickness h c has 
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a block with an elevation ( h ) compensated by a “root” R according to the Airy com- 
pensation model. We assume that the base of the lithospheric plate is a compensation 
level. The terminology used in the following discussion is illustrated in Fig. 3.2. 




Compensation depth 



Ocean 



(Oceanic and continental) 
Crust 



(Sub-crustal) 

Lithosphere 



Moho 



p A Asthenosphere 



A 

Fig. 3.2a. Schematic diagram 
of a lithospheric plate 



► 

Fig. 3.2b. Explanation of the 
symbols and terms used in 
this study 
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The Airy compensation requires that 

f \ 



h= 
and 
R = 



1 

Pc , 



R 



' Pc ' 



Pl~P< 



'ey 



(3-5) 



(3.6) 



where h and R are the surface elevation and the compensating “root”; p c and p L are 
the crust’s and cold sub-crustal lithosphere’s density. 

Then, 



Hp 0 =(h + h c + R)p c + (3.7) 

expresses the Airy type of compensation of the crust embedded in the lithospheric 
plate. When the plate passes over a thermally anomalous part of the asthenosphere 
such as a hotspot, the temperature within the sub-crustal lithosphere increases (re- 
heating) and/or part of the lithosphere is replaced by the upwelling asthenosphere 
(lithospheric thinning, Crough 1978). Both processes lead to a decrease of the average 
density of the sub-crustal lithosphere from p L to p L . We assume that the doming of 
the crust passively follows the sub-crustal lithospheric thermal expansion h t and that 
isostatic load balance is maintained. Thus, the thermal expansion of the sub-crustal 
lithosphere must be associated with an elevation h t of the surface. 

Such a compensation scheme is described by Pratt’s equation. Applying this rela- 
tion to the lithosphere gives 



Pl - (^l + 



(3.8) 



and 



h t =h L 



f ~ \ 

Pl-Pl 

K PL y 



(3.9) 



where p L is the average sub-crustal lithospheric density and h t the thermally induced 
surface elevation. They represent the variable parameters, while p L and h L represent 
the lithospheric density and thickness and are the reference parameters in Pratt’s equa- 
tion. 

The total thickness of the plate including the tectonic and thermal surface eleva- 
tions is 



H+(h + h t ) = H + H E 
and 



(3-io) 



H+H E =(h + h c +R) + (h L +h t ) 



(3-n) 
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Including the total plate thickness H + H E in Pratt’s equation, we have 
(H + H E )p 0 = (h + h c + R)p c + (h L + h t )p L (3.12) 

thus, the generalized equation of the isostatic load is 

H c p c + H L p L = H 0 p 0 = const. (3.13) 

where 

■ H c -h + h c + R is the total crustal thickness (including the water layer when applicable); 

■ H l = h L + h t is the total sub-crustal lithospheric thickness; 

■ p c is the crustal density; 

■ p L is the variable average sub-crustal lithospheric density; 

■ p 0 is the constant reference density; and 

■ H 0 is the uniform depth of compensation level relative to sea level. 



This equation of isostatic load expresses the combination of the Airy and Pratt compen- 
sation schemes in the frame of plate tectonics and offers a general description of the isostat- 
ic compensation mechanisms in the lithospheric plate. These mechanisms operate in such 
a way that the sum of the crustal and lithospheric load remains constant at a uniform com- 
pensation depth. The important role the crustal load plays in the evolution of the average 
sub-crustal lithospheric density is implicitly expressed by the isostatic load equation. 

Since the general acceptance of plate tectonics in the 1970s, the thermal state of the litho- 
sphere is viewed as a first order parameter. Since the density of the sub-crustal lithosphere 
is directly related to its temperature, the determination of the density distribution in the 
lithosphere is obviously an important objective when dealing with geodynamics. Fortu- 
nately, the average density of the sub-crustal lithosphere from the isostatic load equation 
is readily obtained, once the seismic velocity structure (thus the density) and thickness of 
the crust is determined. From Eq. 3.13, the average sub-crustal lithospheric density is 



P L = 



f H 0 p 0 -H c p c ) 






J 



( 3 . 14 ) 



In order that Eqs. 3.13 and 3.14 can be applied to the determination of isostatic bal- 
ance and sub-crustal lithospheric densities, it is necessary to define 



1. The depth of the uniform compensation level H 0 ; 

2. The standard or reference sub-crustal lithospheric density p 0 ; 



which are the parameters necessary to determine the constant reference lithostatic load 
H 0 p 0 at the compensation level. 

In the equation of isostatic load equilibrium that integrates both Airy’s and Pratt’s 
models of isostasy, we have separated the crustal lithosphere from the sub-crustal litho- 
sphere essentially because of the active role the former plays in the evolution of the 
average lithospheric density. As most of the discussion in the following sections is 
devoted to the evaluation and interpretation of this sub-crustal lithospheric density, 
we propose omitting the word “sub-crustal” from the classification from here on. 
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3.3 

Reference Model 



3.3.1 

Compensation Depth 

The fluid Earth model serves as a reference to describe the Earth’s gravity poten- 
tial field. It can be considered with a good approximation that the Earth’s interior 
of increasing density must have equipotential levels, along which the density and 
pressure are constant. According to the plate tectonics concept, the Earth’s outer 
shell is composed of lithospheric plates lying on and moving on the asthenosphere. 
The lithosphere/asthenosphere transition is therefore considered to be the first level 
having approximately constant physical characteristics. Therefore, it is plausible to 
assume 

1. That the local and regional density- and lithostatic pressure variations observed in 
the Earth’s crust are compensated for in the lithospheric plate itself; and 

2. That the lithostatic pressure is constant along the lithosphere/asthenosphere tran- 
sition level. 

On the other hand, the effect of large-scale processes such as, for example, the sub- 
duction of a lithospheric plate and the “recycling” of the slabs in the asthenosphere 
will involve their compensation in the deeper levels of the Earth. 

The implication that the lithosphere/asthenosphere boundary is taken as a com- 
pensation level raises the question of the nature and depth of this transition. 

In dealing with this question, we are reminded by Vogt (1974) that since “there are 
several possible definitions of lithospheric plate, plate thickness is not necessarily 
identical in those definitions and this fact should be noted when relevant empiri- 
cal and theoretical data are compared.” There is a great variety of physical param- 
eters that are used to define lithospheric plate thickness. This is also true for plate 
models, which range from rheological, thermal to seismological models. Nevertheless, 
there is a marked concordance between different approaches identifying a zone in the 
100 km depth range, which may be considered as being the lithosphere asthenosphere 
transition. 

It is of historical interest that it was Wegener himself (1915) who first attempted to 
address the question of the plate thickness of the moving continental blocks 
(“Schollen”). His approach (assuming isostatic equilibrium of the continental and oce- 
anic blocks) resulted in an estimate of a thickness of 91 km. He also noted that this 
value is only approximate because of the very loosely constrained density parameters 
at that time. 

Walcott (1970) calculated a thickness of about 110 km for the normal continental 
lithosphere and 74 km or more for the oceanic lithosphere using its flexural rigidity. 

The advent of exploration seismics and their rapid development in the second half 
of the 20th century initiated the determination of crustal structures in almost all ar- 
eas of the world, including the oceanic regions. However, tentative exploration of deeper 
parts of the lithospheric plate by long-range explosion seismology remained very 
uncommon because of the considerable technical and financial challenges. 
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Earthquake body wave analyses frequently show a marked decrease of shear wave 
velocities in the 100 to 150 km depth range, which is interpreted as the lithosphere- 
asthenosphere transition. 

In modern plate tectonic models, the key feature is the thermal state of the lithos- 
phere. Increasing or decreasing temperatures govern density changes in the lithos- 
phere and result in regional elevation or subsidence. The systematic subsidence of the 
ocean floor and the decrease of heat flow with age are the primary constraints of models 
dealing with the thermal evolution of the oceanic lithosphere. 

The oceanic lithosphere is created at the Mid-Ocean Ridge, then it cools and sub- 
sides as it moves away from the ridge crest. During this process, the lithospheric thick- 
ness increases and asymptotically approaches the thickness of a cold mature lithosphere. 

One of the first thermal models (Turcott and Oxburgh 1967) considers the newly 
formed lithosphere as a cooling halfspace. The Parson and Sclater model (1970) views 
the lithosphere as a cooling plate with a lower isothermal boundary at about 1 350 °C. 
This model suggests a plate thickness of about 125 km for the cold plate. Both models 
predict an increasing sea-floor depth (/z w ) with age ( t ) according to 



h w =h 0 +at m (3.15) 

where h 0 = 2.5 km to 2.6 km, a = -0.35 km Ma~ 1/2 and t is expressed in Ma. The cool- 
ing halfspace as well as the plate model fail to match the observed abrupt flattening of 
the sea-floor depth for ages older than about 70 Ma (Stein and Stein 1992; Smith and 
Sandwell 1997). It is to be noted, however, that in some oceanic basins this “flattening” 
of the sea-floor depth with age has not been observed. 

For ages greater than about 70 Ma, the sea-floor depth (sediment load corrected) 
levels off to a depth approximately 5.3 to 5.4 km and stays nearly constant to about 120 Ma 
when it deepens again (Fig. 3.3). The constant depth of the sea floor and the absence of 
significant heat flow variations in lithosphere older than about 70 Ma suggest that the 
lithosphere is at thermal equilibrium in these oceanic basins. Using improved heat flow 
and depth data, Stein and Stein (1992) found that a somewhat reduced plate thickness 
of 95 km and a slightly higher isothermal base of 1 450 °C best satisfy the observations. 



Fig. 3.3. Relationship between 
sea-floor depth and age after 
Smith and Sandwell (1997) 
and Stein and Stein (1992) 
(dashed line) 
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As density is one of the primary parameters of our isostatic load model, it is of in- 
terest to compare the above depth estimates for the base of the lithospheric plates with 
the “depth of compensation” established from gravity observations. Based on these, the 
most probable compensation depth is obtained when the calculated average isostatic 
anomalies are minimized. In this way, a depth range of 96 to 122 km was obtained from 
stations situated over a wide range of elevations in continental areas. A depth of 113.7 km 
was used by the U.S. Geological Survey as its “standard” for the compensation depth. 

The good agreement between the depth ranges suggested by the thermal and grav- 
ity models for the base of the lithospheric plate and the compensation depth respec- 
tively, leads us to consider the same depth range for the definition of the compensa- 
tion depth for our isostatic load model. However, the effect of deepening the compen- 
sation depth from 95 to 125 km results in a reduction of about 14% of the range of the 
lithospheric density variations derived from Eq. 3.14. Therefore, in order to keep the 
maximum span of possible density variations, we have chosen 95 km, the shallowest 
compensation depth that is compatible with our isostatic load model. 

3 . 3.2 

Lithospheric Density 

In order to determine the reference lithospheric density for our model, theoretical values 
maybe used as a first approach. Since the Earth is considered a self compressed body with 
increasing pressure and temperature towards its center and is thought to be composed 
of essentially homogeneous layers, the increase of the inner Earth’s density with depth 
may be expressed as a function of its radius. Taking also the bulk modulus into consid- 
eration, the variation of density with the radius can be further refined by seismic ve- 
locities. This nevertheless simplified approach shows that the Earth’s density in ther- 
mally stable areas is globally constant down to a depth of approximately 400 km. 

Using a large and global data set from continental and oceanic areas, H. Hotta (1970) 
investigated the relationship between the depth of crust/mantle interface (Mohorov- 
icic interface or “Moho”) and lithostatic load at this interface. Layer thicknesses were 
obtained from seismic refraction measurements and layer densities from the widely 
used seismic velocity versus density relationships cited earlier. Hotta showed that there 
is a linear relationship between Moho depth and lithostatic load in vast areas of the 
Earth’s surface (Fig. 3.4). However, as Hotta noted, this relationship deviates from lin- 
ear when the Moho depth is shallower than about 12 km. 

Hotta distinguished between data from geodynamically active and inactive or stable 
areas. The latter are characterized by low-level natural seismicity and by isostatic equilib- 
rium based on gravity studies. Using data from these stable, mainly continental areas, Hotta 
established the following empirical relationship between lithostatic load and “Moho” depth: 

L = A + p L h M = - 15.38 + 3 . 31 h M (3.16) 

where L is the lithostatic load in 100 kg cm" 2 units, p L is the lithospheric density in 
g cm -3 and h u is the depth to the Moho in kilometers. According to Hotta’s definition, 
Eq. 3.16 represents the “isostatic pressure-depth relationship” of the Moho. From this 
relationship, Hotta concluded that: (a) the lithospheric density in geodynamically 
stable areas is constant from the Moho down to at least the deepest observations; (b) its 
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constant average value is 3.31 g cm' 3 ; (c) that the isostatic compensation of the crustal 
structures in stable areas must be the same type as described by Airy in his theory. 

Adding to Hotta’s data some more recent seismic soundings and restricting the original 
data set to Moho depths greater than 15 km (Fig. 3.5), the parameters in Eq. 3.16 change slightly 
to Pi = 3.332 g cm" 3 and A = -16.00 kg cm" 2 , which are adopted for our reference model. 

It is noteworthy that in 2000, Darbyshire et al. used a regional data set from Ice- 
land, and in a similar fashion determined a mean mantle density of 3.18 g cm" 3 for this 
active region. The high magmatic activity within the Icelandic hotspot may explain 
the low value of the upper mantle density derived in this area. 

Recq (1983), while investigating the isostatic anomalies in the Indian Ocean, ob- 
served the increase of sub-crustal (Moho) seismic velocities with increasing distance 
from the East Indian Ocean spreading center. The lithospheric densities that he de- 
termined from these velocities also showed a distance-dependent increase expressed 
as p L = 4.58 - L 1/2 , where L is longitude. Recq attributed this increase in density to the 
cooling of the lithosphere moving away from the ridge and proposed a density of 



Fig. 3.4. Relationship between 
Moho depth and lithostatic 
load (including also the water 
layer where applicable) in 
continental ( white dots ) and 
oceanic ( black dots) areas 
(Hotta 1970) 




Fig. 3.5. Relationship between 
Moho depth and crustal load 
(including the water layer 
where applicable) for tectoni- 
cally stable areas (Hotta 1970). 
A least square linear fit to the 
data is shown 
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3.31 gem 3 for the cold lithosphere down to a depth of 40 km and a density of 3.40 gem 3 
deeper than this in the South Indian Ocean. 

3 . 3.3 

Location of the Reference Column 

Extending Hotta’s conclusions, we suggest that in oceanic areas the observed age in- 
dependence of sea-floor depth of 5.4 km (sediment load corrected) for ages between 
about 70 Ma and 120 Ma may well signify that these oceanic basins reached thermal 
conditions corresponding to an average constant density lithosphere which charac- 
terizes the geodynamically stable areas discussed previously. 

To test the validity of this assumption, we calculate the lithostatic load L at the Moho 
level as a function of age by assuming average oceanic crustal parameters with crustal 
thickness h c =y. 1 km, crustal density p c = 2.83 g cm -3 (White et al. 1992), and the ob- 
served water depth variation h w with age (see Fig. 3.3): 



L = h w p w + h c p c (3.17) 

where p w is the seawater density. 

Using Hotta’s “isostatic pressure-depth” relationship (Eq. 3.16) and the calculated 
lithostatic load L above, a water depth /z wp can be predicted: 

, 1 - 16.0 , , . 

Kv= K (3-18) 

Pi 

If our assumption is correct, then the observed and the predicted water depth must 
agree for ages of 70 Ma to 120 Ma. 

The results of our calculations are presented in Fig. 3.6 and show a large divergence 
of the observed and predicted water depth for young ages, their convergence when 
the ages increase, and finally, their excellent agreement for ages older than approxi- 
mately 75 Ma. This agreement suggests that the lithosphere is thermally stable under 
oceanic basins where the specific depth is 5.4 km. 

Because the oceanic crust has a globally constant thickness and density, the diver- 
gence of the observed and predicted sea-floor depths must result from a lateral change 
of lithospheric density. Therefore, the observed sea-floor elevation at ridge crests and 
on other thermal structures such as hotspot swells is considered to be induced by in- 
creased temperature and corresponding decreased densities in the lithosphere. 

The importance of the 5.4 km areas of deep oceanic basins (sediment load corrected) 
is that they represent a smoothly continuous transition zone between the two domains 
of dissimilar isostasy: the first characterized by the dynamic of a dominantly laterally 
variable lithospheric density, the second by an essentially constant density lithosphere. 
The merit of the generalized equation of isostatic load (Eq. 3.14) is that it expresses this 
continuity and interlacing of the two isostatic compensation mechanisms acting in the 
lithospheric plate. Thus, the singular characteristics of these oceanic basins at 5.4 km 
leads us to locate the reference column of our isostatic load model here. 

In summary, our reference model has the parameters shown in Table 3.1 (see also 
Figs. 3.2 and 3.7). 
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Fig. 3.6. i: Observed sea-floor 
depth versus age after Smith 
and Sandwell (1997) ( solid line ) 
and Stein and Stein (1992) 
(dashed line); 2: predicted sea- 
floor depth from the crustal 
load versus Moho depth rela- 
tionship (Hotta 1970) based 
on the observations above. 

See discussion in the text 




Table 3.1. Parameters of the reference model 



Symbol 


Parameter 


Calculation 


Value 


Unit 




Water depth 




5.4 


km 


Pw 


Seawater density 




1.03 


g cm 3 


he 


Thickness of oceanic crust 




7,1 


km 


A 


Crustal density 




2.83 


g cm' 3 


fa 


Moho depth 


h M = hn + 


12.5 


km 


A 


Lithospheric density 




3.332 


g cm' 3 




Compensation depth, base of plate 




95 


km 




Thickness of lithosphere 


11 

1 

Zr 

£ 


82,5 


km 




Uthostatic reference bad 


Lr = L w + U + 4 


300.54x10* 


kg cm' 2 


Pr 


Uthostatic reference pressure 


Pr = gffi 


2948 X 10 6 


Pa 








29.48 


kbar 



After substitution of the numerical reference load L R in Eq. 3.14, we can apply this 
equation to determine the density distribution in the lithosphere. 

The average lithospheric density is 



- _ l r-(PcK+P«K) _ 300.54 - (p c h c + p w h v ) I L 
L h L h L h L 

(p w /i w if applicable), when the load is in 100 kg cm" 2 units and the other units used 
are in km and g cm" 3 . 

Now that our isostatic load model is complete, we shall compare the results obtained 
with it to geological and geophysical evidence and show that the isostatic load equa- 
tion is valid for the different types of compensation as illustrated in the following sec- 
tions. In the subsequent discussion, our attention will be focused on oceanic areas only. 
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Fig. 3.7. Isostatic load model: 
reference column. See discus- 
sion in the text 



h w = 5.4 km 

1.03 gem" 3 



h c = 7.1 km 
p c = 2.83 g cm -3 



h L = 82.5 km 
p L = 3.332 g cm“ ; 



Compensation depth = 95 km 



Sea water layer 



Oceanic crust 



(Subcrustal) 

Lithosphere 



Asthenosphere 



33.3.1 

The Constant Lithosphere Density and Variabie Crustal Thickness Domain 

Observations on passive continental margins, typically close to or in isostatic equilibrium, 
show that for given lithospheric, crustal and seawater densities (p L , p c and p w ), there is a 
linear relationship between changes in crustal thickness h c and in water depth h w (for 
example: Charvis et al. 1995). This is expressed and adapted to our model by the fol- 
lowing equation: 

A h c Ph ~ Pc = -A/i w (3.20) 

A.-Av 

where Ah c and A h w represent crustal thickness and water depth differences with re- 
spect to h c =7 . 1 km and h w = 5.4 km, the reference values of the isostatic load model. 

During the transition from our reference oceanic basin depth to the continental 
shelf at sea level, the water depth decreases by 5.4 km. According to Eq. 3.20 and as- 
suming that the oceanic and continental crustal densities are closely the same, the 
predicted increase in crustal thickness will be 24.8 km, which gives (for the average 
continental crust at sea level) a total thickness of 24.8 + 7.1 = 31.9 km for an average 
density of 2.83 g cm" 3 . Thus, for example in the continental shelf region, a three lay- 
ered crust composed of 5.4 km, 7.1 km and 19.4 km thick layers having 5.7 km s" 1 , 
6.6 km s" 1 and 6.9 km s" 1 seismic velocities would satisfy this model. In the same way, 
a two layered crust, with a seismic velocity of about 6.2 km s" 1 for the upper 12.5 km 
and 67-6.8 km s" 1 for the lower layer down to 31.9 km depth could also be represen- 
tative of a continental crust at sea level. These crustal models not only agree with the 
observations but also emphasize the validity of our reference model in both the ma- 
rine and continental environments. 
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When using published seismic data from various sources, the densities calculated 
for the continental crust increase with increasing crustal thickness, confirming earlier 
observations (see, for example, Woolard 1959). An average of 2.82 g cm" 3 was obtained 
for a crust about 30 km thick, often taken as a reference in gravity studies for crust “at 
zero elevation” (sea level). This density value is very similar to the 2.83 g cm" 3 average 
obtained for the oceanic crust. For crustal thickness h c ~ 40 km, the average density value 
increases slightly to 2.86 g cm" 3 . 

Using experimental data from tectonically stable areas in the isostatic load equa- 
tion (Eq. 3.13), the values obtained for lithospheric densities are grouped around a value 
of 3.33 g cm" 3 despite the changes in water depth and crustal thickness, illustrated in 
Fig. 3.8. With the previously derived sea level crustal thickness, the calculated average 
density of the entire lithospheric plate is close to 3.16 g cm' 3 . 

Figure 3.9 is a good illustration of the continuity of the constant lithospheric den- 
sity domain on passive margins despite the great geological change that takes place 
between the oceanic and continental lithosphere. 

We shall briefly outline here the procedure used to calculate the average lithospheric 
densities, using crustal velocity models in order to illustrate the proportions of cold 
and hot lithosphere in the plate. First, the layer densities were derived from the layer 
velocities, using the polynomial relation discussed above (Sect. 3.2.1). The lithostatic load, 
due to the water layer and the crust, were calculated along each km of the model using the 
multi-layer equation (Eq. 3.1). The average lithospheric density was then obtained using 
Eq. 3.19. When the average lithospheric density found is lower than the reference model 
value p L = 3.332 g cm" 3 , we assume that the sub-crustal lithosphere is divided into a cold 
layer with a reference density (p L ) and a hot layer with a density of p^. Then the ap- 
proximate depth of the boundary between the hot and the cold lithosphere is calcu- 
lated by H hot _ cold =95 ~(h L - h t ) in km, where h t = (I L - p^V / (p L - Ph ot ) and I L = p L h u 
which represents the lithostatic load of the lithosphere, as previously obtained. When 
this boundary is shallower than 60 km, the p^ density value will vary according to the 
average lithospheric density obtained. When the boundary is deeper than 60 km, we 
have arbitrarily assigned a constant 3.25 g cm" 3 density to the hot lithosphere. 



Fig. 3.8. Relationship between 
water depth, crustal thickness 
and lithospheric density for 
tectonically stable areas 
derived from the isostatic 
load model. Predicted litho- 
spheric density ( dashed line ) 
and what is calculated from 
observations ( circles ) 
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Fig. 3.9. a Crustal structure of the ocean continent transition on the Atlantic coast of the Iberian 
Craton at 40° N (Dean et al. 2000); b approximate depth of the boundary between hot and cold litho- 
sphere; c mean lithospheric density 



The term “hot lithosphere” used in this study could also designate the “upwelling 
asthenosphere”, whenever required by the geodynamic context. 

Throughout this work, the figures will follow the same order: 

a crustal seismic velocity structure; derived from the isostatic load model; 
b approximate depth of the hot/cold lithosphere boundary; 
c average lithospheric density (Eq. 3.19). 
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3.33.2 

Variable Lithospheric Density - Constant Crustal Thickness Domain 



The creation of the Earth’s crust and lithosphere takes place mainly in the oceanic ar- 
eas at spreading centers or ridges, which represent the longest active volcanic chain on 
the Earth’s surface. Also, the large number of isolated volcanoes as well as the numer- 
ous hotspot chains suggest that the oceanic areas belong to the Earth’s thermally most 
dynamic regions. Excluding the volcanic edifices themselves, considerable sea-floor 
elevations or swells characterize these active areas. As the oceanic crust exhibits glo- 
bally nearly constant thickness, thermally induced density changes in the lithosphere 
must characterize the dominant isostatic compensation scheme. Figure 3.10 shows the 
evolution of the lithospheric density as a function of water depth and age as calculated 
according to Eqs. 3.17 and 3.19 using average oceanic crustal parameters, h c = 7.1 km and 
p c = 2.83 g cm -3 . Approximately 2.5 km water depth is typical over the crests of fast 
spreading ridges such as for example the East Pacific Rise. As the upwelling astheno- 
sphere here rises close to the sea floor, a density p L of 3.25 g cm" 3 represents its aver- 
age density. As the crustal thickness at the ridge crest is thinner than the standard crust, 
the density value calculated at 3.23 to 3.24 g cm" 3 appears to be a realistic value for the 
upwelling asthenosphere under steady-state spreading centers. Seismic velocities in 
the 7.6-73 km s" 1 range are usually found at shallow depths under the ridge crest and 
correspond to the density range predicted by the isostatic load model. 

When the sea-floor elevation reaches sea level, as do some volcanic structures as- 
sociated with thermal asthenosphere anomalies such as ridge centered hotspots, the 
predicted average lithosphere/asthenosphere density is 3.19 g cm" 3 . From this density 
value combined with the values for oceanic crustal parameters, the average density of 
the entire active oceanic plate can be calculated. The average value is 3.16 g cm" 3 , which 
is the same as the one previously obtained for the continental part of the lithospheric 
plate at sea level. 



Fig. 3.10. Average lithospheric 
density versus water depth. 
Predicted value using a 
crustal thickness ( h c ) of 
7.1 km and a crustal density 
(p c ) of 2.83 g cm -3 ( solid line). 
Circles , squares y triangles and 
crosses : experimental data 
from Hotta (1970), White et al. 
(1992), Navin et al. (1998) and 
Weir et al. (2001), respectively. 
Shaded area represents crustal 
thickness from 4 to 10 km. 
Time-scale based on sea-floor 
depth versus age relationship 
of Parson and Sclater (1970). 
“A” and “B”: see discussion in 
the text 
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Using experimental data obtained for the oceanic crust in the 4 to 10 km thickness 
range in the Atlantic, Pacific and Indian Oceans, the calculated lithospheric densities 
derived from the isostatic load model are plotted as a function of the sea-floor depth 
in Fig. 3.10. Again, experimental and theoretical values are in good agreement, con- 
firming the pertinence of the “isostatic load model”. 

However, there is a group of experimental data (labeled “A” in Fig. 3.10), which, al- 
though well aligned with the general trend representing the typical oceanic crust, 
nevertheless exceeds the limits of the cold lithospheric density (3.33 g cm -3 ) and wa- 
ter depth (3.4 km) for oceanic basins older than 75 Ma for which the “flattening” of 
the water depth versus age relationship (Fig. 3.3) is explained by their proximity to 
hotspot or mantle plumes in these areas in the past. This “A” data material probably 
comes from areas that are sufficiently distant from the hotspot tracks, such as the Ar- 
gentine Basin, analyzed by Hohertz et al. (1998), where the flattening of the age vs. depth 
relationship is not observed. The conclusion of their investigation is that the bathym- 
etry in the Argentine Basin may be explained by the half space cooling model and 
possibly some additional dynamic effects such as induced flow in the asthenosphere. 

A second group of experimental data is distributed in our model over a wide range of 
lithospheric densities, water depth and crustal thickness (labeled “B” in Fig. 3.10). All these 
data are for regions of subduction where isostasy, the basic criterion of our isostatic load 
model, breaks down. To illustrate such a scenario, an example (Fig. 3.11a) that shows the 
subduction of the Juan de Fuca Plate beneath North America (Gerdom et al. 2000) is used. 
At the origin of the profile, to the west, the plate age is about 5 to 6 Ma. It is remarkable that 
while isostatic conditions are maintained, the isostatic load model realistically describes 
the lithosphere’s density and its gradual thickening as it cools when aging. From about 
100 km eastwards from the origin of the profile, the process of the mechanical depression 
of the oceanic crust leads to an increasing discrepancy between Moho depth (when con- 
sidered incorrectly as the base of the subducted oceanic crust for the whole crustal com- 
plex) and the lithostatic load exerted by the overburden. The response of the “isostatic load 
model” to this setting is an increase of lithospheric densities in order to keep the load on 
the compensation level constant. Figure 3.11b, c illustrates this process. 

Other examples of the evolution of lithospheric densities for different oceanic ar- 
eas are shown in Figs. 3.12 and 3.13: across the Mid- Atlantic Ridge at 46° N and along 
the Mid- Atlantic Ridge axis from the Reykjanes Ridge to the Kane Fracture Zone. 

It is tempting to use the average lithospheric density values that our generalized 
isostatic load model predicts, coupled with the temperature of the lithosphere obtained 
from other independent estimates, in order to assess the off-axis temperature of the 
lithosphere. The density difference our model predicts between the cold lithosphere 
under oceanic basins and the ascending asthenosphere at steady-state spreading cen- 
ters is A p = 0.09 g cm" 3 . The associated temperature difference is expressed by 
AT = Ap / (p L a) and gives a value of about 700 °C difference between the cold and hot 
lithosphere (where the volume coefficient of thermal expansion a = 3.8 x 10" 5 °C). Thus, 
the average lithosphere temperature estimated for the cold oceanic reference basins 
is about 600 to 700 °C, depending on the temperature attributed to the upwelling as- 
thenosphere at the spreading center (1300 to 1400 °C). 

Also it appears from the lithospheric density difference compared to our reference litho- 
sphere (3.332 g cm" 3 ) that the average lithosphere temperature in the area of the “deep oce- 
anic basins” previously discussed (where the water depth is >5.4 km) is about 140 °C lower. 




Mean density (g cm" 1 ) Depth (km} Depth (km) 
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33.3.3 

Variable Lithospheric Density and Variable Crustal Thickness Domain 



Mid plate swells and their associated volcanic areas are the surface manifestations of 
ascending mantle plumes and hotspots. They are also a typical example of a domain 
where isostasy is governed by the combined effects of lithospheric density variation 
(including the role played by the lithosphere’s rigidity) and crustal thickness accre- 







Mean density (g cm" 3 ) Depth (km) Depth (km) 
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Fig. 3.12. a Bathymetry profile across the Mid- Atlantic Ridge at 46 ° N (Keen and Tramontini 1970 ); 
b approximate depth of the boundary between hot and cold lithosphere; c mean lithospheric density, 
calculated using a constant crustal thickness of 7.1 km and density of 2.83 g cm -3 

tion. Schematically, these hotspot swells and their volcanic structure in fact represent 
the elevation of the sea floor due to several factors: 

■ A thermally induced vertical doming (swell) of the crust, which leads to an average 
depth of 4.25 km (Crough 1978), corresponding to an approximate thermal age of 
25 Ma, or alternatively, the sea-floor depth is proportional to the square root of 
crustal age (Menard and McNutt 1982); 

■ In addition, a further elevation of the sea floor caused by crustal accretion. The 
accretion proceeds “from the top” by the accumulation of volcanic material on the 
existing crust. This additional volcanic load may cause a flexing of the crust. The 
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Fig. 3 . 1 3 . a Bathymetry along the Mid- Atlantic Ridge axis from the Reykjanes Ridge to the Kane Frac- 
ture Zone from Mello (1999); b approximate depth of the boundary between hot and cold lithos- 
phere; c mean lithospheric density, calculated using a constant crustal thickness of 7.1 km and den- 
sity of 2.83 g cm -3 

total crustal thickness is further amplified by ascending asthenospheric material 
underplating the crust from below in such a way that a crustal accretion of more 
than 20 km may be attained. 

Because of the their particularity, the isostatic compensation of the hotspot-gen- 
erated structures should have a variable lithospheric density component (also includ- 
ing the lithospheric rigidity) and a variable crustal thickness component depending 
on the amount of the crustal accretion. 
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Figure 3.14 shows the schematic evolution of typical hotspot structures in the frame- 
work of the “isostatic load model”: the “hotspot track”. 

As a lithospheric plate of age “t” moves towards the hotspot, the increasing ther- 
mal flux and the upwelling asthenosphere reheats and rejuvenates the lithosphere, 
resulting in a decrease of lithospheric densities from p x to p 2 (path labeled “A” in 
Fig. 3.14a). Due to the thermal expansion of the lithosphere, the oceanic crust progres- 
sively rises and the “swell” forms for which we have derived a characteristic average 
of 3.28 to 3.30 g cm -3 lithospheric density from the “isostatic load model”. Since no 
crustal accretion occurs ( h cl = h a ), once the heat input ceases, the subsidence of the 
thermally rejuvenated lithosphere follows the depth versus age relationship of the 
original lithosphere on a parallel path, labeled “C” in Fig. 3.14a. 

In a further stage of this hotspot-induced process, the melt produced by the pro- 
gressive decompression of the ascending asthenosphere while the upper lithosphere 
is also reheated is discharged on the sea floor. Parallel to the beginning of the extrusive 
volcanic activity and the crustal accretion through the extrusives, an internal lower 
crustal accretion is thought to begin through underplating (labeled “A” in Fig. 3.14b). 
Thus the evolution of the “hotspot track” in our isostatic load model follows an inter- 
mediate path between the constant- and variable lithospheric density domain corre- 
sponding to a state of equilibrium between the crustal growth (crustal load) and the 



Fig. 3.14. Hotspot structures: 
mean lithospheric density (p L ) 
versus water depth (elevation) 
(/i w ) and time t. a Hotspot 
swells: scheme of thermal re- 
juvenation and subsidence 
of the oceanic lithosphere 
(arrows). Crustal thickness 
remains unchanged ( h cl = h c2 ). 
See discussion in the text, 
b Hotspot tracks (arrows): 
crustal accretion and subsid- 
ence of hotspot generated 
structures. Subsidence repre- 
sents a time span of 75 Ma. The 
crustal structures subside until 
the density of the cooling litho- 
sphere increases to 3.33 g cm -3 . 
Association of hotspots and 
spreading centers (dots). 
Crustal thickness: h cl = 7 km, 
h c2 = 14 km, h c3 = 21 km, 
h cA = 28 km. Negative values 
of water depth represent 
elevation above sea level. 

See discussion in the text 
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lithospheric density and rigidity (labeled “B” in Fig. 3.14b). In this scheme, both the 
underplated material and the lower crustal “bulge” formed when the crust flexes due 
to the additional load of extrusives represent the accretion of the lower crust. This 
crustal “root” is expected to play an important role in the compensation of the whole 
crustal structure. 

The accretionary phase of structures generated by an association of spreading center 
and hotspot would follow the path illustrated by the dotted line in our scheme 
(Fig. 3.14b). When the thermal input of the hotspot ceases, the lithosphere will cool 
and subside again at a rate depending on its effective thermal age (Crough 1978 and 
Menard and McNutt 1978). In the isostatic load model, the subsidence phase of these 
structures is labeled “C” in Fig. 3.14b. The subsidence will cease when the average litho- 
spheric density reaches 3.332 g cm" 3 , the value corresponding to the normal, cold litho- 
sphere. 

However, other investigators (Ito and Clift 1998) suggest that in addition to the cool- 
ing and thermal subsidence, the uplift caused by the prolonged late stage magmatism 
and subsequent lower crustal accretion (underplating) also plays an active role in the 
subsidence of hotspot-generated structures. 

In the following sections, we shall discuss in more detail these different phases of 
the “hotspot track” and the lithospheric density distribution associated with them. 

3.4 

Lithospheric Density Structure of Hotspot Swells 

3.4.1 

Introduction 

Parallel to the first-order large-scale variation of the sea-floor depth such as mid-ocean 
ridge crests and oceanic basins, for example, intermediate scale, anomalous elevations 
of the sea floor on the regional scale were referred to as sea-floor swells, which are 
generally associated with active or recent volcanism. 

Since the middle of the 20th century, the hypothesis for explaining the origin of 
the swells evolved rapidly. Betz and Hess (1942) proposed an elongated pile of extrusive 
volcanic rocks for the Hawaiian swell. Dietz and Menard (1953) considered the role of 
convection cells in the mantle to interpret the swell’s characteristics. Wilson (1963) and 
Morgan (1971, 1972) introduced the notion of spatially stationary thermal anomalies 
resulting in ascending mantle plumes. Accordingly, swells and the associated volcanic 
activity are generated when lithospheric plates pass over such thermal anomalies. The 
concept of lithospheric reheating, rejuvenation thinning and its subsequent subsid- 
ence represented a further evolution of the hypothesis about the thermal control of 
swells (Crough 1975, 1978). Consequently, thermally induced density changes in the 
lithosphere appear as first order parameters to explain the hotspot-generated swells’ 
morphology and their dynamics. 

In the following sections, we shall apply our “isostatic load model” to investi- 
gate the density distribution in the lithosphere-asthenosphere system associated 
with some active hotspot swells as well as the ancient structures that were witnesses 
of past activity. 
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3.4.2 

French Polynesia, South Pacific Superswell 

The Pacific, at about 5 to 30° southern latitudes, is considered to be one of the thermally 
most active areas of the world's oceans. In addition to the South East Pacific Rise (SEPR), 
which accounts for one of the most vigorous spreading centers of the Earth, the re- 
gional lithospheric density map (Fig. 3.15) shows two prominent low-density zones, 
oriented approximately in the direction of the actual movement of the Pacific Plate, 
from the rise westwards: 

a The South Pacific Superswell (1) a triangle shaped zone of elevated sea floor with 
respect to its age which prolongs the higher western flank of the SEPR (2) towards 
the Marquesas Fracture zone and islands (3); 
b Numerous volcanic island chains neighboring the Tuamotu plateau (4) in the south 
are thought to be the superficial expression of the Polynesian hotspots (Society 
islands - 5, Austral islands - 6, Gambier island - 7). 

The northern zone extends the axial low-density area in the direction of the Mar- 
quesas Islands, and the southern one evolves towards the Pitcairn-Gambier and Soci- 
ety Island chains. It is interesting to note that the eastward prolongation of the Tuamotu 
plateau also corresponds to an eastward retreat of the lithosphere of low density. 



3.4.2.1 

The South Pacific Supersweli 

Several features are observed along a track running median to the Marquesas and 
Austral fracture zones, starting east of the SEPR on oceanic crust less than 10 Ma old 
(Figs. 3.15 and 3.16). The profile clearly shows the topographic asymmetry of the east- 
ern and western ridge flanks. This anomaly cannot merely be explained by the cou- 
pling of the western flank to the faster-moving Pacific Plate and to the westward mi- 
grating ridge axis. Investigations now suggest an asthenospheric flow from the hotspots 
to the ridge axis to explain the observations (Toomey et al. 2003). 

In the area of the Polynesian hotspot swell with crustal ages going from about 35 Ma 
to more than 80 Ma, the sea floor remains at an average depth of 4.5 km, which is also 
the approximate basal depth of the volcanic edifices on the swell. In order to calculate 
the average lithospheric densities along the profile, a typical crustal thickness for the 
Pacific Ocean of 6.0 km was used, and only the upper crustal structure was taken into 
account for the islands (see Fig. 3.16b). The calculated lithospheric densities (Fig. 3.16c) 
increase from the usual ridge crest values of about 3.25 to 3.30 g cm" 3 at 30 Ma and re- 
main approximately constant in the region of the Polynesian hotspot swell until pass- 
ing the Society Island chain. In the area of the Austral Islands the lithospheric density 
reaches about 3.31-3.32 g cm" 3 . West-Southwest of the Austral Island chain, both the 
density and the water depth reach values predicted by the isostatic load model for 
the cold lithosphere. In order to illustrate the depth reached by the hot lithosphere or 
the upwelling asthenosphere (Fig. 3.16b), we have assigned a value of 3.25 g cm' 3 for 
its effective density. The cold lithosphere is represented by a density of 3.33 g cm' 3 . It 
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Fig. 3 . 15 . a Bathymetry from Sandwell and Smith (2000); 1: Superswell; 2: South East Pacific Rise; 
3: Marquesas Fracture Z6ne and Islands; 4: Tuamotu Plateau; 5: Society Islands; 6: Austral Islands; 
7: Gambier Islands; b mean lithospheric density calculated with a uniform crustal thickness of 6 km; 
c crustal age from Mueller et al. (1997) 



98 



F. Avedik • F. Klingelhofer • M. D. Jegen • L. M. Matias 



W Distance (km) E 

0 500 1000 1500 2000 2500 3000 3500 4000 4500 5000 5500 6000 6500 




E 



CL 

cu 

D 





Distance (km) 



Fig. 3.16. a Bathymetry along the profile indicated in Fig. 3.15 and corresponding sea-floor depth 
calculated from depth versus age relationship ( dotted line); b approximate depth of the boundary 
between hot and cold lithosphere; c mean lithospheric density, calculated using a constant crustal 
thickness of 6 km and density of 2.83 g cm -3 



is noteworthy that when using these density parameters, the transition between hot 
and cold lithosphere occurs at about 60 to 70 km depth in the region of the Polynesian 
hotspot swell. 
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Fig. 3.1 7. Mean lithospheric density in the region of French Polynesia. Wide-angle seismic profiles ( solid 
lines) acquired during the Midplate II cruise (Grevemeyer et al. 2001; Patriat et al. 2002). 1: Tahiti; 
2: Huahine; 3: Raiatea; 4: Maupiti 



3.4.2.2 

Society Island Chain 

One of the best-studied Polynesian hotspot tracks is the Society Island chain, situated on 
70-80 Ma lithosphere and oriented about 300° N, which is the present motion of the Pa- 
cific Plate. The age of the island chain spans 4.3 Ma. The youngest island associated with 
the present hotspot is Mehetia, southeast of Tahiti, and Maupiti, to the northwest, is the 
oldest. Danobeitia et al. (1995), Grevemeyer et al. (2001) and Patriat et al. (2002) established 
the crustal structure of the island chain along several seismic wide-angle reflection and 
refraction profiles (Fig. 3.17). These data were used to calculate the regional lithospheric 
density map of the Society Island chain, which clearly shows (as far as the resolution of 
the seismic investigation of the crustal structure allows) that the individual islands are all 
associated with low-density lithospheric roots. It is noteworthy that the low-density litho- 
spheric root shown by the regional map between Tahiti and the western island group 
does not appear to be associated with any notable extrusive island-building volcanic 
activity. Thus, this low-density lithosphere root may be the remnant of an asthenospheric 
upwelling of limited thermal intensity. Figure 3.18 shows the presence of the low-den- 
sity lithosphere under Tahiti in detail, and consequently the shallow depth of the hot 
lithosphere, source of the ongoing hotspot-related volcanic activity east of Tahiti. 

3.4.23 

Tuamotu Plateau 

The Tuamotu plateau rests on an oceanic lithosphere aged about 35 to 65 Ma. Samples 
from the northwestern extremity of the plateau show radiometric ages in the 50 Ma 
range, suggesting an ancient origin for this volcanic edifice. Unfortunately, the crustal 
base of the plateau has not yet been investigated in detail, a circumstance that prevents 
us from determining the lithospheric density distribution beneath this structure. 



100 F. Avedik • F. Klingelhofer • M. D. Jegen • L. M. Matias 



NW Distance (km) SE 

0 SO 100 150 200 





Fig. 3.1 8 . a Crustal structure of Tahiti from Danobeitia ( 1995 ); b approximate depth of the boundary 
between hot and cold lithosphere; c mean lithospheric density 



3A.2A 

Marquesas Island Chain 

The age of the oceanic crust in the area of the Marquesas Island chain is about 50 Ma. 
Despite the location of this chain on the northern side of the Marquesas fracture zone, 
the regional map of lithospheric densities suggests its connection to the South Pacific 
Superswell (Fig. 3.15) and to the region of Polynesian hotspots. The 4.5 km average sea- 
floor depth surrounding the islands is slightly deeper than is typical for a hotspot swell, 
and the lithospheric density is in the 3.31 g cm" 3 range, somewhat higher than is char- 
acteristic for hotspot swells in active areas (Fig. 3.19). The depth of the hot/cold litho- 








Fig. 3 . 1 9 . a Crustal structure of the Marquesas from Caress et al. (1995); b approximate depth of the bound- 
ary between hot and cold lithosphere; c mean lithospheric density 

sphere boundary is also rather deep (on average >70 km) when compared to its depth 
in the area of the Society Islands. The crustal structure across the island chain shows 
a large accretion of the lower crust (Caress et al. 1995), which appears to characterize 
the structure of the island chain as a whole, rather than individual volcanic edifices 
only. It is noteworthy that the ratio of the higher structures above the surrounding 
sea-floor level ( H e ) and the corresponding lower crustal “bulge” or root ( H R ) below 
the average Moho-depth of the area is approximately 0.3. Considering the usual range 
of lithosphere to crust density ratios, this particular type of H e IH R ratio character- 
izes, according to Eq. 3.3, crustal structures in an Airy type of isostatic equilibrium, 
which corresponds to the constant lithosphere domain in our isostatic load model. 
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The rather high lithospheric density environment coupled with the modest devel- 
opment of the low-density lithosphere beneath the Marquesas Islands do not favor the 
vision of a dynamic hotspot with associated volcanic activity in this area. The regional 
lithospheric density map shows, however, some channeling of low-density lithosphere 
across the Marquesas fracture zone. It is interesting to note in this respect the argu- 
ments of Gutscher et al. (1999) for an ancient origin of the Marquesas Plateau over- 
printed by recent, rather small-scale volcanism. 

3.4.3 

Hawaiian-Emperor Island Chain 

The Hawaiian-Emperor Island chain is clearly representative of an intraplate hotspot- 
generated structure. This hotspot trace, more than about 5 500 km long, has a volcano- 
magmatic history spanning as much as 75 Ma. Like some other hotspot tracks in the 
Pacific, it has a characteristic bend to the north at about 43 Ma of its life, signifying a 
marked change in the direction of the motion of the Pacific Plate with respect to a 
fixed hotspot reference frame (Fig. 3.20). 
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Fig. 3.20. Regional map of Hawaiian Island chain; a bathymetry from (Sandwell and Smith 2000), 
1 : Hawaii, 2: Oahu; b mean lithospheric density derived from the isostatic load model, calculated with 
constant crustal thickness of 6.0 km 





Chapter 3 • A Global Isostatic Load Model and its Application 103 



The younger structures of the seamount chain are built on top of a sea-floor swell, 
about 1 200 km wide, which rises at Hawaii, the youngest element at the southeastern 
extremity of the hotspot trace, approximately 1.2 km above the depth of the surround- 
ing abyssal plains. The age of the oceanic lithosphere there is about 80 Ma. Due to the 
large amount of geological and geophysical data accumulated from numerous studies 
conducted in the region, the Hawaiian island chain is particularly well suited to docu- 
ment the dynamics associated with hotspot structures. 

Passing over the ascending hot mantle plume, the old oceanic lithosphere is reheated 
and thermally rejuvenated. The new, shallower sea floor generated by reheating re- 
lates to the “effective thermal age” (f eff in Ma) of the lithosphere by (McNutt 1984): 

f eff = (( K ~ ^wo) / °- 35 ) 2 (3-2l) 

where h w is the actual sea-floor depth in km and h ^ = 2.5 to 2.6 km, the reference depth 
of the well-known age/depth relationship of Parsons and Sclater (1970). 

To illustrate the process of thermal rejuvenation of the lithosphere and the subsequent 
subsidence of the swell in the framework of the isostatic load model, the bathymetric data 
collected on the Hawaiian swell (Fig. 3.21a) (von Herzen 1989) was used. Figure 3.21b 
shows the subsidence of the Pacific oceanic crust ( h c = 6 km) from 0 to 70 Ma, accord- 




Fig. 3 . 21 . Hawaiian swell; a mean water depth variation parallel to the swell axis from bathymetric 
profiles at distances from the island axis of about 150 km and 300 km to the south and 150 km, 300 km 
and 450 km to the north (von Herzen et al. 1989); b mean lithospheric density-age relationship ( solid 
lines) calculated from the isostatic load model assuming a uniform plate velocity of 9 cmyr -1 using 
bathymetry above (dots). Passing over the hotspot area leads to a thermal rejuvenation of the lithos- 
phere to an age of about 25 Ma. The subsequent subsidence follows the depth-age relationship (Par- 
son and Sclater 1970) on a curve parallel to the original one 
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Fig. 3 . 22 . Regional map of Hawaii; a bathymetry from Sandwell and Smith (2000); location of seis- 
mic profiles ( solid lines); 1 : Hawaii, 2 : Oahu; b mean lithospheric density calculated with a uniform 
crustal thickness of 6.0 km 
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ing to the age versus sea-floor depth relationship (also called the time “ t m law”), and 
the increase of the lithospheric density from 3.25 to 3.33 g cm" 3 . The thermal rejuve- 
nation of the lithosphere passing over the hotspot, from about 72 Ma to the effective 
thermal age of approximately 25 Ma ( h w = 4.3 km) takes place in about 7 Ma. The litho- 
spheric density decreases to 3.29 g cm" 3 , in close agreement with the value predicted 
by the isostatic load model for hotspot swells. The subsequent subsidence phase of 
the swell conforms to its increasing thermal age. At Midway, approximately 2 600 km 
away (and about 29 Ma later, assuming a Pacific Plate velocity of 9 cm yr' 1 ), the litho- 
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Fig. 3.23. a Bathymetric profile (Watts 1976 ) and crustal structure (Lindwall 1988 ) over the Hawaiian 
hotspot swell; see location in Fig. 3.22; b approximate depth of the boundary between hot and cold 
lithosphere; c mean lithospheric density. See discussion in text 
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spheric density increased again to approximately 3.32 g cm -3 , and the swell subsided 
to 5.2 km, where the lithosphere’s thermal age is about 55 Ma. 

Seismic investigations were carried out along and across the Hawaiian swell and 
Island chain (crossing the seamount chain in proximity to Oahu Island (3 Ma)) to ex- 
plore the crustal structure (Fig. 3.22). The crustal structures and the density distribu- 
tion in the associated lithosphere are illustrated by Figs. 3.23-3.26. The lithospheric 
densities were calculated for the across axis profile by using typical Pacific crustal pa- 
rameters ( h c = 6.0 km, p c = 2.83 g cm" 3 ) and the Hawaiian crustal structure from 
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Fig. 3.24. a Crustal structure of Hawaii from Lindwall et al. ( 1988 ), derived from the isostatic load 
model; b approximate depth of the boundary between hot and cold lithosphere; c mean lithospheric 
density 
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Lindwall (1988) (Figs. 3.23, 3.24) and Watts (1985) (Fig. 3.25). The profile (Fig. 3.23 shows 
high lithospheric densities for the abyssal plains at the NE and SW extremities of the 
profile, about 800 km away from the hotspot track axis. Parallel to the gradual ther- 
mally induced elevation of the sea floor, the lithospheric densities decrease to about 
3.29 g cm" 3 , where the sea-floor depth is approximately 4.3 km. Both values, as we have 
already seen, are typical for hotspot swells. 

The flexing of the oceanic crust due to the load of the volcanic edifices starts sym- 
metrically at a distance about 200 km away from the structural axis of the edifices and 
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Fig. 3.25. a Crustal structure of Hawaii from Watts et al. ( 1985 ); see location in Fig. 3 . 22 ; derived from 
the isostatic load model; b approximate depth of the boundary between hot and cold lithosphere; 
c mean lithospheric density 
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causes a depth increase of its original surface of almost 5 km. The moats, formed es- 
sentially above the flanks of the depressed crust, are filled with mainly unconsolidated, 
light volcanoclastics and sediments. Due to the flexural rigidity of the lithosphere, the 
depth of the lower crustal boundary (Moho) at the flanks corresponds essentially to 
the central load exerted by the volcanic edifice and not to the lithostatic load above 
them. Due to the disproportionate depth of the Moho with respect to the lithostatic 
load exerted by the unconsolidated moat infill, the lithospheric density calculated from 
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Fig. 3.26. a Crustal structure of the Hawaiian island chain from 0 to approximately 5 Ma age from 
Watts et al. ( 1985 ); see location in Fig. 3 . 22 ; b approximate depth of the boundary between hot and 
cold lithosphere; c mean lithospheric density 
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our isostatic load model will tend to compensate by increasing the lithospheric den- 
sities in order to insure a constant lithostatic load at the compensation depth. There- 
fore, the sudden increase of densities on both sides of the prominent low-density root 
under the volcanic edifice is a response of our model to the crustal geometry and may 
also be considered as a measure of the lithosphere’s rigidity. Moreover, the mean litho- 
spheric density profile has a shape that is similar to the observed gravity signal. 

The pronounced low lithospheric densities under the axis of the seamount chain 
(close to Oahu) of about 3.25 g cm" 3 are very similar to those observed under highly 
active oceanic spreading centers and seem to indicate the young thermal age of 
this volcanic structure (Figs. 3.23-3.25). The essential difference in the crustal models 
shown is the importance of the lower crustal accretion from underplating. A crustal- 
and lithospheric density profile along the axis of the young part (0 to about 5 Ma) of 
the Hawaiian island chain shows (Fig. 3.26) that after the sudden decrease of lithos- 
pheric densities to about 3.21 g cm" 3 at the Hawaiian end of the structure, correspond- 
ing to zero age and the beginning of the superficial volcanic activity, the lithospheric 
densities remain low, for an average 3.27 g cm" 3 . The boundary of the hot/cold lithos- 
phere is also shallow along the structure corresponding approximately to the 5 Ma 
interval considered here. The average shallow depth of the low-density lithosphere 
suggests that even after the extrusive volcanism ceases (after the equilibrium between 
the ascending magma column and surrounding lithostatic load has been reached), the 
process of underplating may go on for several million years. 

Moreover, the rising of the hot/cold lithosphere boundary under the islands of Maui- 
Molokai and Kauai suggests that a similar phenomenon must have taken place under 
the island of Oahu too, but it is not depicted as such by the crustal structure (Watts 
et al. 1985) (Fig. 3.26a). Lithospheric densities decreasing to approximately 3.23 to 
3.24 g cm" 3 are associated with the periodically rising hot/cold lithosphere boundary. 
This observation may express the periodic recrudescence of hotspot dynamics along 
the hotspot track. Assuming a plate velocity of 9 cm yr" 1 and based on the 5 Ma pe- 
riod considered here, the periodicity of the renewed hotspot activity appears to be 
2.0 Ma on average. 

A comparison of the approximate 3.21 g cm" 3 lithospheric density value obtained 
for the volcanic chain’s zero age at Hawaii to the average 3.24 g cm" 3 calculated for ac- 
tive, steady-state fast spreading centers suggests that the potential temperature of the 
asthenosphere at the Hawaiian hotspot should be about 200 to 250 °C higher. 



3.4.4 

Mascarene-Reunion Hotspot Track 

The Reunion volcanic island is located on the southwestern extremity of the aseismic 
Mascarene ridge, which is thought to represent the approximate 65 Ma history of activ- 
ity of the Reunion-Mascarene hotspot. This history attributes an age span of 65 to 45 Ma 
to the northern Mascarene Ridge, 7 to 8 Ma to Mauritius Island and 0 to 2 Ma to Reunion 
Island (Bonneville et al. 1997; Schlich 1982) (Fig. 3.27). The Reunion-Mascarene hotspot 
is now located beneath an oceanic lithosphere that is approximately 68 Ma old. The 
hotspot swell characterizing the environment of Reunion Island reaches more than 
1 km above the depth of the surrounding oceanic basins. 
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Fig. 3 . 27 . Regional map of the Mascarene Ridge area; a bathymetry from Sandwell and Smith (2000); 
b mean lithospheric density calculated with a uniform crustal thickness of 7.1 km 
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The ridge bordered by the Mahahoro Fracture zone to the NW and the Mauritius 
Fracture zone to the SE separates two major basins of the Indian Ocean (Fig. 3.27). 
The Mascarene Basin, adjacent to Madagascar Island, was created between magnetic 
anomalies 34 to 27 (83 to 60 Ma) (Schlich 1982). The Madagascar Basin was formed by 
the Central Indian Ridge from 66 to 45 Ma (Sclater et al. 1981; Schlich 1982). More re- 
cent interpretations suggest the existence of an extinct spreading center south of 
Reunion Island (Schlich et al. 1990). 
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Fig. 3.28. a Crustal structure of La Reunion from Charvis et al. ( 1999 ); b approximate depth of 
the boundary between hot and cold lithosphere; c mean lithospheric density. See discussion in 
the text 
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Gallart et al. (1999) and Charvis et al. (1999) have investigated the crustal structure 
of Reunion Island’s volcanic edifice and of the surrounding oceanic crust (Fig. 3.28a). 
Summarizing the essence of their findings, 

a The typical oceanic crust under and around the island has a rather constant thick- 
ness of about 5 to 6 km; 

b No volcanic load induced flexing of the crust under the edifice was observed; 
c An underplated body has been detected beneath the active volcanic island, which 
does not seem to be elongated in the SSW to NNE direction of the hotspot track. 

The lithospheric densities determined using the published crustal structures led to 
a typical value about 3.29 g cm" 3 for the lithospheric density beneath the sea-floor swell 
south of the volcanic edifice (Fig. 3.28c). Under Reunion Island, the lithospheric densi- 
ties are as low as 3.19 g cm' 3 . However, this very low value relates to the peak elevation 
of the volcanic structure, which is approximately 1.6 km above sea level. Distributing 
the island’s load evenly over its surface, a scale more compatible with the isostatic com- 
pensation, the elevation of the island above sea level decreases to 0.9 km and the litho- 
spheric density increases to approximately 3.21 g cm" 3 . This value is comparable to the 
lithospheric density determined for Hawaii, suggesting similar hotspot dynamics at both 
sites. It is important to note that the lithospheric density increases notably towards the 
NE in the direction of the axis of the hotspot track. Furthermore, the boundary of the 
hot lithosphere deepens from about 55 km SW of Reunion to 80 km at the NE. These 
observations tend to show the gradual relative movement of the hotspot plume center 
to the SW, which is consecutive to the northeasterly plate drift. Therefore, the higher 
lithospheric densities as well as the pronounced deepening of the hot lithosphere’s 
boundary to the NE of Reunion indicate the presence of colder lithosphere here and 
consequently, a low-level activity or even a hiatus in hotspot dynamics for a period. 



3.4.5 

Ascension Island 

Ascension Island is a 4 km high volcanic edifice with a basal diameter of 60 km, lo- 
cated on a 7 Ma old oceanic crust in the equatorial Atlantic (8° S), 90 km west of the 
Mid- Atlantic Ridge between the Ascension Fracture Zone (FZ) and the Bode Verde FZ 
(Figs. 3.29 and 3.30). 

From the anomalously shallow bathymetry of the nearby ridge segment as well as 
trace element signatures and isotopic ratios of basalt between MORB and enriched 
basalt from hotspot islands of the nearby ridge axis, it has been concluded that Ascen- 
sion Island might be of plume/hotspot origin (Brozena 1986; Hanan et al. 1986). 
Schilling et al. (1985) suggest that the plume location lies close to Circe Seamount, with 
asthenospheric flow channeling towards the ridge axis or alternatively resulting from 
the melting of small pockets of heterogeneous mantle that have risen into the melting 
region at or close to the ridge axis (Minshull et al. 1998). 

Radiometric dating of surface lava flows gave ages between 0.6 and 1.5 Ma, and the 
presence of fresh lava flows suggests that the volcano has probably been active in the 
last few hundred years. Three-dimensional gravity modeling (Minshull and Brozena 
1997) predicts a significant lower elastic thickness (3 ±1 km) of the lithosphere under- 
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Fig. 3.29. Regional map of Ascension Island; a from different bathymetric shipboard measurements; 
b mean lithospheric density calculated with a uniform crustal thickness of 7.1 km 

neath the island than the 12 km predicted from thermal cooling-lithospheric thick- 
ness relations. Due to the absence of a flexed two-or-three layer boundary, the absence 
of a thick layer of underplate, the results of the previous gravity modeling, and the 
existence of a seamount (proto-Ascension) close to the Mid-Atlantic Ridge axis, 
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Fig. 3.30. a Crustal structure of Ascension Island from Klingelhofer et al. ( 2001 ); see location in 
Fig. 3 . 29 ; b approximate depth of the boundary between hot and cold lithosphere; c mean lithos- 
pheric density 

Klingelhofer et al. (2001) conclude that part of the island might in fact be older than 
previously thought and may have been formed in a Mid-Oceanic Ridge environment. 

Figure 3.30 shows the crustal model (Klingelhofer et al. 2001) and the resulting mean 
lithospheric densities predicted from the isostatic load model. The mean lithospheric den- 
sities on the eastern side of the island are slightly lower than those on the western side 
away from the ridge, which gives some support to the hypothesis of asthenospheric flow 
from the ridge towards the island as the cause of recent volcanism. The lowest values 
are found underneath the eastern part of the island close to the most recent volcanism. 
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Fig. 3.31. a Bathymetric profile over the Mid- Atlantic Ridge (MAR), Ascension Island and two 
seamounts mentioned in Klingelhofer et al. ( 2001 ); b approximate depth of the boundary between 
hot and cold lithosphere; c mean lithospheric density calculated with a uniform crustal thickness 
of 7.1 km 



Generally, the mean lithospheric density is low, due to the young age of the island and 
the vicinity of the Mid- Atlantic Ridge (MAR) axis. A comparison between the predicted 
sea-floor depth (Fig. 3.31) and bathymetric data (Brozena 1985) shows that the western 
side of the MAR follows the theoretical age vs. relationship of Parsons and Sclater, while 
the eastern side is elevated and thus is evidence of anomalous low density lithosphere. 

No lithospheric rejuvenation can be derived from the lithospheric densities deter- 
mined, a fact which could be interpreted as evidence that part of the island was built 
directly on the ridge. 
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3 . 4.6 

The Great Meteor and Josephine Seamounts 

Not all seamount chains necessarily have a “hotspot” origin, in the sense that the gen- 
esis of these characteristic groups of volcanic edifices is described today. Clusters of 
seamounts or rises such as the Atlantis-Plato-Cruiser-Great Meteor group or the Ma- 
deira-Tore Rise in the eastern North Atlantic represent a particular product of an oce- 
anic lithospheric/asthenospheric system, despite the fact that thermal anomalies of 
the asthenosphere contributed to their origin. 



3 . 4 . 6. 1 

The Great Meteor Seamount 

The Great Meteor Seamount, the southern end-member of the seamount group, is lo- 
cated at about 30° N and 8° E, on an oceanic lithosphere approximately 80 to 84 Ma 
(Fig. 3.32). The seamount, discovered in 1938 by the R/V Meteor, is a large guyot, cul- 
minating at a water depth of about 275 m. Two basalt samples dredged from the sea- 
mount had radiometric ages of about 11 Ma and 16 Ma (Wendt et al. 1976). The crest 
of the seamount is thought to have been created under subaerial to shallow water con- 
ditions. Foraminiferical limestone samples from the summit suggest ages older than 
7 Ma (Pratt 1963). Verhoef and Collette (1987) estimated a Late Oligocene/Early Miocene 
age (about 22 Ma) for the bulk of the Great Meteor complex. 

The seismic refraction exploration of the seamount was conducted onboard the R/V 
Meteor II in 1990. The results studied here for our analysis were published by Weigel 
and Grevemeyer (1999) (Fig. 3.33). It is important to note that the seismic investigations 
did not reveal the flexing of the original oceanic crust, one of the features of the struc- 
tural analysis of Watts et al. (1975), based essentially on gravity and bathymetric data. 
Instead of a flexed crust, Weigel and Grevemeyers’ study identifies the intrusive core of 
the seamount and a lower crustal accretion of about 6 km thickness, composed of ma- 
terial with high seismic velocities representing densities in the 3.0 g cm -3 range. It is 
remarkable that in both cases, the calculated gravity signal from the models satisfies 
the observed gravity field. Let us note that the characteristic moat and its low-density 
infill, which are generally associated with the presence of flexed crust, are not observed 
here. The present overall crustal thickness of the structure is approximately 17 km. 

The lithospheric densities determined by applying the “isostatic load model” 
(Fig. 3.33) are an average 3.32 g cm" 3 surrounding the volcanic edifice, beneath an un- 
disturbed oceanic crust about 7 km thick and a sediment blanket averaging approxi- 
mately 0.5 km. The water depth, (sediment load corrected) is 4.9 km. Both the shal- 
lower sea floor, which is about 0.5 km, and the lithospheric density values, which were 
lower than were expected for an oceanic crust that is approximately 80 to 84 Ma sug- 
gest that the magmatic process that built the seamount must have been associated with 
a significant thermal rejuvenation of the surrounding lithosphere. The present ther- 
mal age of this lithosphere is around 45 Ma. 

The average lithospheric density found beneath the volcanic complex is approxi- 
mately 3.24 g cm" 3 , in the range of lithospheric densities associated with steady-state 
spreading centers. This low-density value as well as the shallow depth of the hot/cold 
lithospheric boundary may explain the youth of the radiometric ages of basalt dredged 
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Fig. 3.32. Regional map of the Great Meteor and Josephine Seamount area; a bathymetry from Sand- 
well and Smith ( 2000 ); b mean lithospheric density calculated with a uniform crustal thickness 
of 7.1 km 



from the seamount, witnesses of a rather recent and only gradually decreasing mag- 
matic dynamic that built the bulk of the volcanic edifice (Verhoef and Collette 1987). 

3 . 4 . 6.2 

The Josephine Seamount 

The Josephine Seamount occupies the northern tip of the Madeira-Tore rise and lies 
across the Azores-Gibraltar fracture zone, at about 38° N and 14 0 W (Fig. 3.32). The age 
of the oceanic lithosphere in the area is estimated to be about 120 Ma, whereas the 
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Fig. 3.33. a Crustal structure of the Great Meteor Seamount from Weigel and Grevemeyer (1999); 
b approximate depth of the boundary between hot and cold lithosphere; c mean lithospheric density 



emplacement of the Madeira-Tore rise must have occurred on young lithosphere at, 
or adjacent to, the Mid- Atlantic Ridge (Tucholke and Ludwig 1982). The extrusive struc- 
ture of the Josephine Seamount rises about 3.4 km above the surrounding, approxi- 
mately 5.2 km deep ocean floor, where the oceanic crust is about 6.3 km thick and shows 
the typical crustal seismic velocity and density structure (Fig. 3.34). The seismic im- 
age does not reveal any flexing of the crust under the seamount. Beneath its extrusive 
structure, the lower crustal accretion reaches a thickness of about 5.8 km. 







Chapter 3 • A Global Isostatic Load Model and its Application 119 



S Distance {km) N 

0 50 100 150 200 250 300 




0 50 100 150 200 250 300 

Distance (km) 



Fig. 3.34. a Crustal structure of the Josephine Seamount from Peirce and Barton ( 1991 ); b approximate 
depth of the boundary between hot and cold lithosphere; c mean lithospheric density 



The lithospheric densities calculated for the area around the seamount show high 
densities characterizing an old and cold lithosphere. Under the seamount, only a slight 
decrease of the lithospheric density to about 3.30 g cm -3 on average is observed, which 
suggests that the Josephine Seamount, after its emplacement 120 Ma ago, was prob- 
ably reactivated in its early history and it has been cooling ever since. Alternatively, 
the position of the seamount on the Azores-Gibraltar Fracture Zone may be respon- 
sible for this slight renewal of thermal activity in the lithosphere. 
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3.4.7 

Iceland 

The continued interaction between the Mid- Atlantic Ridge spreading center and the Icelan- 
dic mantle plume began in early tertiary times following the opening of the North Atlantic, 
and it still plays a major role in the geodynamics of the region. A substantially higher poten- 
tial temperature of the asthenosphere causes a large melt production. The thick crust result- 
ing from the increased melt production is present not only in Iceland, but also along the Green- 
land-Iceland and Faeroe-Iceland ridge, thought to represent the hotspot traces on the Ameri- 
can and Eurasian lithospheric plates, respectively. Moreover, bathymetric anomalies gener- 
ated by the hotspot swell are observed more than 1000 km away from Iceland (Fig. 3.35). 

The subaerial locations of the Mid- Atlantic Ridge in Iceland are (Fig. 3.38) in the south, 
the Western Volcanic Zone, which is a continuation of the Reykjanes Ridge spreading cen- 
ter and further southeast, the Eastern Volcanic Zone, which appears to take over the spread- 
ing and transfer it to the Northern Volcanic Zone. The latter links the subaerial Icelandic 
rift system to the active underwater Kolbeinsey Ridge spreading center. The center of the 
hotspot plume is currently thought to be located between these two volcanic zones, to- 
wards the southeastern shore of Iceland in the area of the Vatnajokull highlands, where 
the topography has an of average height of 1 km and peaks at about 2 km. The surface rocks 
on Iceland span ages from 0 to 16 Ma. 

The nature of the Icelandic crust is subject to debate and has already generated a 
considerable amount of literature. One of the two current hypotheses proposes a thin, 
10 to 15 km thick crust and a mantle with an anomalous low seismic velocity, indicating 
possible partial melting at the base of the crust (Gebrande et al. 1980). The other model 
suggests a crustal thickness of 20 to 40 km under Iceland (Darbyshire et al. 2000). More- 
over, the results of recent seismic investigations indicate that the crustal thickness and 
the elevation decrease with distance from the hotspot center (Darbyshire et al. 2000). 

Recently, the results of several surveys contributed to more detailed knowledge about 
the crustal structure of Iceland and the adjacent areas. To comment on the lithospheric 
density distribution in the Icelandic region, the crustal models determined by the follow- 
ing surveys will be used: 

a “Reykjanes Axial Melt Experiment: Structural Synthesis from Electromagnetic and 
Seismics (RAMESSES)” (Navin et al. 1998), aiming at the investigation of the crustal 
accretionary processes on the Reykjanes Ridge at 58°45' N; 
b “Reykjanes Ridge Iceland Seismic Project (RRISP)” (Gebrande et al. 1980; Goldflam 
et al. 1980): an exploration of the crustal structure along an approximate NE-SW 
profile across Iceland and the southeastern flank of the Reykjanes Ridge; 
c “Reykjanes-Iceland Seismic Experiment (RISE)” (Weir et al. 2001), linking crustal 
structures of the Reykjanes Ridge and Iceland, 
d “ICEMELT” survey (Darbyshire et al. 1998), probing the crust and upper mantle 
beneath central Iceland; 

e “Faeroe-Iceland Ridge Experiment (FIRE)” (Staples et al. 1997 and Smallwood et al. 
1999), which explores the crustal structure of northeastern Iceland in order to link 
Faeroe Island to a present-day spreading center. 

Figure 3.38 gives a schematic view of the location of the studies. 
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Fig. 3.35. Regional map of Iceland; a bathymetry from Sandwell and Smith ( 2000 ); b mean lithos- 
pheric density calculated with a uniform crustal thickness of 7.1 km. Star indicates the location of the 
RAMESSES seismic and electromagnetic experiment 

3.4.7.1 

"RAMESSES" Study 

A seismic and electromagnetic survey has been performed on the Reykjanes Ridge 
spreading center (half-spreading rate 10 mm yr" 1 ) at about 59 0 N, approximately 900 km 
to the south of the Iceland hotspot plume (Fig. 3.35). The results show an anomalously 
shallow average of 1.8 km water depth of the ridge axis here, clearly the result of the 
additional thermal influence of the hotspot. However, no notable accretion of the crustal 
thickness is observed, and the thickness of 7.5 km found here is similar to that of aver- 
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Fig. 3.36. a Crustal structure of along the Reykjanes Ridge at 57 ° 45 ' N from Navin et al. ( 1998 ); 
see location of experiment in Fig. 3 . 35 ; b approximate depth of the boundary between hot and cold 
lithosphere; c mean lithospheric density 

age oceanic crust. The crust-lithosphere boundary is characterized by a 7.8 km s" 1 ve- 
locity, a rather high value in this context, and a narrow well-defined transition zone 
(Fig. 3.36). The lithospheric densities calculated from the foregoing crustal structure 
show an approximately uniform value of 3.24 to 3.25 g cm -3 along the length of the 60 km 
on-axis profile and a hot/cold lithosphere boundary about 40 km deep. 

It is interesting to note that a cross-axis profile (Fig. 3.37) shows average lower litho- 
spheric densities on the southeastern flank of the Reykjanes Ridge than the along- 
axis profile, possibly associated with the off-axis extensional tectonics indicated by 
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Fig. 3.37. a Crustal structure across the Reykjanes Ridge at 57°45' N from Navin et al. (1998); 
see location of experiment in Fig. 3.35; b approximate depth of the boundary between hot and cold 
lithosphere; c mean lithospheric density 

Navin et al. (1998). The rise of the hot lithosphere boundary of about 15 km from the 
ridge axis towards the southeast associated with low lithospheric densities having an 
average 3.23 to 3.24 g cm -3 also suggest a renewal of magmatic activity that is linked 
here to the extensional tectonics mentioned previously. Despite the presence of an 
intra-crustal magma chamber interpreted on the basis of seismic and electromagnetic 
parameters, the higher lithospheric densities and a deeper lithospheric-asthenospheric 
boundary under the ridge axis suggest that the investigated segment of the Reykjanes 
Ridge does not appear to be in an active magmatic phase at the present time. 
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3.47.2 

"RRISP" Profile 

The combined land-sea seismic survey was carried out in 1977 along a profile that is 
approximately 800 km, in order to investigate the deep structure beneath Iceland and 
its transition towards the eastern flank of the Reykjanes Ridge to the south (Fig. 3.38). 
The marine part of the survey (from about 6i°3o' to 63°30 f N) investigated the oce- 
anic lithosphere along magnetic anomaly 5 (10 Ma) (Goldflam et al. 1980). The study 
revealed the presence of an oceanic crust that is approximately 9 to 10 km thick and a 
well-defined Moho discontinuity with a 7.7 km s _1 seismic velocity. The anomalously 
high velocity zone (8.3 to 8.6 km s" 1 ) found in the depth range from about 20 to 50 km 
may be explained by anisotropy (Goldflam et al. 1980). The lithospheric density cal- 
culated along the profile averages at 3.24 g cm -3 and is similar to those found at about 
39 0 N (see “RAMESSES” study previously discussed). 

According to Gebrande et al. (1980) (Figs. 3.38 and 3.39), a sharp transition in the 
velocity structure occurs crossing the shoreline to the north. The velocity structure of 
the mainland of Iceland is characterized by a two-layered crust of variable thickness 
(10 to 15 km), showing similar seismic characteristics to the one found beneath Reykjanes 
Ridge. However, the major differences in the sub-crustal structure are the low veloci- 
ties (7.0 to 7.6 km s -1 ) reaching down to more than 50 km depth. They are interpreted 
to be caused by a diapiric upwelling of the asthenosphere in a state of partial melt. Fur- 
thermore, considering RRISP profile II and earlier investigations (Bath i960), the low- 
velocity lithosphere/asthenosphere appears to extend beneath all Iceland. 
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Fig. 3 . 38 . Altimetry and bathymetric chart of Iceland and surrounding ocean (from Sandwell and 
Smith 2000) showing the location of seismic lines and shot-points (B> C, G, D, E) of the RRISP 77 
project (from Gebrande 1980). The neo-volcanic zone is outlined in gray ; 1: western volcanic zone, 
2: eastern volcanic zone, 3: northern volcanic zone, 4: Kolbeinsey Ridge spreading center 
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Fig. 3.39. Final velocity model of RRISP profile l (from Gebrande 1980 ); see location in Fig. 3.38 

The results of longitudinal ( P ) and shear (S) wave parameter analyses suggest 
about 13% melt for the depth range of 20 to 50 km in the area. This would lead to a 
mean density change of about 0.07 g cm -3 for the lithosphere between the Reykjanes 
Ridge flank at 62° N (crustal age ~io Ma, lithospheric density about 3.24 g cm -3 , 
see RRISP marine profile, Figs. 3.38 and 3.39) and the active hotspot plume area be- 
neath Iceland (Gebrande et al. 1980). Since velocities in the 7.0 to 7.4 km s" 1 range 
are often interpreted as belonging to the lower crust, it is difficult to draw lower crustal 
boundaries in active magmatic provinces. In the case of Iceland, this boundary may 
vary between 10 and 45-50 km. Its exact depth is a question of how this boundary is 
defined. 

The 10 to 15 km thick crust suggested by the RRISP model represents, according to 
today’s terminology, the “thin hot crust” hypothesis. Using this crustal structure, the 
lithospheric density calculated from the isostatic load equation results in an average 
value of 3.22 g cm -3 for the active hotspot plume beneath Iceland. In order to simulate 
the currently accepted “thick cold crust” solution, we extended the crustal thickness 
to an average of 30 km using appropriate seismic velocities. The resulting lithospheric 
density then comes to a value of about 3.26 g cm -3 . 

3.4.73 

RISE: Reykjanes-lceland Seismic Experiment 

The study is a combined land-sea survey along the axis of Reykjanes ridge and its exten- 
sion on the mainland (see profile B and land profile A, Fig. 3.38). A short profile (D) crosses 
the Reykjanes ridge spreading center at the southern end of the sea profile B. The approxi- 
mately 150 km long sea profile (Fig. 3.40) shows a typical oceanic crustal structure. How- 
ever, the crustal thickness is approximately 10.5 km in the south and thickens to 14 km 
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Fig. 3 . 40 . a Crustal structure along profile RISE B from Weir et al. (2001); see location in Fig. 3.38; 
b approximate depth of the boundary between hot and cold lithosphere; c mean lithospheric density 



beneath the Icelandic shore to the north and thus is about 2.5 to 5 km thicker than the crust 
found at 59 0 N by the RAMESSES survey. Using the published crustal structure, the litho- 
spheric density derived from profiles B, A and D (Figs. 3.38 and 3.40-3.42) averages 
approximately 3.22 g cm -3 and is therefore lower than the 3.24 to 3.25 g cm -3 densities 
obtained for the RAMESSES study located further south. 
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Fig. 3.41 . a Crustal structure along profile RISE D from Weir et al. (2001); see location in Fig. 3.38; 
b approximate depth of the boundary between hot and cold lithosphere; c mean lithospheric density 



This lithospheric density difference between these two sites represents an approxi- 
mate 150 °C temperature increase in the lithosphere/asthenosphere’s temperature be- 
tween the Reykjanes ridge axis at 59 0 N and adjacent Iceland. The land profile “A”, oblique 
to the off-shore profile “B”, follows the shift of the spreading center on land. The crustal 
thickness increases towards the northeastern end of the profile to about 20 km (Fig. 3.42). 
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Fig. 3 . 42 : a Crustal structure along profile RISE A from Weir et al. (2001); see location in Fig. 3.38; 
b approximate depth of the boundary between hot and cold lithosphere; c mean lithospheric density 



3.4.7.4 

"ICEMELT" Survey 

Another seismic refraction survey was set up to investigate the crustal structure in cen- 
tral Iceland. The profile (Fig. 3.38) starts on the northwestern coast where the terrain is 
about 1 to 8 Ma, then crosses the Mid- Atlantic spreading center and the Vatnajokull area 
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Fig. 3 . 43 . a Crustal structure of central Iceland from the ICEMELT study (Darbyshire et al. 1998); 
see location in Fig. 3.38; b approximate depth of the boundary between hot and cold lithosphere; 
c mean lithospheric density 

with mountains that are 1.7 to 2 km high and thought to be above the plume center. The 
profile ends at the southeastern shore of Iceland on terrain approximately 3 to 8 Ma. 

The lower boundary of the upper crust (Fig. 3.43) is defined by the 6.9 km s" 1 
isovelocity, and is approximately 13 to 15 km thick at the northwestern and southeast- 
ern end of the profile and decreases gradually to about 9 km below the highlands. The 
7.2 km s" 1 isovelocity in the crustal model is thought to represent the base of the lower 
crust. The total crustal thickness increases from about 25 to 40 km in the area of the 
plume center and remains at this level to the southeastern end of the profile. The mean 
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Fig. 3.44. a Crustal structure of central Iceland from the ICEMELT study; crust/lithosphere bound- 
ary defined by the 7.1 km s _1 isovelocity; modified after Darbyshire et al. (1998); see location in Fig. 3.38; 
b approximate depth of the boundary between hot and cold lithosphere; c mean lithospheric density 



lithospheric densities show values of 3.27 g cm -3 in the northwest region of the profile, 
roughly corresponding to the Icelandic average obtained from the RRISP study assuming 
a 30 km thick crust. The lithospheric density then increases to surprisingly high val- 
ues, which encompass a rather narrow low-density zone in the area of the presumed 
plume center. The obtained results are difficult to reconcile with the observations, since 
they show a high-density lithosphere underneath the active subaerial Mid- Atlantic 
Ridge (at the center of the profile) close to the hotspot plume center. A more plau- 
sible lithospheric density model is obtained if the 7.1 km s" 1 isovelocity is designated 
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as the lower crustal base (Fig. 3.44). This reduces the crustal thickness to more uniform, 
smaller values between 20 and 25 km. The lithospheric density at the plume center de- 
creases to a value around 3.20 to 3.22 g cm" 3 and is similar to the lithospheric density 
obtained beneath the active part of Hawaii for example. However, with the modified model 
of thinner crust (Fig. 3.44), a gradually decreasing density lithosphere (towards the south- 
east along the profile) replaces the former high densities associated with the subaerial Mid- 
Atlantic spreading center to the northwest of the Icelandic plume center. 

In light of this modified crustal geometry, the lithospheric density for terrain of 
similar crustal age at the northwestern and southeastern extremities of the ICEMELT 
profile are now also similar and in the 3.27 to 3.28 g cm" 3 range. 

3.4.7.5 

FIRE: Faeroe-lceland Ridge Experiment 

The combined land-sea seismic project was carried out to explore the crustal struc- 
ture from the Mid- Atlantic spreading center in Iceland along the Faeroe Ridge (thought 
to represent the Icelandic hotspot track) to the Faeroe Island block (Figs. 3.35 and 3.38). 
The geological nature of the Faeroe Island block is controversial and considered al- 
ternately as having an oceanic origin or as being a fragment of the Eurasian conti- 
nent. The FIRE survey was preceded by the Faeroe-lceland Ridge Project - FIR (Bott 
et al. 1971) and the North Atlantic Seismic Project - NASP (Zverev et al. 1976; Bott and 
Gunnarsson 1980). 

The Faeroe-lceland Ridge was created at the Mid- Atlantic spreading center from 
54 Ma to about 26 Ma (Bott 1985), when a westward jump of the ridge to the present- 
day Western Fjords area occurred (Hardarson and Fitton 1993). Spreading from this 
center generated a thick volcanic crust and lasted to about 7 Ma before the present, 
when successive eastward jumps transferred the spreading to the Northern volcanic 
zone. 

At the northwestern end of the profile in Iceland, a pronounced crustal thinning 
from about 30 km to 20 km is interpreted across the Mid- Atlantic spreading center 
(Northern Volcanic Zone - NVZ) at o km on the distance scale of Fig. 3.43. Along the 
Iceland-Faeroe ridge, the crustal thickness is 25 to 35 km and increases to more than 
40 km beneath the Faeroe block. Here, the overall crustal density is close to 3.0 g cm" 3 . 
The upper crustal thickness remains rather constant along the whole profile, its base 
(7 km s" 1 isovelocity) averaging about 15 km in depth. The lithospheric density value 
is 3.23 to 3.24 g cm" 3 for the Mid- Atlantic spreading center, similar to the one obtained 
for the modified “ICEMELT” profile (Fig. 3.44). Beneath the lower crustal “bulge”, 
which extends southeast from the Mid- Atlantic spreading center to the Icelandic 
shore, the lithospheric density increases to about 3.30 g cm" 3 on average. This por- 
tion of about 35 km thick crust is considered a remnant of the Western Fjord spread- 
ing center discussed previously. From the Icelandic shore to the southeast along the 
Faeroe-lceland ridge, the lithosphere’s thickness and density values increase gradu- 
ally from 3.24 to 3.30 g cm" 3 under the Faeroe block, reflecting the cooling and aging 
of the lithosphere. 

Summarizing the results obtained, it can be seen that low lithospheric densities (lower 
than the 3.24 g cm" 3 on average associated with steady-state spreading centers) appear to 
extend far beyond the limits attributed to the present-day hotspot plume center. Derived 
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Fig. 3.45. a Crustal structure along profile FIRE from Smallwood et al. (1999); see location in Fig. 3.38; 
b approximate depth of the boundary between hot and cold lithosphere; c mean lithospheric density 



from the density differences, the potential temperature of the asthenosphere appears to 
be approximately 100 to 150 °C higher than normal, not only beneath the Mid- Atlantic 
spreading axis, but also under its flanks. Moreover, the temperature difference calculated 
for the plume center can be as high as 200 to 250 °C. Therefore, from the distribution of 
the low lithospheric densities in the Icelandic region, one can conclude that a consider- 
ably larger volume of the lithosphere/asthenosphere system than merely a hotspot plume 
contributes to the creation of the thick Icelandic crust. On the other hand, the tempera- 
tures derived from the lithospheric densities suggest that this crustal thickness is in the 15 
to 25 km range, on the average. 
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3.5 

Subsidence of Hotspot Structures 

Following the reheating and thermal rejuvenation of the lithosphere, the hotspot-gen- 
erated swells will subside again when the thermal input ceases at a rate depending on 
the lithosphere’s effective thermal age (Crough 1987; Menard and McNutt 1978). We 
discussed and illustrated this process in the framework of the isostatic load model 
(Sect. 3-3.3-3 and Fig. 3.14) and showed the Hawaiian swell as an example (see Sect. 3.4.3 
and Fig. 3.21). 

Detrick et al. (1977) have analyzed the subsidence of “aseismic ridges”. These vol- 
canic structures, such as the Rio Grande Rise, the Walvis Ridge or the Mascarene Pla- 
teau, have been formed in shallow water to subaerial environments. It was found that 
these aseismic ridges’ subsidence rate is comparable to that of the oceanic lithosphere 
and can therefore be described by a depth-vs.-age relationship (“time t m law”). The 
isostatic load model predicts a crustal thickness in the 15-20 km range for these struc- 
tures and the associated lithospheric densities should be approximately 3.23 g cm -3 dur- 
ing their genesis and youth (Fig. 3.14b). Their subsidence corresponds to the “time t m 
law” and ceases after approximately 75 Ma, when the cooling lithosphere’s density 
reaches 3.33 g cm -3 . The predicted water depth should then be in the 2.5 to 3 km range, 
and this agrees well with the observations. 




h w (km) 

Fig. 3.46. Subsidence of hotspot structures: lithospheric density (p L ) versus water depth (/z w ). For 
comparison, subsidence of oceanic crust (fi c = 7 km) and of a crustal structure (h c = 21 km); crustal 
density: 2.83 gem -3 (dotted lines). Squares: crustal thickness more than 15 km; circles: crustal thick- 
ness from 10 to 15 km. 1-6: Hawaii; 7: La Reunion; 8: Ascension; 9; Great Meteor; 10: Josephine; 
11: Marquesas; 12: Tahiti; 13-21: Iceland; A: Agulhas Plateau; B-D: Mozambic Ridge; E-G: Madagascar 
Ridge; H-I: Kerguelen Island; /: Crozet Rise 
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As a snapshot of their evolution at a given moment, Fig. 3.46 represents the position 
of hotspot structures discussed in the study as well as others from the Indian Ocean as 
a function of the water depth (or elevation) and lithospheric density. It is remarkable 
that the average trend follows the subsidence curve of an oceanic-type crust that is 
approximately 18 to 20 km thick until it reaches the density value of the cold lithosphere 
(3*33 g cm" 3 ) at a water depth average of 2.5 km. It is noteworthy that the trend observed 
here also compares well with the predictions of the isostatic load model (Fig. 3.14b). 

Considering the same structures as above, the observed HJH R ratios can now be 
examined as a function of the lithospheric density, where H e represents the elevation 
of the extrusive structure above the surrounding topography and H R the lower crustal 
“root” below the average depth of the unaltered crust-lithosphere boundary, the “Moho”. 
It appears from Fig. 3.47 that while high H e /H R ratios are associated with low lithos- 
pheric density (hot lithosphere), decreasing H e /H R ratios are quite the reverse, as they 
are linked to the gradual increase of lithospheric densities. The lowest H e IH R ratios, on 
an average of 0.2-0.23, also represent structures with well-developed crustal “roots” 
embedded in a high density, already matured and cold lithosphere. The possible and 
also plausible explanation for the decreasing HJH R ratios of these volcanic structures 
while the lithospheric density increases might be a lower crustal growth from flexing 
(“bulging”) of the crust and/or the progressive “freezing” to the crust or underplating 
of the melt accumulated near the base of the crust, which accompanies the cooling of 




Fig. 3.47. Mean lithospheric density (p L ) for different ratios of crustal elevation to lower crustal root, 
HJH r . Symbols as in Fig. 3.46 
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Fig. 3.48. a Crustal density (p c ) versus the ratio of crustal elevation to lower crustal root, HJH R ; 
b crustal thickness h c versus crustal density p c . Symbols as in Fig. 3.46 

the lithosphere. The increasing density of the crust while the Hg/H R ratio decreases and 
the crustal thickness increases may well document this process (Fig. 3.48a, b). 

Both the subsidence of the volcanic structures observed and the trend of decreasing 
H e /H R ratios while the lithospheric density values approach the constant lithospheric 
density domain (p L = 3.33 g cm" 3 ) suggest that these structures gradually tend towards 
an Airy type of isostatic equilibrium, described by the H e /H R = (p L - p c ) / (p c - p w ) re- 
lation. This gradual transition between the two isostatic compensation schemes, the 
variable- and constant lithospheric density domains (Pratt- and Airy type of compen- 
sation), characterizes the evolution of the isostatic equilibrium of the hotspot gener- 
ated structures. 
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3.6 

Conclusions 

1. The isostatic load equation and model discussed in the first part of the study rep- 
resents a combination of the Airy and Pratt compensation schemes in the frame of 
plate tectonics, and it offers a generalized description of isostatic compensation 
mechanisms in the lithospheric plate. The transition between these mechanisms is 
continuous, and they operate in such a way that the sum of the crustal load (also 
including the water layer when applicable) and the lithostatic load of the sub-crustal 
lithosphere (termed “lithosphere” in this study) remains constant at a uniform com- 
pensation depth. This depth is set at 95 km and coincides approximately with the 
base of lithospheric plate suggested by the thermal plate model. It is also compat- 
ible with the reference depth in Pratt’s isostatic compensation model. 

It is noteworthy that the essential physical parameters of the isostatic load model 
are based on observations and experimental results. The role that the crustal load 
plays in the evolution of the average lithospheric density is implicitly expressed by 
the isostatic load equation. 

2. Our investigations show that the lithosphere’s density is the same in tectonically 
stable areas on land and in the regions of the oceanic basins that are approximately 
70 to 120 Ma, where the sea floor remains constant at a 5.4 km depth (sediment 
load corrected). This density here is 3.332 g cm -3 and is used as a reference value 
for our isostatic load model. In some deeper oceanic basins where the age indepen- 
dence of the sea-floor depth is not observed, the lithospheric density can reach 
higher values. 

3. The average lithospheric densities derived for the steady-state spreading ridges 
are in the 3.23-3.25 g cm" 3 range and most likely indicate the average density of the 
upwelling asthenosphere. 

4. Our study shows that an average 3.28-3.30 g cm' 3 lithospheric density character- 
izes areas of intraplate hotspot swells. 

5. Low average lithospheric densities in the 3.20 to 3.22 g cm" 3 range are associated 
with high-intensity hotspot dynamics, such as observed in Hawaii, Iceland or on 
Reunion Island. Here, the average lithospheric density difference compared to 
steady-state spreading centers indicates a potential temperature of the asthenos- 
phere that is approximately 200 to 250 °C higher. 

6. The crustal thickness of the hotspot-generated structures appears to average 18 to 
20 km. The depth versus age (“time f 1/2 ”) law describes their subsidence. This sub- 
sidence ceases when the cooling lithospheric density reaches 3.33 g cm" 3 . The corre- 
sponding water depth is then in the 2.5 to 3 km range. 

7. A gradual transition between the two isostatic compensation schemes, the variable and 
constant lithospheric density domain (Pratt and Airy type of compensation), charac- 
terizes the evolution of the isostatic equilibrium of hotspot-generated structures. 
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Chapter 4 



Origin of the 43 Ma Bend Along the Hawaiian-Emperor 
Seamount Chain: Problem and Solution 

Y.Niu 



4.1 

Introduction 

The Hawaiian-Emperor Seamount chain (H-E SMC) on the Pacific Plate (Figs. 4.1 and 
4.2a, b) is the best-defined hotspot track on the Earth. If hotspots are surface manifesta- 
tions of deep, fixed sources of mantle plumes (Morgan 1971, 1981), then the along-track 
volcanic age progression away from Hawaii (e.g., Clague and Dalrymple 1989) must 
record the direction, absolute velocity, and possible changes of the Pacific Plate mo- 
tion. This would suggest that the prominent -43 Ma Bend along the H-E SMC reflects 
a sudden change in Pacific Plate motion direction by ~6o°. However, the actual cause 
of the 43 Ma Bend is unknown. A leading hypothesis is that the collision between In- 
dia and Eurasia some -45 Ma ago might have triggered the sudden reorientation of 
the Pacific Plate motion from northward to northwestward, hence the 43 Ma Bend 
(Dalrymple and Clauge 1976; Patriat and Achache 1984). This collision, however, is shown 
to have had no effect on the Pacific Plate motion (Lithgow-Bertelloni and Richards 1998). 
The lack of apparent mechanism for such a sudden change in Pacific Plate motion di- 
rection led to the speculation (Norton 1995) that the -43 Ma Bend may have resulted 
from a southward drift of the Hawaiian hotspot prior to -43 Ma. Indeed, recent paleo- 
magnetic studies (Tarduno and Gee 1995; Tarduno and Cottrel 1997; Christensen 1998; 
Sager 2002), plate reconstructions (Acton and Gordon 1994; Norton 1995, 2000; DiVenere 
and Kent 1999; Raymond et al. 2000), mantle flow models (Steinberger and O’Connell 
2000), and statistical analysis of plate motions using seamount geochronology 
(Koppers et al. 2001) all indicate that hotspots are not fixed, but they move individu- 
ally or in groups at speeds up to 60 mmyr" 1 . Specifically, using paleomagnetic data- 
derived paleolatitudes for the Suiko (-64.7 Ma) and Detroit (81.2 Ma) Seamounts along 
the Emperor Seamount chain (E-SMC), Tarduno and Cottrel (1997) suggest that the 
Hawaiian hotspot had drifted southward at a speed of -30-50 mmyr" 1 from 81 to 
43 Ma. Sager (2002) suggests that this southward drift must have been even more rapid. 
In fact, ODP Leg 197 (July 1 to August 27, 2001) was devoted to verifying the paleomag- 
netic interpretations (Tarduno et al. 2001). 

If the Hawaiian hotspot had indeed drifted in speed as rapidly as the lithospheric 
plate motion, then we have lost the best hotspot reference with which to reconstruct 
plate tectonic history in the Pacific and elsewhere. This would be a revolution, and we 
would be left with no alternative but to reconsider the tectonic history of the Pacific 
Plate in particular and global tectonics in general during the period from -81 to 43 Ma. 
Caution is necessary! 
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Fig. 4.1 . Portion of the world’s topographic map (from http://www.ngdc.noaa.gov/mgg/image/) show- 
ing Hawaiian hotspot, Hawaiian-Emperor Seamount chain, and the 43 Ma bend. Highlighted are also 
several other present-day hotspots (Louisville, Macdonald, Tuamotu) and the 43 Ma bends along these 
respective hotspot tracks on the Pacific Plate (e.g., Norton 2000). “0-K OP: HPH” outlines the suggested 
Okhotsk-Kamchatka oceanic plateau: the Hawaiian mantle plume head material. Note that the Emperor 
Seamount chain is perpendicular to the Cretaceous-Tertiary Okhotsk-Chukotka active continental mar- 
gin, which the Pacific Plate moved towards and subducted beneath prior to 43 Ma. Note also the area 
where the Kamchatka forearc Ukelayat flysch sandstones are exposed and studied by Garver et al. (2000) 

In this chapter, I accept that the Hawaiian hotspot is not as fixed as was previously 
thought, but emphatically point out that interpretations based on paleomagnetic data 
will have difficulties in reconciling important observations. I then present an alterna- 
tive interpretation for the origin of the 43 Ma Bend, which is consistent with simple 
physics as well as many observations. It is my intention that this contribution will of- 
fer a stimulus to the community for a better understanding of fundamental tectonic 
problems, such as this one, which we should understand, but which we still have not 
yet mastered. 
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Fig. 4.2. a A simplified map of 
Hawaiian-Emperor Seamount 
chain in the Pacific after Gauge 
and Dalrymple (1989). K-Ar 
age dates of seamount lavas 
are also from these authors 
except for Detroit Seamount 
for which an Ar-Ar age date 
is from Keller et al. (1995). 
b Assuming the Hawaiian hot- 
spot is fixed, the age data indi- 
cate a significant spreading 
rate change from -5.69 cmyr -1 
during the Emperor Seamount 
volcanism (~8i to 43 Ma) to 
8.76 cmyr -1 of the present- 
day Hawaiian Seamount 
volcanism since 43 Ma 
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4.2 

The Emperor Seamount Chain Paradox 

4.2.1 

Paleomagnetic Interpretations 

If the Hawaiian hotspot has remained fixed, then ancient lavas erupted on the Em- 
peror Seamounts should record paleolatitudes similar to the present-day latitude of 
Hawaii at -19.5° N. This does not seem to be the case. Lavas from the Suiko Seamount 
(64.7 Ma) give a paleolatitude of 27.5 0 (±2°) (Kono 1980), and lavas from the Detroit 
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Seamount (81.2 Ma) give a paleolatitude of 36.2° (+6.97-7.2°) (Tarduno and Cottrell 
1997)- Very recently, using more samples from different drill holes of the Detroit Sea- 
mount, Sager (2002) obtained an even higher paleolatitude of 42.8° (+13.27-7.6°). If 
the effect of true polar wander (TPW) can indeed be ruled out (Tarduno and Cottrell 
1997), then these high paleolatitudes of seamounts during eruption can only be ex- 
plained by the southward drift of the Hawaiian hotspot. Using the paleolatitudes de- 
rived from paleomagnetic data of the Detroit Seamount lavas, the Hawaiian hotspot 
would have drifted southward during the 38 Myr period (from 81 to 43 Ma) at a speed 
of -50 mmyr" 1 (between 30 to 70 mmyr" 1 , Tarduno and Cottrell 1997) or at a speed 
of ~68 mm yr" 1 (between 46 to 107 mm yr" 1 , Sager 2002). Such drift is remarkable, as 
the speeds are on the order of quite fast plate motion. 

4.2.2 

A Simple Test 

We can carry out some simple exercises to see (1) whether such high speed drift of the 
Hawaiian hotspot is possible, and (2) whether the 43 Ma Bend is due to the cessation of 
the hotspot drift without changing the direction of the Pacific Plate motion. Figure 4.3 
shows the results of the exercises. From the subtle and more Hawaii-like “trend” be- 
tween the Meiji and Detroit Seamounts at the northern end of the Emperor chain 
(Figs. 4.1 and 4.2a, b), we can assume that the Hawaiian hotspot started the drift from 
the time of Detroit Seamount volcanism at ~8i Ma. We can also assume, for this testing 
purpose, that the Pacific Plate had spread both in direction and speed during the 38 Myr 
period (from 81 to 43 Ma) the same as it does today. Figure 4.3b gives several scenarios. 
If the Hawaiian hotspot had not drifted, the present-day E-SMC would simply be a west- 
ern extension of the Hawaiian Seamount chain (H-SMC) as labeled A. If the Hawaiian 
hotspot had indeed drifted southward at speeds of 30 mm yr -1 and 60 mm yr -1 , respec- 
tively, then the present-day E-SMC would be in the positions B and C, respectively. 
Obviously, none of the three scenarios can be practically correct, as they do not match 
the present-day location of the E-SMC. In order to reproduce the E-SMC, we must con- 
sider several variables: (1) possible variations in both direction and velocity of the Pa- 
cific Plate motion, and (2) possible changes in the speed of southward drift of the Ha- 
waiian hotspot. Although paleomagnetic data cannot resolve longitudinal changes, as 
the E-SMC is essentially north-south (-350° NNW; see Fig. 4.3a), we thus know that the 
Pacific Plate must have had limited motion to the west (-293° NWW; Fig. 4.3a) prior to 
43 Ma. The meaningful variables to be considered are thus limited to (1) southward drift 
of the Hawaiian hotspot, (2) northward motion of the Pacific Plate, and/or (3) their 
combination. 

These considerations lead to an essentially unique solution that best fits the E-SMC 
(Fig. 4.3c). The velocity component of the Pacific Plate motion in the 293° NWW di- 
rection is limited to 10 mm yr" 1 . The combination of southward Hawaiian hotspot drift 
and the northward velocity component of the Pacific Plate motion gives a net effect of 
50 mmyr" 1 along the E-SMC. This best-fit result is in fact very close to the lava age 
progression rate of -57 mmyr" 1 along the E-SMC (Fig. 4.2b). If neither the Hawaiian 
hotspot nor the Pacific Plate were stationary during the formation of E-SMC, then both 
should have moved at a speed less than -57 mm yr" 1 (say, ~6o mm yr" 1 ). In other words, 
if the Hawaiian hotspot had stayed fixed, the Pacific Plate must have moved north- 
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Fig. 4.3. a Plot of the Hawaiian- 
Emperor Seamount chain in a 
Cartesian coordinate system in 
kilometers (recalculated in terms 
of “great circle distance” from lati- 
tude and longitude values) with 
the 43 Ma Bend chosen as the 
origin, b Several hypothetical 
scenarios (A, B and C) illustrating 
where and in what direction the 
Emperor Seamount chain would 
be located today, each symbol 
point corresponding to a sea- 
mount of the Emperor Seamount 
chain. I assume for this testing 
purpose that the Pacific Plate had 
spread in both direction and 
speed during the -81-43 Ma 
period the same as it does today. 
Scenario A: With Hawaiian hot- 
spot fixed, the Emperor Seamount 
chain would simply be an exten- 
sion of the Hawaiian Seamount 
chain. Scenarios B and C: 
Hawaiian hotspot had drifted 
south-ward at speeds of 
30 mmyr -1 and 60 mmyr 1 , re- 
spectively. This exercise indicates 
that one cannot reproduce the 
Emperor Seamount chain with 
Hawaiian hotspot drift only with- 
out changing the speed, direction 
or both of the Pacific Plate; 
c Keeping Pacific Plate motion 
direction as it is today, but vary- 
ing speeds of both Pacific Plate 
motion and Hawaiian hotspot 
drift due south, the Emperor Sea- 
mount chain can be reproduced, 
essentially and uniquely, in both 
the orientation and length ( shaded 
squares). The Pacific Plate moves 
to the NWW (292.5 0 ) at a speed 
of only 10 mmyr -1 , while the Ha- 
waiian hotspot drifts southward 
at a speed of 50 mmyr -1 . The 
latter is essentially the same as 
the 57.1 mm yr -1 northward motion 
motion of the Pacific Plate prior 
to 43 Ma, assuming the fixed Ha- 
waiian hotspot (Fig. 4.2). This 
suggests that if the interpretations 
based on paleomagnetic data were 
correct, the Pacific Plate would 
have been essentially stationary 
during the -38 Myr period of Em- 
peror Seamount chain formation 





Distance (km): West (+) and East (-} of 43 Ma Bend 



ward at a speed of ~6o mm yr -1 . Alternatively, if the Hawaii hotspot had indeed drifted 
continuously southward at a speed of ~6o mm yr" 1 , the Pacific Plate would have to have 
been nearly stationary for 38 Myr (from 81 to 43 Ma). 
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4.2.3 

The E-SMC Paradox and Solution 

If we accepted the paleomagnetic interpretations that the Hawaiian hotspot had drifted 
continuously at a speed of 50 mm yr -1 (Tarduno and Cottrell 1997) or 70 mm yr -1 (Sager 
2002) during E-SMC formation, we would also have to accept that the Pacific Plate had 
been essentially stationary (only 10 mmyr" 1 drift to -293° NWW; Fig. 4.3c) during this 
38 Myr period. This reasoning is simply wrong, because it is inconsistent with observa- 
tions. The well-established magnetic anomalies on the Pacific Plate at its present-day lati- 
tude of 20-35° N shows that from 81 Ma (Chron 34) to 43 Ma (Chron 18), the Pacific Plate 
spread at a speed of -54 to 63 mm yr -1 in a relative motion direction due west (Atwater 
1989). Furthermore, during this same period, the Pacific Plate continued to subduct to 
the NW and NNW beneath northeast Asia (Zonenshain et al. 1990; Norton 2000). This 
situation is indeed a paradox! To resolve the paradox means that we must make a choice 
between observations and interpretations. I choose to accept the observations based 
on well-established magnetic anomalies that the Pacific Plate was not stationary, but 
spread at -54-63 mmyr -1 in the relative plate motion direction due west. But as “ab- 
solute” plate motion to the west (e.g., 293° NWW) is limited to -10 mm yr -1 (Fig. 4.3c), 
the Pacific Plate would have had to move in an “absolute” direction due north. Con- 
sidering that the Hawaiian hotspot may indeed have drifted southward and regarding 
the -57 mm yr -1 vector (Fig. 4.2b) along the E-SMC, it is difficult to know how much 
contribution came from a northward Pacific Plate motion and how much from the 
southward Hawaiian hotspot drift. However, if we consider continuous Pacific Plate 
production and consumption (Atwater 1989; Norton 2000) regardless of the net growth 
in size during that 38 Myr period, we must accept that the Pacific Plate motion due 
north is significant, and must be greater than the Hawaiian hotspot drift to the south. 
I do not doubt the motion of the Hawaiian hotspot, but request careful re-evaluation 
of the paleolatitudes of E-SMC derived from lava paleomagnetic data. The errors as- 
sociated with the current paleolatitude estimates are too large (>25%) to allow a quan- 
titative evaluation of the actual speed of the Hawaiian hotspot drift. Furthermore, 
precise evaluation of the effects of both TPW and apparent polar wander of the Pa- 
cific in the Cretaceous is required. 



4.3 

The Origin of the 43 Ma Bend 

4.3.1 

Reasoning Towards a Preferred Model 

Having argued above that the northward motion of the Pacific Plate must be significant 
during E-SMC formation, I consider that the reorientation of the Pacific Plate motion 
at 43 Ma best explains the origin of the 43 Ma Bend. This is supported by the expres- 
sion of other hotspots and their tracks on the Pacific Plate (Fig. 4.1) (Morgan 1971, 1981; 
Norton 1995, 2000). In particular, the Louisville Seamount chain in the southern Pacific 
(Hawkins et al. 1987; Lonsdale 1988) behaves essentially the same as the H-E SMC (Harada 
and Hamano 2000; Norton 2000; Raymond et al. 2000; Koppers et al. 2001) and has fairly 
well defined along-chain age progression with a recognized 43 Ma bend (Lonsdale 1988; 
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Watt et al. 1988). If the Pacific Plate had not changed its direction of motion at 43 Ma, 
these observations would require a simultaneous multi-hotspot source swing in the 
Pacific deep mantle. Given the size of these mantle hotspots/plumes, their probable 
derivation from the core-mantle boundary (e.g., Richards and Griffiths 1988; Zhao 2001) 
and the very high viscosity in the deep mantle (Richards and Griffiths 1988; Davies and 
Richards 1992), it is indeed difficult to imagine that all these hotspot sources moved at the 
same time, in the same direction and by the same amount. It is, however, physically straight- 
forward to envision that the Pacific Plate, a single unit, may have reoriented itself. 

The question is, what might have caused the reorientation of the Pacific Plate mo- 
tion at that period? To answer this question, we need to understand what controls the 
direction and speed of a moving oceanic plate. This is the same question as what causes 
the plate motion. The answer is straightforward - the forces that act on plate bound- 
aries, such as subducting slab pull, ridge push etc. (Forsyth and Uyeda 1975; Gordon 
et al. 1978). As slab pull is the dominant driving force for an oceanic plate (Forsyth and 
Uyeda 1975; Davies and Richards 1992) and accounts for >90% of all the possible forces 
(Lithgow-Bertelloni and Richards 1998), our task is to identify a paleo-trench/subduc- 
tion zone to the north towards which the Pacific Plate had moved prior to 43 Ma and to 
understand why the Pacific Plate failed to continue due north, but suddenly moved to- 
wards a northwest direction at 43 Ma. 

4.3.2 

"Trench Jam" at 43 Ma Caused by the Arrival of Hawaiian Plume 
Head/Oceanic Plateau 

A topographically prominent feature in the far-east northeast Asia is the Late Creta- 
ceous-Early Tertiary Okhotsk-Chukotka Andean-type active continental margin with 
a well-developed volcanic arc (Fig. 4.1) and subduction zone dipping gently (20°) north- 
west (Zonenshain et al. 1990). It was inferred, based on this shallow dipping, that the 
trench must have been -500 km from the present edge of the volcanic belt within the 
Sea of Okhotsk (Zonenshain et al. 1990). This is the only subduction system known to 
exist in the region prior to the present Kamchatka- Aleutian subduction system. It is 
important to note that the elongation of the Okhotsk-Chukotka continental margin is 
essentially perpendicular to the orientation of the E-SMC. We can infer that the Pa- 
cific Plate may have moved towards and subducted beneath this continental arc prior 
to 43 Ma. Also note that if the subduction zone’s dipping is gentle (20°), the slab-pull 
force, the rate of subduction and Pacific Plate motion may not be very fast, although 
the actual rate cannot be constrained. 

The reorientation of the Pacific Plate at -43 Ma requires that the northward motion 
and subduction stopped at this time. Physically, the cessation of a plate subduction can 
only be caused by “trench jam”, e.g., the arrival of buoyant and unsubductable terranes 
(Ben-Avraham et al. 1981). Figure 4.4a-c illustrates the concept and physical likeliness 
of trench jam, and also gives reasons why the “trench jam” can lead to the reorientation 
of the Pacific Plate motion. Mantle plumes are probably derived from a deep thermal 
boundary layer, which is most likely at the core-mantle boundary as predicted theo- 
retically (e.g., Griffiths and Campbell 1990; Davies and Richards 1992) and detected 
seismically (e.g., Zhao 2001). Mantle plumes ascend because of thermal buoyancy and 
because of the growth of the more buoyant plume heads (Whitehead and Luther 1975; 
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Plume-head product - Oceanic plateau: 

(a) Thick basaltic crust & (b) Thlckend harzburgitic residue 
Both and whole package less dense than underlying asthenosphere 




Weak heating from basal thermal boundary layer - CMB? 




Consequences: 

(a) Too buoyant to subduct - unsubductable oceanic plateau; fb) Subduction 
“jams" or stops, at least momentarily; (c) Plate reorients to where subduction 
is likely; (d) Continental accretion; (e) New subduction initiates at the compo^ 
sitionai buoyancy contrast. 




Okhotsk-Chukotka Okhotsk Kamchatka 
continental Arc Sea Arc 



Ha waiUEmperor 
SMC 



Fig. 4.4. Cartoon illustrating the consequences when a buoyant oceanic plateau (mantle plume head) col- 
lides with a subduction zone, a The initiation, thickening and subduction of an oceanic lithosphere. Initia- 
tion and rise of a mantle plume from a basal thermal boundary layer (i), development of plume head (2), and 
formation of oceanic plateau by decompression melting of plume head, b The plateau moves with the plate 
leaving a hotspot track on the younger sea floor. This plateau, when reaching the trench, has important 
consequences as indicated. If the trench jam leads to the cessation of the subduction, the subducting plate 
will reorient its motion to where subduction is likely. A large compositional buoyancy contrast at the plateau 
edge becomes the focus of the stress within the plate in favor of the initiation of new subduction zones 
(Niu et al. 2001, 2003). c Initiation and subduction of the dense oceanic lithosphere soon leads to dehydra- 
tion-induced mantle wedge melting for arc magmatism. Note that C is meant to illustrate the concept, 
which is simplified and exaggerated to schematically describe the present-day H-E SMC, Kamchatka arc, 
Okhotsk Sea and abandoned Andean-type Okhotsk-Chukotka continental arc (see text for details) 
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Richards et al. 1989; Griffiths and Campbell 1990). When the plume head reaches a shal- 
low level, it melts by decompression and produces thick basaltic crust and thickened, 
highly depleted residues (Campbell and Griffiths 1990; Hill et al. 1992; Herzberg and 
O’Hara 1998; Herzberg 1999; Niu et al. 2001, 2003), which have low Fe/Mg ratios and low 
aluminum, preventing the formation of dense garnet minerals (Niu 1997). As a result, 
the whole assemblage is less dense than the underlying asthenosphere (Niu and Batiza 
1991), thus forming the buoyant oceanic plateau (Burke et al. 1978; Ben-Avraham et al. 
1981; Abbott et al. 1997; Niu et al. 2003). This plateau moves with the plate leaving a 
hotspot track on the younger sea floor (Fig. 4.4a). When this buoyant plateau reaches a 
subduction zone (Fig. 4.4b), (1) it is too buoyant to subduct and thus will become part 
of a newly accreted continent (e.g., Ben-Avraham et al. 1981; Abbott et al. 1997; Albarede 
1998; Herzberg 1999; Niu et al. 2003); (2) subduction stops (or in other words, the “trench 
jams”) at least momentarily; and (3) the plate reorients its motion to where subduc- 
tion is more likely (Niu et al. 2001, 2003). 

In the context of this model, I hypothesize that the arrival of a buoyant Hawaiian 
plume head/oceanic plateau at -43 Ma caused the trench jam, which stopped the sub- 
duction of the Pacific Plate beneath the Okhotsk- Chukotka active continental mar- 
gin, and consequently led the Pacific Plate to reorient its motion in the direction where 
subduction was more likely, i.e., the present-day western Pacific, where subduction 
zones had formed some -7 Myr earlier (Moberly 1972; Taylor 1993). This readily explains 
the 43 Ma Bend along the H-E SMC, and also explains why this 43 Ma Bend is less sharp 
along hotspot tracks further to the south such as the Tuamotu, Macdonald, and Lou- 
isville Seamount chains on the Pacific Plate (Fig. 4.1). Note that since subducting slab 
pull is the major drive force for plate motion, a trench jam can easily lead to the reori- 
entation of the plate motion as is the case of the Pacific Plate during late Neogene as a 
result of the collision between the Ontong Java Plateau and the northern Australian 
Plate (Wessel and Kroenke 2000). The question is, where is the unsubductable Hawai- 
ian plume head/oceanic plateau? Niu et al. (2001, 2003) hypothesized that the “exotic 
Okhotia terrane” (Zonenshain et al. 1987), now beneath the northern Okhotsk Sea, and 
at least part of the Kamchatka arc lithosphere are the best candidates for the Hawai- 
ian plume head (Figs. 4.1 and 4.4c). The Okhotia terrane has been speculated to be a 
continental fragment (Zonenshain et al. 1987), but its long march carried by the Pa- 
cific/Kula Oceanic Plates away from any continents since some -130 Ma ago makes it 
more like a buoyant oceanic plateau rather than a continental fragment. In fact, re- 
cent geological and geophysical work by Bogdanov and Dobretsov (2002) confirms 
the “volcanic oceanic plateau” nature of the Okhotsk Sea terrane. 



4 . 3.3 

Evidence Versus Coincidence 

The above interpretation is strongly supported by recent work of Garver et al. (2000). 
These authors established that -44 Ma is the youngest fission track grain age (FTGA) 
of primary igneous zircons in the far-east Kamchatka forearc Ukelayat flysch sandstones 
derived from the Okhotsk-Chukotka continental arc (Garver et al. 2000) (Figs. 4.1 and 
4.5a). This minimum age strongly suggests the termination of the Chukotka continen- 
tal arc volcanism - the provenance of the FTGA zircons. This termination of the arc 
volcanism as a result of subduction cessation is likely to be the consequence of the col- 
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Fig. 4.5. a Simplified from 
Garver et al. (2000) to show 
the fission track grain age 
(FTGA) of primary igneous 
zircons in the Cretaceous- 
Tertiary Ukelayat flysch. The 
provenance of the zircons is 
the Andean-type Okhotsk- 
Chukotka continental magma- 
tic arcs. Note that the minimum 
zircon age of -44 Ma is essenti- 
ally the same as the age of 
the -43 Ma Bend along the 
Hawaiian-Emperor Sea- 
mount chain; b as the inset 
in Fig. 4.2b, used to compare 
with the minimum FTGA age 
in Fig. 4.5a 
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lision of the Hawaiian mantle plume head. I believe that the collision at -44 Ma is the 
actual cause of, not coincidental with, the sudden reorientation of the Pacific Plate at 
-43 Ma, marked by the bend along the H-ESC (Fig. 4.5b). Assuming that the oldest Meiji 
Seamount along the H-E SMC is -82 Ma, the Hawaiian mantle plume would be -125 Ma 
old, which is an interesting age as it is not significantly different from the -122 Ma of 
the first phase of Ontong Java Plateau volcanism (Mahoney et al. 1993). 



4.4 

Summary and Conclusion 

While we have known for a long time that hotspots are not really fixed (e.g., Molnar 
and Atwater 1973), the advertisement “Fixed Hotspots Gone with the Wind” 
(Christensen 1998) has stirred up our way of thinking in an unusual way - all that 
we thought we knew about plate motions must be wrong or at least in huge error! 
In particular, the suggestion based on interpretations of paleomagnetic data that 
the E-SMC resulted from southward drift of the Hawaiian hotspot (Tarduno and 
Cottrell 1997; Sager 2002) provides us with an even more severe challenge. The 
suggested speed of Hawaiian hotspot drift is huge, 50-70 mm yr" 1 , which is on the 
order of fast plate motion velocity. If this were indeed correct, this would represent 
a revolution. Caution is thus necessary before we accept this suggestion. Because 
the total apparent velocity along the E-SMC is -57 mmyr -1 (Figs. 4.2b and 4.5a, b), 
if the Hawaiian hotspot drifted southward at this speed, the Pacific Plate would have 
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had to be stationary for 38 million years from 81 to 43 Ma. The latter cannot be 
correct, because well-established magnetic anomalies on the Pacific Plate indicate 
its relative motion due west at a speed of -54 to 63 mm yr" 1 during that period 
(Chron 34, ~8i Ma to Chron 18, -43 Ma). Because significant “absolute” motion to 
the west is unlikely (Fig. 4.3c), mass conservation requires that the Pacific Plate moved 
to the north at a significant speed, probably much more so than the southward drift 
of the Hawaiian hotspot. This analysis requires a reconsideration of the paleo- 
magnetic data interpretation about the speed of hotspot drift. I suggest that the 43 Ma 
Bend along the E-SMC is caused by the reorientation of the Pacific Plate motion 
at that time. The arrival of a buoyant Hawaiian mantle plume head/oceanic plateau to 
the Andean-type Okhotsk-Chukotka active continental margin led to a “trench jam”, 
and subsequent cessation of the Pacific Plate motion to the north. The Pacific Plate 
reoriented its motion to the northwest, where the present-day western subduction 
zones had formed some ~ 7 Myr earlier. This interpretation is supported by the fact 
that the Okhotsk-Chukotka continental arc volcanism stopped, as a result of trench 
jam and subduction cessation, at -44 Ma, the same time as the age of the 43 Ma Bend. 
I further suggest that the “exotic Okhotia terrane” beneath the northern Okhotsk 
Sea and perhaps a significant portion of the Kamchatka arc lithosphere are the best 
candidates for the buoyant Hawaiian mantle plume head - an unsubductable oceanic 
plateau. The geology in the broad Kamchatka region is complex. Drilling at ideal sites 
of the Kamchatka peninsula or into the northern Okhotsk Sea lithosphere is required 
to verify this hypothesis. 
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South Pacific Intraplate Volcanism: 

Structure, Morphology and Style of Eruption 
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5.1 

Introduction 



Intraplate volcanic activity in the Pacific (Fig. 5.1) has been observed and/or seismically 
recorded in the following areas: (1) Samoa Islands with the Rockne Seamount (Johnson 
1984); (2) the Society archipelago with the Teahitia Seamount (Cheminee et al. 1989; see 
Sect. 2.3.5) and seismically active Mehetia Island (Talandier and Okal 1987; see Sect. 2.3.5.1); 

(3) the Austral archipelago with Macdonald Seamount (Johnson 1970; see Sect. 2.4.1); 

(4) the Pitcairn hotspot with the Bounty Volcano (Staffers et al. 1990); and (5) Hawaii. Nu- 
merous geological and geophysical investigations have been carried out in the Pacific, in- 
cluding the Line Islands (Schlanger et al. 1984), Marquesas Islands (McNutt 1989; Duncan 
and McDougall 1974), Austral Society Islands (Duncan and McDougall 1976) and the Lou- 
isville chain (Lonsdale 1988; Watts et al. 1988). Nevertheless, except for Hawaii (Macdonald 
and Abbott 1970; Fornari et al. 1979, 1980, 1988; Lonsdale 1989), little is known about 
the morphology and structure of submarine intraplate volcanoes in the Pacific. 
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Fig. 5.1 . General altimetry map after Smith and Sandwell (1997) of the South Pacific Ocean shows the 
main volcanic alignments, the location of hotspots and the traces of the major fracture zones (F.Z.); 
M = Macdonald Seamount, J.F. = Juan Fernandez Microplate, E.M. = Easter Microplate 

R.Hekinian et al. (eds.), Oceanic Hotspots 
© Springer- Verlag Berlin Heidelberg 2004 
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Are hotspot activities taking place along preferential directions that represent tec- 
tonic stresses developed along the weaknesses of the oceanic lithosphere, and/or could 
they have been formed during the reactivation of ancient structures (faults, fissures, 
fracture zones)? Or, instead, are hotspots the result of lithospheric thinning due to the 
tectonics of spreading or a combination of all of these phenomena? Of the several 
hypotheses for the origin of hotspots presented by Crough (1978), the most attractive 
are the reheating of the lithospheric plate by an ascending mantle plume (Detrick and 
Crough 1978) or the underplating of the lithosphere by the less dense residue of the 
hotspot melting (Morgan 1972; Phipps Morgan et al. 1995). 

The present study is focused on the Society, the Austral and the Pitcairn hotspots 
as well as on the two volcanic islands (Mehitia and Pitcairn) associated with them. In 
order to evaluate the submarine activity on the various morpho-structural provinces 
observed in these hotspot regions, bathymetric data, bottom imagery and field obser- 
vations have been used. The field observations were carried out by scientists aboard 
the submersibles Cyana and Nautile; the bottom imagery was done using a deep-towed 
television camera system OFOS (Ocean Floor Observation System), side-looking so- 
nar (GLORIA) and sea-floor back-scatter imagery data collected by the F.S. SONNE, 
N.O. L’ATALANTE, N.O. J. CHARCOT, and RRS CHARLES DARWIN (1988). The mul- 
tichannel bathymetric coverage includes data collected by SeaBeam (N.O. J. CHARCOT 
1986), Hydrosweep (F.S. SONNE 1987), and Simrad EM12D systems (N.O. L’ATALANTE 
1999)* The seamounts’ shape, degree of flatness and lava compositions are considered 
in order to differentiate between hotspot and spreading ridge magmatism and to ex- 
plain the formation of submarine hotspot volcanoes. Also, the study of two islands, 
Mehetia and Pitcairn, will document the first geological steps of seamount formation 
in a subaerial environment over a period of less than 1 Ma. 



5.2 

Society Hotspot 

The Society Island chain and hotspot region covers a total area of about 65 000 km 2 . 
The volcanic edifices increase in age from the active Mehetia Volcano (i48°04' W, 
i7°52' S), located at the border of the hotspot surrounded by the abyssal hill region, to 
the Maupiti Volcano (i52°i5’ W, i 6°27' S), located at 440 km to the northwest, and dated 
as 4.34 Ma old (Duncan and McDougall 1976) (Fig. 5.2a). The area covered by the So- 
ciety hotspot itself is only about 15 000 km 2 . The contemporaneous activity of several 
edifices such as Teahitia and Mehetia, which are 90 km apart from each other, sug- 
gests that their eruptions might have occurred during the last 900 000 years (Fig. 5.2a) 
assuming that the Pacific Plate moves at a speed of 11 cmyr -1 over a fixed hotspot 

► 

Fig. 5.2. a General location map of the Society archipelago showing the ten major islands. The hotspot 
region with the major submarine edifices is shown ( 07 = Cyana, MP = Moua Pihaa, RO = Rocard, 
TH = Teahitia, TU = Turoi). The K-Ar ages of the volcanic islands (Duncan et al. 1976) are plotted 
against their distances from Mehetia. The Pacific Plate velocity is inferred to be about 11 cmyr -1 . 
b Compiled (Bonneville, personal communication) bathymetry from several cruises of the R.V. 
J. CHARCOT (1986), F.S. SONNE (1987, 1989), N.O. L’ATALANTE (1999), showing the locations of the 
large and small seamounts forming the Society hotspot. The two boxes (#1 and #2) indicate the tracks 
of the GLORIA side-scan sonar (Fig. 5.3a-d). The track of a seismic profile ( A-B ) is also indicated 
(after Binard et al. 1991) (see Fig. 5.4) 
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Table 5.1 . Major morphological features of the volcanic edifices from the Society and Austral hotspot regions 
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(Herron 1972; Duncan and McDougall 1976; Minster and Jordan 1978). Also, the pres- 
ence of hydrothermal activity observed on the Moua Pihaa Seamount extends the in- 
fluence of a magmatic upwelling zone to a presumed width of at least 70 km. The 
hotspot in sensu stricto consists of several provinces, which include different sized 
edifices (small: <500 m high, intermediate: 500-2 000 m high and large: >3 000 m 
high) built on top of a sea floor that is shallower (3 750-4 200 m depth) than the sur- 
rounding abyssal hill region (>4200 m depth) (Fig. 5.2a, b). 

A compilation of the multichannel bathymetric data (Bonneville, personal commu- 
nication; see Sect. 1.3.1) shows the existence of at least eight major volcanic edifices 
located between the Taiarapu peninsula (Tahiti island) and the island of Mehetia 
(Cheminee et al. 1989; Stoffers et al. 1989; Hekinian et al. 1991) (Table 5.1, Fig. 5.2b). Also 
using previous SeaBeam data, Cheminee et al. (1989) and Hekinian et al. (1991) have 
shown that hotspot volcanoes are surrounded by topographic lows (3 600-3 950 m 
depth) bordered by deeper (>4000 m depth) abyssal hill regions formed on an an- 
cient oceanic crust. From the monitoring of the seismicity in the area, it was inferred 
that some of these volcanoes are still active (Talandier and Okal 1984; Okal et al. 1980). 
Petrological work on samples collected from these volcanoes has revealed the pres- 
ence of two major magma types: (1) a low-K tholeiitic basalt associated with ancient 
edifices, and (2) a more alkali-rich suite related to the more recent volcanic events of 
the Society hotspot (Hekinian et al. 1991). Other geochemical studies (Devey et al. 1990, 
2003; Hemond et al. 1994) have also shown the heterogeneous nature of the magma 
sources and their relationship to the alkali-basalt suites. 

5.2.1 

Abyssal Hill Region and Limits of Hotspot Volcanism 

Detailed bathymetric studies and the GLORIA sonar survey, which were conducted 
across the Society hotspot and its immediate surroundings, gave an overview of the 
major structural and morphological domains (Fig. 5.3a and 5.3d). The GLORIA swath 
extends from the Taiarapu peninsula (Tahiti) (i49°i2 f W, i7°2i' S) across the Society 
hotspot up to the abyssal hill region near i47°3o' W, i 8°43' S (Searle et al. 1995) and 
shows the variation in the fabric of the ocean floor (Fig. 5.3a-d). The abyssal hill re- 
gion comprises an area deeper than 4 200 m, with a general slope less than o.i°, and is 
characterized by several structural lineations (oriented N170 0 ) representing faulted 
terrain (whose orientations correspond to that of the ancient Farallon ridge axis). The 
change in slope corresponds to that observed in most swells found in association with 
volcanic ridges (Crough 1978). There are a few eruptive lines (fault, fissures) suggested 
by the alignments of small volcanic cones (100-600 m high) associated with an elon- 
gated abyssal hill. Some broad, flat low-reflectivity areas are found towards the west 
near the 4 200 m contour line and are bordered by N170 0 trending structures. 

The seismic reflection profile taken across the abyssal hill and hotspot regions shows 
a succession of breaks in the sub-bottom reflectors, which correlate with the linear 
structures observed on the GLORIA sonographs and the bathymetric maps (Binard 
et al. 1992a) (Fig. 5.4). These reflectors correspond to pelagic sediments on horst and 
graben structures. Note that the ocean-floor depth in this area is practically uniform 
(slope < o.i°). In contrast, the western end of the same seismic profile shows a flat and 
uniform reflector characterizing the hotspot region (Fig. 5.4). The slope increases gen- 
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Fig. 5 . 3 . GLORIA sonograph of the Society hotspot region obtained by the RRS CHARLES DARWIN 
(courtesy of R. Searle 1988); a,b sonograph and morpho-structural interpretations covering the area of 
the hotspot at less than 3750 m depth; c,d show the GLORIA data of the abyssal hill (>4000 m depth) 
region and part of Society hotspot including the transition zone at 3750-4000 m depth. The surface 
covered is 40 km wide, and the schematic interpretation of the sonograph is at the same scale. The 
lightest color in the sonograph indicates high surface reflectivity (recent flow) 






Chapter 5 • South Pacific Intraplate Volcanism: Structure, Morphology and Style of Eruption 163 







hotspot (bulge) 


a by sail hill (ancient crust) 








Iy-*" 

b 


a 












‘ V ■ : 4 - 



Fig. 5.4. Seismic reflection (water gun system 1.3 liter, SODERA - Socidt^e pour le Developpement de 
la Recherche Appliqu^e, courtesy of F. Avedik 1989 ) profile across the Society hotspot and its sur- 
rounding abyssal hill region. Two different morphological features, a smooth and a rougher sea floor 
express the transition zone between the hotspot and the abyssal hill region 

tly westward and maybe composed of a dense material (lava flow and/or hyaloclastites) 
masking the underlying structures which are overlain by a thin sediment blanket. Also, 
seismic profiles near i47°4o' W and i 8 ° 3 o' S show a sediment pond, more than 10 m 
thick, near the hotspot boundary. 

The limit of the hotspot is diffused, and is inferred as being where the crustal lin- 
ear fabric disappears. In the vicinity of the boundary between the abyssal hills (faulted 
terrain) and the hotspot, the sea floor becomes smoother and structural lineations due 
to faulting have disappeared, while small hills have emerged (Fig. 5.3c, d). No fresh lava 
flows are distinguishable in this transition zone. The limit of the hotspot as seen on 
the GLORIA sonograph is the same as that which was inferred from SeaBeam data 
and roughly corresponds to the 4 200 m isobath. In the hotspot itself, there is a mor- 
phological contrast between the major volcanoes (Cyana, Rocard, Teahitia, Turoi) and 
the smoother deeper area (>3 750 m), referred to as the “bulge” (Cheminee et al. 1989; 
Hekinian et al. 1991). The fresh lava flows (lighter and more reflective areas, Fig. 3.3a, b) 
observed from a submersible during the Teahitia II cruise cover a large area above 
3 750 m depth, which also includes the base and flanks of the major seamounts (Moua 
Pihaa and Mehetia) (Cheminee et al. 1989) (Fig. 5.2b). The rough topography is due to 
recent flows produced by a multitude of small vents constructed during lateral erup- 
tions. These flows may often form ridges or rift zones with variable orientations. 



5.2.2 

The Sea Floor ("Bulge") Around the Hotspot Edifices 

The “bulge”, previously thought to be an “archipelago apron” (Menard 1956), includes 
the topographic lows comprising the 3 750-4 200 m contour lines. Also, it includes small 
conical volcanic edifices less than 300 m high and a 400-500 m shallower regional el- 
evation than the 4 200 m isobath marking the approximate boundary between the 
abyssal hill area and the hotspot region (Figs. 5.2b and 5.3c, d). The Society hotspot 
“bulge” has a slope of more than 0.5 0 . It is morphologically well developed in the 
hotspot area where the most prominent edifices such as Teahitia, Moua Pihaa and 
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Mehetia are built. Its geometry is roughly elongated along a Nno° direction and is 
oriented along the strike of the Society Island chain, especially between the 3 750 m 
and the 4 200 m contour lines. The origin and nature of the “bulge” is still somewhat 
uncertain. If the bulge is a sedimentary feature (turbidites and volcanic shards), the 
observed boundaries with the ancient abyssal hill region should be marked by a smooth 
topography (3 750-4 200 m depth) (Figs. 5*3a-d and 5.4). On the other hand, if the dif- 
ference is due to thermally induced stress, we should be able to observe relict abyssal 
hill faulting. At less than 3 750 m depth, the contour lines become more curvilinear and 
are centered around the Taiarapu Peninsula of Tahiti Island, which represents an an- 
cient shield volcano that extends to 3 200 m depth. The eastern limit of the bulge is 
marked by the bases of Moua Pihaa, Mehetia, and by volcanoes number 16 and 17 
(Figs. 5.2b and 5.4). There are no parasitic cones beyond these major volcanoes, and 
the smooth topography of the floor is probably the result of sedimentary and/or 
volcanoclastic fills. The fact that the GLORIA sonographs do not show any back-light 
scattering as observed on active volcanic edifices, suggests that no recent flows have 
occurred on the sea floor forming the bulge (Fig. 5.3a). Volcanic glass interlayered by 
thin sediment cover was recovered from piston cores taken on the topographic lows 
(3750-3 800 m depth) in the Society hotspot (Hekinian et al. 1991). The topographic 
elevations characterizing the various provinces are listed below. 

■ At 4200-3750 m depth , a large area of the sea floor surrounding the major volcanic 
edifices consists of gentle rolling hills and small volcanic cones (50-300 m in height), 
which are likely to represent short-termed events during the hotspot magmatism. 
The sea floor around the larger edifices has an average slope of <0.5° on several 
profiles (Binard et al. 1991). The presence of a few small, elongated volcanic cones 
(about 500 m high), which are oriented parallel to the abyssal hills, suggests the 
influence of the ancient crustal fabric at this depth level throughout the “bulge”. 
This is also indicated by the north-south flow directions near 3750 m depth at the 
foot of Rocard, which may be influenced by underlying abyssal hill structure. 

■ At 3750-3200 m depth , the sea floor shows a sharp increase in average slope (up to 1.35 0 ) 
together with an increase in the number of volcanic edifices more than 500 m high. All 
the small and intermediate size edifices within this area might not be directly related to 
hotspot activity but could represent ancient volcanoes associated with the former abyssal 
hill region, which may have subsequently been reactivated. Indeed, N-MORBs similar 
in composition to those found in the surrounding abyssal hill region were found at 
3500 m depth on the top of the Seismic Volcanoes , at i48°5o'W and 17°25'S (Hekinian 
et al. 1991) (Figs. 5.2b and 5.3a). A NE-SW profile, which starts near the border of the 
bulge in the abyssal hill region around the 4200 m depth contour line and terminates 
on the Taiarapu peninsula, shows that there are continuously increasing slopes. 

■ At less than 3200 m depth y the topography corresponds to the base of the Taiarapu 
Peninsula, which has a slope of io°, similar to that of a Hawaiian shield volcano. 
The slope of the edifice southeast of Tahiti is probably formed by a succession of 
talus pile (slumped rock) debris (see Sect. 6.3.3) and lava step flow fronts formed 
during the various constructional stages of volcano building. 

The difference in slope between 0.5 and 1.35 0 also corresponds to the more circular 
shape of the bathymetric contours and is due to a sudden increase in small volcanic 
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cones having diverse structural orientations (Binard et al. 1991). The part of the bulge 
located between the depths of 4 200 m and 3 200 m is the area where the most recent 
constructional features prevail, and some of them represent major volcanic centers 
whose distribution and setting are controlled by the sea-floor fabric. 



5.2.3 

The Volcanic Edifices of the Society Hotspot 

The Society hotspot comprises at least eight major volcanoes varying in volume be- 
tween about 16 and 1 000 km 3 (Table 5.1, Fig. 5.2b). They are found in an area equiva- 
lent to an equilateral triangle with sides about 120 km long. The largest structure is 
Mehetia, which is 4 000 m high and presently 435 m above sea level. A common char- 
acteristic among the six largest edifices studied is the presence of lateral spurs, which 
form prominent bathymetric features. Such spurs, also called rift zones by Vogt and 
Smoot (1984), are commonly found on large submarine intraplate edifices formed on 
the Pacific crust (Fornari et al. 1988; Smoot 1982). 



5.2.3. 1 
Turoi 

Turoi Seamount has an intermediate size (about 1 500 m high with a basal diameter of 
about 9 km) and is located west of the Teahitia Seamount. It consists of three volcanic 
cones with summits culminating at 2230 m depth (Table 5.1, Fig. 5.6a). The morphol- 
ogy of this seamount consists of at least three eruptive centers coalescing together and 
forming edifices whose sizes (600-900 m high) are larger than that of the abyssal hill 
volcanoes (500 m). This morphology, with its lack of well-defined rift zones and/or 
parasite cones, suggests that the Turoi Volcano is at an early stage of growth. Despite 
this, we observe that the directions of the main structural alignments due to flank 
eruptions are identical to those of the more mature edifices. A dive profile was made 
along the flank of the northern edifice crossing two eruptive cones (Fig. 5.6a, dive 
TH03). The northern peak is covered by fragmented pumice flow coated by indurate 
hydrothermal crusts (>10 cm thick) and has an elliptic collapsed crater about 10 m 
deep and 50 m in diameter (Fig. 5.8h). The southern peak consists of a trachytic spur 
made up of lightly colored massive lava. This morphology is comparable to that of a 
subaerial volcanic neck representing an ancient magmatic conduit. On the western 
flank of the eastern cone at 2 600 m depth, fresh bulbous and tubular pillows dusted 
by pelagic sediment occur associated with a fissure (gja), showing that the Turoi Sea- 
mount was recently active even if the main part of the edifice is ancient. Low-K bear- 
ing dolerite (MORB), and silica-enriched volcanics (trachyte, trachy-andesite) were 
recovered (Binard 1991). 



5.2.3.2 

Teahitia 

Teahitia Seamount is a large (>2 000 m high and a basal diameter of about 20 km) edifice 
culminating at 1 400 m depth with three summit cones (Table 5.1, Fig. 5.3). The eruptions 
have also taken place along lateral rift zones comparable to other submarine volcanoes 
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(Smoot 1982; Vogt and Smoot 1984). Along these rift zones there are a succession of small 
conical vents <200 m in height. Small volcanic mounds and hornitos overlaying bulbous 
pillows and tubular flows are observed on the flank of the volcano near 2 600 m depth 
(Fig. 5.8b and 5.8d). Other lava includes sheet flows (draped and flat flows), giant tubes 
and pillows, generally with a smoother surface than typical EPR spreading ridge lavas 
(Ballard and Moore 1977; Hekinian et al. 1985; Choukroune et al. 1984) (Fig. 5.8c and 5.8e). 
They abound on the flank’s eruptive sites (2 600-3 000 m depth) and are often associated 
with fissures near the base of the edifice (2 900 m depth) (Fig. 5.8a). The rift zones show 
the following characteristics as observed from dives (Binard et al. 1991) (Fig. 5.6b): 

1. bulbous and tubular pillows forming steep slopes >50-60°; 

2. brecciated flow fronts giving rise to vertical scarps, up to 50 m in height; 

3. poorly-sorted talus material at the foot of these scarps with a slope <30-40°. 

The summits of lateral vents (30-50 m in diameter) are flattened and consist of large 
pillows, giant lava tubes, and haystacks <3-5 m in height. Flat flows occur near the east- 



149° 1 48°50'W 




Fig. 5.5. Detailed bathymetric map of the Society hotspot showing the Teahitia and Turoi Seamounts 
where most surface ship (RS. SONNE = SO...) and submersible operations ( Cyana and N.O. SUROIT = TH) 
were conducted 
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Fig. 5.6. a The geological profile (TH03) (no vertical exaggeration) across Turoi Volcano shows abun- 
dant talus coated with manganese crust. The summit of the volcano is made up of an old pumiceous 
flow and fresh pillows (2 200 m depth) on its the western flank. The edge of a crater consists of layered 
flows with interbedding of pumiceous material and blocky/tabular flows (Fig. 5.8h). The interbedded 
layering suggests rhythmic explosive/effusive sequences, b Profile along the southern flank of Teahitia 
(Cy83-62) at 2 800-1 450 m depth shows pyroclast-hyaloclastite association, giant lava flows and active 
hydrothermal chimneys (2-5 m high) near the top of the edifice (Fig. 5.8f). The hydrothermal field 
estimated at about 1 km in diameter is made up essentially of Fe-oxihydroxide. c,d Cyana Seamount 
(TH22 and TH25 profiles) is covered by talus, abundant pelagic sediments coated with a thin manga- 
nese crust and hyaloclastites (Fig. 5.8g). Large lava tunnels were observed near the summit. Aik. B. = alkali 
basalt, T = trachyte, TB = trachybasalt (also see Sect. 14.2.2) 
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ern base of the edifice (about 2 800 m depth). The summit of the edifice (1 400 m depth) 
consists of an extensive Fe-Si-Mn oxyhydroxide hydrothermal fields with active and 
colorless low-temperature (<30 °C) venting (Fig. 5.8f). These deposits are found form- 
ing tall and small (<20 cm) high hydrothermal cones discharging low-temperature fluids 
charged with Fe, Si and Mn and very low amounts of other transitional metals (Hoffert 
et al. 1987; Puteanus et al. 1991; Michard et al. 1989). The Teahitia Volcano consists of a 
variety of volcanics, including alkali basalt (most abundant), trachybasalt, trachy-andes- 
ite, picritic basalt, basanite and ankaramite (Hekinian et al. 1991). 



5.23.3 
Moua Pihaa 

Moua Pihaa is an example of a late stage volcanism (>3500 m high and a basal diam- 
eter of about 34 km) in the Society hotspot region (Table 5.1, Fig. 5.2b). The volcanic 
activity is concentrated in the summit crater zone, where several vents occur. The star- 
fish shape is well expressed by rift zones up to 20 km in length. At greater depths 
(<1 500 m), interbedded intrusive rocks (more abundant at <800 m depth), pillows, and 
volcanic ejecta occur on a summit plateau (300-200 m depth), having a gentle topog- 
raphy where circular craters (<15-20 m in depth) are located. In the summit area, the 
rift zones are radial and the seamount presents a starfish morphology (Vogt and Smoot 
1984). The slopes with a smooth topography between the rift zones are covered by un- 
sorted talus from landslides and sediment such as reported from Hawaii (Fornari et al. 
1988; Moore et al. 1989). It is believed that scattered adjacent cones existed on Moua Pihaa 
as was true for Teahitia. Some are now partially covered by talus along the rift zones, 
while others forming isolated eruptive cones are located along the extension of the rift 
zones. Most volcanics consist of alkali basalt, basanite and tephrite (Hekinian et al. 1991). 



5.23.4 
Cyana 

Cyana Seamount, is intermediate size (about 1 200 m high with a basal diameter of 
16 km) and represents an ancient edifice with smooth surface morphology due to flow 
brecciation, landslides, and sedimentation (Table 5.1, Fig. 5.6c, dive TH22). The sum- 
mit is at 1 450 m depth and shows another volcanic cone about 1 550 m deep (Fig. 5.6c, d). 
Lava flows are exposed along numerous scarps, giving rise to abundant talus. Hydro- 
thermal deposits, pelagic sediment, and iron-manganese crusts blanket a large area 
(Fig. 5.8g). An increase in the size of flows forming giant lava tubes with thick glassy 
margins is noticed for rocks enriched in silica (trachyte and trachy-andesite). Two dives 
conducted on the northern (TH22) and southern (TH25) slope show giant pillow lava, 
giant tubes and blocky/tabular flows of silica-enriched lava (trachy-andesite and tra- 
chyte) (Fig. 5.6d). 

5.23.5 
Rocard 



Rocard is an intermediate-sized (about 1 000 m high with a basal diameter of 12 km) 
edifice made up of at least four volcanic cones coalesced together (Fig. 5.7a). One of 
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Fig. 5.7. a Detailed bathymetric map shows the locations of the major volcanic edifices in the vicinities 
of the Rocard Volcano (Society hotspot); sample locations: SO... =F.S. SONNE 1987, 1989; 
DTH . . . = dredge, N.O SUROIT 1989; and PN = Nautile/ N.O. L’ATALANTE, Polynaut cruise 1999 (Binard 
et al. 1991); b, c profiles conducted on the Rocard composite volcano of the Society and Austral hotspot 
regions; b profile of dive TH21 along the southern slope of a volcanic cone shows pillow lava, flattened flow 
and giant tubes; steep scarps representing flow front are observed; c dive (PN21) along the northern slope 
of the volcanic cone composed essentially of trachy-andesite; the lithology is the same as in Fig. 5.6b 
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these shows a truncated cone and will be discussed later (see Sect. 5^2.2). Also, Rocard 
is morphologically similar to the Teahitia Seamount, with distinct rift zones despite 
its smaller size (1 200 m in height) and its wide-spread rift zones. The rift zones on 
both Teahitia and Rocard are poorly developed compared to the larger edifices such 
as Moua Pihaa, Mehetia, and Macdonald. However, some lateral volcanic vents form 
ridges, whose orientations correlate to the main structural directions of the oceanic 
crust (Fig. 5.7a, b, TH21). Rocard differs from Teahitia in the abundance of more blocky 
and tabular silicic flows (trachyte, trachy-andesite) as well as giant tubes (Figs. 5.7b, c 
and 5.8i,j). The fragile nature of the flows has generated abundant talus, giving the 
edifice a highly brecciated and dislocated appearance. Giant lava tunnels, tabular/ 
blocky, and bulbous morphologies are found on the top and flank of the distinct erup- 
tive cones. Also, fresh thick glass fragments (popping rocks, Hekinian et al. 1973), which 
degassed while reaching the surface, were recovered. 



5 . 23.6 

Volcanoes 16 and 17 

Volcanoes 16 and 17 are intermediate in size (700-1 000 m high, with 2-3 km of 
basal diameter) (Fig. 2a, b). The summits of the two volcanoes lie at a depth of 
3200 m (Fig. 2a, b). Volcano 16 has no rift zone, and it has a circular crater. Silica- 
enriched flows (trachyte and trachy-andesite) were recovered on these edifices (Binard 
et al. 1992). 

5 . 23.7 

The Small Edifices 

Small edifices that are less than 500 m high and 2 km in basal diameter are commonly 
circular in shape (Figs. 5.2b and 5.7). They are found as adventive cones at the base 
(<3-5 km) and in the near vicinities (5-25 km) of the larger edifices (Figs. 5.2d, 5.5 and 
5.7). There are no preferential orientations at the level of the individual edifices, but a 
regional pattern is inferred from the elongated shape of the edifices showing the same 
general orientation as that encountered on the ancient oceanic floor (horst and gra- 
ben) of the Society hotspot region (Binard et al. 1991). Volcano 3 shows structural ori- 
entations parallel to that of the main sea-floor direction (o-io° N) of the ancient oce- 
anic crust (Binard et al. 1991). The circular, conical edifice Volcano 15 observed by a 
deep-towed camera located 18.7 km from the main volcanic axis of Moua Pihaa is made 
up of bulbous and tubular pillows similar to the lava morphology forming the lateral 
vents of the large edifices. Volcano 15 is interpreted as being an individual edifice lo- 
cated along the strike of the eastern rift zone of Moua Pihaa and oriented along the 
same linear crustal discontinuity. Abundant talus, sediment, and thin (<1 mm) man- 
ganese crusts covering the slopes and lava flows suggest the lack of recent volcanic 
activity. This small volcano was not sampled, but volcanoes 3, 4, 5, and 6 consist of 
evolved alkali-enriched flows (K 2 0 > 5%), having similar compositions to those of the 
volcanics from the larger edifices. The seismic volcanoes 1 and 2 that are located north 
of Teahitia near 17°25' S, 148°5 o' W are probably ancient, pre-hotspot edifices 
(see Sect. 5.5.2.2). 
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5.23.8 

Mehetia Island 

The island rises 435 m above sea level at Fareura Peak (Mottay 1976), and its summit 
is part of a large seamount (>4035 m in height) occupying the southeastern bound- 
ary of the hotspot region (Figs. 5.2b and 5.9). It sits on a 65 Ma old oceanic crust 
(Herron 1972). Despite the obviously young volcanic landscapes of Mehetia (well- 
preserved crater and surface features of lava flows), there is no historical record of 
volcanic activity. According to Polynesian legends, the island has been inhabited 
for several centuries; man-made stone artifacts can be found on top of the most 
recent volcanic units. The island is made up of two distinct groups of volcanic for- 
mations separated by an erosion event during which a small coral reef was formed 
(Fig. 5.9). Older formations contain hydromagmatic deposits (reworked pala- 
gonatized ash and “cauliflower bombs”) lower lava flows (lava flow interbedded 
with poorly sorted breccia), strombolian ejecta (sand-sized pyroclastic debris) 
and summit flows (tabular flows), which constituted the main part of the island 
74000 years (±3800 yr) ago (Steiger and Jager 1977). The summit flows form a 
central peak (Hurai Peak) bounded by vertical, eroded cliffs, which comprise the 
main summit of the island. The phreatomagmatic deposits are associated with the 
coral reef. More recent (25 000 ±9 800 yr, Steiger and Jager 1977) volcanic activity 
led to the construction of another volcanic cone and a southern volcanic unit. 
The young cone rises 400 m above the sea surface, on the northeastern flank of 
the central peak. It is made up of strombolian lava fountain ejecta interbedded 
with thin lava flows. The southern volcanic unit consists of a succession of lava flows 
with layered strombolian deposits (Fig. 5.9). Mehitia is tectonically active, and 

► 

Fig. 5.8. ( See next page); Bottom photograph taken by the submersibles Cyana and Nautile in the 
Society, Austral and Pitcairn hotspots; a dive TH07, radial fissure of 1 m wide strike to N200 0 direc- 
tion on the northern flank of Teahitia at 2906 m depth; b dive THi9, shows “hornitos”, which are 
volcanic glassy constructions rising from an adventive cone on the southern flank of Teahitia at 2 694 m 
depth; c sheet flow (TH19) at 2674 m depth south flank of Teahitia; d “egg-shaped” frozen lava flow 
spilling out from bulbous pillow (TH19) at 2670 m depth; e tubular lava flow dropping down from a 
flow front along a rift zone on the eastern flank of Teahitia (TH09) at 2279 m depth; f active hydro- 
thermal vent from the top of Teahitia (TH12-04) at 1453 m depth is associated with Fe-Mn-Si- 
oxihydroxide deposits; the particles are spewing out at a temperature of about 30 °C; g polygonal- 
shaped flat-lying crust of hyaloclastite from the summit of a cone located on the flank of the Cyana 
Volcano (TH22) at 1637 m depth; h blocky-layered flow covered with “pumice-like” glassy surface 
(TH03) at 2247 m depth from the summit of Turoi Volcano; i pillow lava with scoria-like surface at 
2825 m depth (Rocard Volcano); j blocky with flattened surface of trachy-andesite on a gentle slope 
of the Rocald Volcano at 2530 m depth; k intrusive flows (dyke) at the edge of a slope near the summit 
(105 m depth) of Macdonald Seamount (dive TH29) in the Austral hotspot region; the intrusives (<1 m 
thick) are injected through volcanic ejecta; I fall of volcanic ejecta and lapilli partially burying sponge 
stems on the flank of the Macdonald crater at 190 m depth (deep-towed image, OFOS, R.V. SONNE 
Leg SO65, 1989); m release of volcanic gas from a crater of the Macdonald Seamount; an explosive 
event released important amount of C 0 2 during the Cyana dive (TH30) in 1989 (Cheminee et al. 1991); 
n volcanic ejecta made up of sand-sized debris covered by finer grain volcanic ash is exposed by a 
small fault on the flank of Macdonald Seamount (TH28) at 1385 m depth; o adventive cone on the 
Bounty Volcano (Pitcairn hotspot): Flattened lobes of tabular flows (trachy-andesite, PN13-02) taken 
at 2974 m depth located on the flank, near the base of a small volcano; p Bounty Volcano: Giant lava 
tubes of picritic basalt (PN3-07) with twisted smooth-surfaced lava flowing down slope at 2 280 m of 
the Bounty Volcano 
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Teahitia (TH07), fissure (2906 m) Teahitia (TH02-07), hornitos (spiny flow) (2619 m) 




Teahitia (TH1 9), drappery flow (2674 m) Teahitia (TH19), broken tube and speeling flow 




Teahitia (TH09), tubular lava, flow front 



Teahitia (TH2-04), (1453 m) 




Cyana Volcano (TH22), hyalodastite crust (1 637 m) Turoi Volcano (TH03), tabular and layered flow (2247 m) 
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Rocard (PN21 -02), blocky and tabular flow, trachy-andesite (3664m) Rocard (TH21), blocky and flattened lobeoftrachy-andesite (2530 m) 




Macdonald (TH29), Intrusive (105 m) Macdonald, ash, scoria-ejecta and sponge stems (190 m) 




Macdonald crater (TH30), submarine eruption (1 56 m) Macdonald Smt. (TH28), pyrodast (1 385 m) 




PN03-03, haystack (2501 m) PN03-07, giant tubes (alk.B.) (2280 m) 
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seismic swarms were detected by Talandier and Okal (1984a, b) along the southern 
flank of the edifice. From March to December 1981, the Polynesian Seismic Network 
recorded more than 3500 earthquakes (see Sects. 2.3.4.1 and 2.34.2). This crisis, cor- 
related with the bathymetry, was divided into two episodes. The first was purely 
volcanic, with a sudden increase of activity and numerous small earthquakes during 
the first two months and was probably linked to underwater eruptions at a depth 
of about 1 600 m on the southeast flank of the island. The second episode, mostly 
tectonic in character, consisted of a smaller number of higher-magnitude earthquakes 
(up to 4.3 ML), which were geographically dispersed and probably associated with 
underground tectonic readjustments (see Sect. 2.3.7.1). Such readjustments could 
be due to stress release resulting from lithospheric flexure caused by the gravity load 
of the volcanic edifice. 

A submersible dive (TH10) took place during the Teahitia Cruise (December 1988 
to January 1989) on the southern flank of Mehetia Island and detected numerous 
fissures (gja), hyaloclastites, and yellow hydrothermal deposits occurring on the 
southern rift zone (1900-2300 m depth), which were attributed to recent volcanic 
activity. The large amount of dark hyaloclastites on the southeastern submarine flanks 
of Mehetia is due to volcanic ash derived from a Surtsean type of eruption when the 
Mehetia Island rose above the sea surface and/or during local submarine explosive 
events. 
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Fig. 5.9. Geological profile through Mehetia Island showing the various lithological sequences (after 
Binard et al. 1993) 
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5.3 

Austral Hotspot 

The Austral archipelago is located in the south-central Pacific Ocean where it forms 
the southeastern continuation of the Cook- Austral Island chain. The Austral region 
extends over more than 1 500 km in a ESE-WNW direction, from about 140° W, 29 0 S to 
about 155 0 W, 22 0 S, almost parallel to the Society and Tuamotu Island chains (Figs. 5.1 
and 5.10a). The Austral archipelago is composed of seven main islands and several sea- 
mounts, guyots and shoals. With the exception of the currently active Macdonald Vol- 
cano discovered in 1967 (Norris and Johnson 1969), all the islands forming the Austral 
chain are extinct volcanoes rising from a sea floor of Paleocene age (Mayes et al. 1990). 

A fracture zone running from ENE to WSW crosses the Austral chain between the 
islands of Raivavae and Tubuai (Mammerickx et al. 1975). The K/Ar dating of the Aus- 
tral Islands (Duncan and McDougall 1976; Turner and Jarrard 1982) show an overall 
age progression from the Macdonald Seamount located at the southeastern end of the 
chain to Rimatara located to the northwest (Fig. 5.10a). The latter island has a mini- 
mum age in excess of 21 Ma (Turner and Jarrard 1982). On the basis of these ages, a 
hotspot origin for these islands was proposed. However, this age progression is far from 
regular, especially at Rurutu, where several groups of ages (1.1-12 Ma) have been ob- 
tained (Duncan and McDougall 1976), and at Tubuai where volcanic activity appears 
to span several million years (Bellon et al. 1974). At least two lines of hotspots aligned 
along the direction of the Pacific Plate motion are inferred in order to explain the 
observed jumps in the ages of these islands. The age pattern could also be explained 
by the intermittent activities in that region. Recently, based on the K/Ar age (230 ka) 
of a pillow lava sample, Bonneville et al. (2002) have suggested the existence of a new 
active edifice called the Arago Seamount. This seamount is located 130 km southeast 
of Rurutu Island and about 1 200 km west of Macdonald. However, most intense vol- 
canic activity has been reported to be located within the southeastern extension of 
the Austral Island chains (Cheminee et al. 1989; Stoffers et al. 1989; Hekinian et al. 1991; 
Binard et al. 1991, 1992a) and is associated with the Macdonald Volcano. 

5.3.1 

The Submarine Edifices of the Austral Hotspot 

The submarine volcanic edifices surveyed comprise two large edifices, the Macdonald 
and the Ra Volcanoes, and a smaller one (Macdocald) south of Macdonald Seamount 
(Fig. 5.10b). 

5.3.1. 1 
Macdonald 

Macdonald Seamount is a large edifice with identical volcanic morphology on its deep 
flanks to that observed on the other larger edifices of the Society and Pitcairn hotspots 
(Figs. 5.10b and 5.11). This is the most active submarine edifice so far encountered on 
the Pacific sea floor (Norris and Johnson 1969; Talandier and Okal 1982, 1984b). At least 
two volcanic events were identified and sampled since 1987, when hydromagmatic erup- 
tions ejected lapilli and lithic debris (Stoffers et al. 1989; Hekinian et al. 1991). Erup- 
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Fig. 5 . 10 . a General location of the Austral volcanic chain about 1500 km long. The present-day vol- 
canic activity is focused on the Macdonald Seamount. The K-Ar ages of the volcanic islands (Duncan 
et al. 1976) are plotted against their distances from Macdonald. Young age flow (230 ka) was found on 
the Arago Seamount (Bonneville et al. 2002). b Bathymetric chart of the Austral hotspot and orienta- 
tions of the rift zones of Macdonald and Ra Seamounts, located in southeastern extension of the 
Austral Island volcanic chain are shown (after Binard et al. 1991). Also, a smaller edifice called 
Macdocald is located south of the Macdonald. The structural orientations are the same as those ob- 
served in the Society hotspot region 
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Fig. 5 . 1 1 . Geological profile (CYion = TH28) along the southern slope of the Macdonald Seamount. 
A large amount of volcanic ash and ejecta, from 1300 m depth up to the summit, through which 
intrusive outcrops occur at 500-900 m depth. The crater from which explosive activity was witnessed 
in 1989 (Cyana dive TH30, N.O. SUROIT) is located near the summit at about 200 m depth (Fig. 5.8m) 

tions occurring on the summit plateau (at about 200 m depth) were simultaneously 
observed by submersible and on the sea surface by the ship’s personnel (Cheminee 
et al. 1991) (Fig. 5.8m). The volcanic activity consisted of gas releases producing ex- 
plosions and ash. Fine-grained ash (>30 cm thick) covers the edifice’s surface down 
to 2 000 m depth. The summit of the edifice is characterized by intrusives cutting 
through unconsolidated volcanic debris (ash and pyroclasts) (Fig. 5.8k). Volcano clastic 
debris such as ash and accidental blocks of gabbro and dolerite were recovered from 
the flank of the volcano at 400-1 500 m depth (see Sect. 2.4.2) (Fig. 5.8I and 5.8n). Most 
of the volcanics consist of alkali basalt, basanite and mugerite (Hekinian et al. 1991). 
Also, they are analogous to the flow morphology of the larger active Hawaiian hotspot 
such as the Kilauea submarine rift zone (Lonsdale 1989), Kealakekua Bay (Fornari et al. 
1980), and the Loihi Seamount (Fornari et al. 1988; Karl et al. 1988). 

53.1.2 

Ra 

The Ra Seamount located about 100 km from Macdonald Seamount is a large (3 000 m 
high) edifice with a steep conical morphology discovered during the 1987 cruise of 
the F.S. SONNE (Stoffers et al. 1989). A deep-towed camera survey carried out near the 
top of this edifice revealed the presence of bulbous and giant tubular flows (Fig. 5.10b). 
Layered deposits of hyalo clast ites coated by MnOx crust were seen. The recovered 
volcanics consist of alkali basalt, and nepheline tephrites (Hekinian et al. 1991). 



178 N. Binard • R. Hekinian • R Staffers • J. L. Cheminde t 



5.3.13 

Macdocald 

Macdocald is an intermediate size (850 m high) edifice culminating at 3 150 m depth 
and located at the southern base of the Macdonald Seamount within the 4 000 m 
contour line. Its general morpho-structural appearance is comparable to that of 
the seismic volcanoes 1 and 2 of the Society hotspot (Table 5.1, Fig. 5.10b). Altered 
E-MORBs (Ba < 30 ppm, Rb = 10 ppm, Sr = 160 ppm and K/Ti < 0.5) were dredged 
(Binard 1991). 

In summary, the multibeam bathymetric data that have been collected suggest that 
the Austral hotspot is similar to the Society hotspot. There is a dramatic change of the 
sea-floor fabric at depths shallower than 4200 m (Binard et al. 1991; Hekinian et al. 
1991) and a flat “bulged” sea floor paved with young volcanism at 3 500 m depth on 
which the volcanic edifices were built. 



5.4 

Pitcairn Hotspot 

The Pitcairn hotspot region built on a 30 Ma old oceanic crust, between the mag- 
netic anomalies 7 and 9 (Herron 1972), is located 1500 km away from the East 
Pacific Rise near i29°2o' W, 25°2o' S, and extends up to about 100 km southeast 
of Pitcairn Island (Fig. 5.i2a,b) (Hekinian et al. 2003). The basal sediment cored 
during the Deep Sea Drilling Project Leg 8 (site 75, i34°i6’ W, i2°3i f S) at about 1 500 km 



145°W 140°W 135°W 130°W 




Fig. 5.12a. General location of the Pitcairn-Gambier volcanic chain, extending about 1000 km up to 
Mururoa is shown. The K-Ar ages of the volcanic islands (Duncan et al. 1976 ) are plotted against their 
distances from Pitcairn 
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Fig. 5.1 2b. Bathymetric chart (100 m contour lines) obtained from multibeam Simrad EM12D system by the N.O. L’ATALANTE during the 1999 Polynaut cruise 
in the Pitcairn region in the South Pacific (Hekinian et al. 2003). The larger volcanic edifices are named and others are numbered ( Volcanoes #4, #5, #6, #7, and 
#8; Binard et al. 1992b). The Nautile ’ s 1999 dives ( PN - ) (N.O. L’ATALANTE, Polynaut cruise 1999) are shown 
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north and on the same anomaly as that of Pitcairn Island, has been given an age 
of lower Oligocene (32 and 36 Ma) (Tracey et al. 1971). Pitcairn Island is located on 
the southeastern extension of the Duke of Gloucester-Mururoa-Gambier-Pitcairn 
volcanic alignment, with a N110 0 orientation (Duncan et al. 1974; Jarrard and Clague 
1977). In the immediate vicinity of the Mururoa-Gambier- Pitcairn volcanic chain, 
two other parallel alignments are represented by the Oeno-Tureia and Oeno-Ducie 
Islands. According to Seasat (Satellite Remote Sensing) gravity anomaly data, it 
was suggested (Okal and Cazenave 1985) that two fracture zones (FZi and FZ2) form- 
ing a bend at the level of Oeno Island (FZ2) cut across these two later volcanic 
alignments. Okal and Cazenave (1985) have inferred that these two FZs are re- 
sponsible for the hotspot direction changes (N095 0 ). The activity in the Pitcairn 
hotspot is believed to have a separate origin from these two nearly parallel volcanic 
chains. 

After recent (1999) bathymetric studies covering an area of about 9 500 km 2 , it 
was calculated that the volcanic cones produced by intraplate volcanism cover an 
area of about 7022 km 2 (Hekinian et al. 2003) (Fig. 5.12b). The most prominent fea- 
ture of the Pitcairn hotspot is the high density of the volcanic cones. The total num- 
ber of volcanic cones is about ninety, and most of them are less than 500 m in height. 
The sea floor within the hotspot and on the surrounding abyssal hill regions lies 
at 3 750 m depth, and no apparent topographic swell (or “bulge”) comparable to 
that observed in the Society and Austral regions was identified. The obvious trace 
of spreading a ridge propagator is also observed from the bathymetry (Fig. 5.12b). 
Recent volcanic activity within the Pitcairn hotspot region is limited to an area 
above the 3 500 m bathymetric contour line, where the ancient crustal orientations 
are covered by recent lava flows with large (>1 000 m high) and small (<500 m high) 
volcanic edifices. 

In the Pitcairn hotspot, the sea-floor depth forming the ancient Farallon plate is 
estimated to be at 4 500 m (Parsons and Sclater 1977; Crough 1978). The observed mean 
depth of the surrounding sea floor of the Pitcairn hotspot region is 3 750 m (Mam- 
merickx et al. 1975) (Fig. 5.12b). This is shallower than the 4181 m depth determined at 
deep-sea drilling site 75 (Leg 8) (Tracey et al. 1971) in the region. Considering a theo- 
retical difference of about 750 m, (3 750 m instead of 4 500 m) for the Pitcairn hotspot, 
the discrepancy is equivalent to that measured (4200 m instead of 5 000 m) in the 
Society and Austral hotspots (Binard et al. 1991). 

5.4.1 

Volcanic Edifices of the Pitcairn Hotspot 

The Pitcairn region includes two large edifices, which are located in the southeastern 
prolongation at about 90-100 km from Pitcairn Island. These large seamounts are 
called Adams, after one of the mutineers, and Bounty, after the vessel H.M. Bounty. 
They are approximately 3 500 m in height, rising respectively to 55 m and 450 m be- 
low sea level and have erupted a volume of at least 525 km 3 and 275 km 3 of lava, re- 
spectively (Table 5.2, Fig. 5.12b). These two large edifices with a mean slope of about 
15 0 are similar to the Macdonald (Austral) and Moua Pihaa (Society region) Seamounts 
(Binard et al. 1991). 




Table 5.2. Morphology of submarine volcanic edifices from Pitcairn hotspot region 
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5 . 4 . 1. 1 

Pitcairn Island 

The island is located at 130 °o 6' W, 25°04' S in the Pacific. The last eruptive event for this 
island was dated to be around 0.45 million years ago (Duncan et al. 1974). The first geo- 
logical data from Pitcairn Island (Lacroix 1936) indicated the occurrence of alkali-en- 
riched lava. A geological map of the island made by Carter (1967) shows the presence 
of a caldera (about 2 km in diameter) formed by trachyte, trachy-andesite and tuffaceous 
material (Fig. 5.13). Sr, Pb and Nb isotopic studies on samples collected from the island 
suggested that the two distinct magma types observed reflect a mixing of ancient sub- 
ducted oceanic crust and sedimentary material beneath Pitcairn Island ( Woodhead and 
McCulloch 1989). The volcanic formations were classified (Carter 1967) into four groups 
(Fig. 5.13): Tedside Volcanics (sheet flow interbedded with tuff and pyroclasts), Adams- 
town Volcanics (basalt intruded by trachyte and strombolian ejecta interbedded lava 
flows), Christian’s Cave Formation (traces of base surges), and Pulawana Volcanics (trachy- 



Fig. 5.13. Geological map of Pitcairn Island is from Carter (1967). The geological profile was con- 
structed after the geological map of Carter (1967) and from independent field trip observations car- 
ried out in 1989 (Binard et al. 1992b). The major part of the island is made up of lava flows (basalt, 
trachyte), pyroclastites and tuffaceous material (see text). The general morphology of the island is 
formed by a semicircular tuff-ring (Christians Cave Formation), which is open in the northeast as a 
result of a large-scale hydromagmatic eruption 
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basalt and alkali olivine basalt). The most prominent feature noticed at the Christian’s 
Cave Formation is the result of hydromagmatic activity, which gave rise to a large semi- 
circular tuff-ring open to the northeast. This tuff-ring feature was constructed during 
the hydromagmatic phase of eruption. The homogeneity of the volcanic ash produced 
suggests that the cone was constructed during a single eruptive event. The tuffaceous 
material is 300 m thick at Lookout Point. At Palva Valley Point, its thickness is inferred 
to be less than 50-70 m, above the Tedside Volcanics. It is believed that the semicircular 
ring morphology of Pitcairn Island is due to hydromagmatic deposits, which occurred 
on ancient inherited volcanic structures supporting the fragile ash formation. The tra- 
chytic composition of the lava linked to the formation is likely to be the most impor- 
tant factor in the creation of fine-grained and well-sorted pyroclastic rocks forming 
the Christian’s Cave Formation. The last volcanic activity, found on top of the previous 
cone, is marked by a new basaltic magma supply, which has filled and overflowed the 
tuff-ring morphology toward the north (Adamstown) and the east (St. Paul) (Fig. 5.13). 

5.4.1. 2 
Bounty 

The Bounty Seamount has three summital cones and radial rift zones. A K/Ar age de- 
termination on the volcanics from Bounty gave an age of about 344 ±32 Ma (Guillou 
et al. 1997). Submersible and deep-towed video camera tracks, running from 500 to 
3 000 m depth along the flank of the seamount show fresh pillows (giant tubular and 
bulbous) and abundant hyaloclastites and pyroclasts comparable to those observed on 
the flanks of Teahetia in the Society hotspot (Fig. 5.8 o and p). A composite geological 
profile along the western slope of the Bounty Volcano in the Pitcairn region shows a 
large variety of lava morphology and lava composition (Fig. 5.14a). At a depth of 800 m, 
the lava flow is highly vesiculated and consists of scoriaceous fragments. Some lobated 
flows and lava tunnels truncated by steep scarps with a relief of more than 50 m high 
occur (Fig. 5.14a). As on Adams Volcano, a scoriaceous surface of the flows, comparable 
to a subaerial “aa” flow, was also noticed and this could be the result of a rapid outpour- 
ing of fluid lava which then ran down the slope. This type of deposit was found on the 
slope, at 450-1 400 m depth, associated with small yellow hydrothermal chimneys only 
a few centimeters in height. A cross section through the exposed deposits at the sum- 
mit shows alternating layers of ash and reddish yellow hydrothermal material 
(see Sect. 13.3), which represent repetitive successions of eruptive events. A sill forma- 
tion at 650 m depth, interbedded with volcanic ejecta, was observed on the summit of 
Bounty. A small parasite cone built on the southern flank of Bounty at 2 900 m depth is 
essentially formed by silica-enriched flows such as trachy-andesite and trachyte, which 
were observed and sampled (Figs. 5.14b and 5.8 Part o). 

5.4.1. 3 
Adams 

Adams Seamount is morphologically similar to Bounty and has a summit formed by 
two cones less than 100 m in height with a roughly north-south orientation. The sum- 
mit is heavily covered by coral sand, volcanic ejecta, dark hyaloclastites, blocky lava 
flows and scoriaceous material emplaced during hydromagmatic eruptions (Figs. 5.12b 
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and 5.14c). During submersible and deep-towed camera observations on the flanks of 
this volcano, a large quantity of lapilli and some cauliflower bombs were identified. 
Hydrothermal deposits are intermixed with the summital ejecta, and no signs of re- 
cent activity were observed (see Sect. 13.2). Abundant dark patches of hyaloclastites 
occur on the slope, associated with fresh lava flows. The few scattered outcrops observed 
between 400 and 600 m depth show the presence of giant tubular and bulbous pillows, 
as well as occasional large flat and empty lava tunnels comparable to the lobate flow 
from the EPR. Broken up surfaces of shattered slabs of fluidal lava with a brecciated 
appearance (scoriaceous lava) similar to subaerial “aa” flows are seen. From 600 to 
1 400 m depth, abundant lapilli and scoriaceous material were mixed and interbedded 
on the slope along with red and yellow hydrothermal products. The angular fragments 
found on the slope are either flow breccia in the upper part of the edifice, or products 
expelled during hydromagmatic explosions. Trachytic lavas, made up of massive, light 
gray material and small, highly-vesicular pumice occur at 500-600 m depth on the 
northern side of the Adams Volcano (Fig. 5.14c). Also, the top (<500 m depth) of this 
seamount is covered by a coralline platform (Hekinian et al. 2003). 






1 29*24.5' W 



25*14.5' S 
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Fig. 5.14a,b. a Composite geological profiles were constructed along the western slope of the Bounty 
Volcano in the Pitcairn region; b geological profile on a small adventive cone located on the southern 
slope of the Bounty. T = trachyte 
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Fig. 5.14c. Composite dive profile (PNoi, -02 and -09) shows the various lithologies encountered along the southern slope of the Adams Volcano. The legend is 
shown as an inset. The vertical arrows indicate the sample locations. The lithology is the same as in Fig. 5.11 
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5 . 4 . 1. 4 
Young 

Young Seamount (named after another mutineer) is an intermediate-sized (2 km high) 
edifice similar to a few other edifices ( Volcano #4, 7 and 8 ) (Fig. 5.12b). The Young Vol- 
cano (at 2250 m depth) was investigated by a deep-towed camera (OFOS 78) run and 
shows bulbous pillows and lava tubes less than 1 m in diameter piled up on a steep slope 
(>40°) (Binard et al. 1992b). Numerous scarps a few meters high (interpreted as being 
flow front brecciation) cut these flows. These scarps have produced talus piles at their 
feet where thin (a few centimeters thick), pelagic sediment has dusted the large flow 
fragments and the breccia. Dark, flat slabs (5 cm thick) of manganese crusts that are 
sometimes partially buried by sediment, lava flows, and rock debris are also observed. 
As discussed later, this flat-topped seamount represents the remains of an old edifice 
built during spreading ridge activity on the ancient the Farallon plate. 

5 . 4 . 1. 5 
Volcano #4 

Volcano #4 is an intermediate-sized edifice with a truncated cone (3 000 m depth) having 
a summital depression (crater of 2.6 km in diameter) similar to those described on off- 
axis seamounts and interpreted as having a caldera structure (Hollister et al. 1978; Lonsdale 
and Spiess 1979; Batiza et al. 1984; Fornari et al. 1984). A television camera profile made on 
the summit within the inner part of the crater shows old pillow and tubular flows covered 
by dark manganese crust. Around the crater rim, most scarps (5-10 m high) are made up 
of pillow lava flow, and contain abundant slumped and weathered blocks. Heavily covered 
sediment coated with manganese (about 5-7 cm thick) occurs on the slopes formed by 
hollow pillows. This type of feature is similar to the old truncated vent of Seismic Volca- 
noes 1 and 2 in the Society hotspot (Cheminee et al. 1989), thought to represent an ancient 
volcano inherited from the abyssal hill region. The ancient vents could be either conical or 
truncated, their morphology being determined during a caldera-building stage. 



5 . 4 . 1. 6 
Volcano #7 

Volcano #7 is an irregularly shaped, intermediate-sized edifice with slopes that vary 
with depth (2250 m depth) at about 24.2 0 from 3500 m to 2600 m depth and 15.4 0 at 
depths shallower than 2 600 m. This slope variation is the result of two distinct stages 
of volcano growth (Table 5.2, Fig. 5.12b): 

1. The first stage ( Volcano #70, Table 5.2) gave rise to a volcanic cone approximately 1 500 m 
high, with a polygonal to roughly square shape feature and having north-south and 
east-west oriented flanks. Similar types of polygonal structures studied by Fornari et al. 
(1987a) on off-axis volcanoes at i2°4o' N near the EPR were interpreted as being the 
result of the magma supply during the tectonics of accretion. A summital collapsed 
feature creating a caldera structure and a truncated cone explains the change of slopes; 

2. A later stage ( Volcano #yb y Table 5.2) of growth gave rise to the summital cone (from 
2 600 m to 2 200 m) during an extrusion of new lava flows. 
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5.4.1. 7 

The Small Edifices 

The small edifices differ from mounds and are about 2 km in diameter and less than 
<0.5 km high. They also are the most abundant (about 90), and all of them together 
erupted a total of about 188 km 3 of volcanics (Hekinian et al. 2003) (Table 5.2). The small 
edifices found at a distance of 3-35 km from the base of the larger volcanoes are gener- 
ally aligned along two main directions, N-S (N160 0 ) and NW 55 0 . Other small edifices 
can also be found as adventive cones on the flanks and in the immediate surroundings 
less than 5 km away from the base of the large volcanoes. Volcanoes #5, < 5 , 9 and 10 are 
examples of small edifices with a circular cone generally made up of giant tubes of silica- 
enriched flows (>5 km 3 ) (Table 3.2, Fig. 5.12b) (Hekinian et al. 2003). However, most of 
the small edifices are located at some distance (5-35 km) from the base of larger volca- 
noes within the 3 700 m bathymetric contour lines, and these structures consist essentially 
of silicic lava (trachyte and trachy-andesite (Fig. 5.12b). Hence, a major difference be- 
tween the different-sizes of edifices is related to their range in compositional variabil- 
ity and their geological setting. The relationship of these small edifices with the larger 
ones and their origin are discussed in the last section of this chapter (see Sect. 5.7). They 
seem to have been supplied by feeder channels during puntiform (localized) eruptions. 

5.4.2 

The Distribution and Extent of Hotspot Volcanism 

The extent and distribution of the hotspot activity was inferred from the back-scat- 
tered acoustic signal (reflectivity). This back-scatter reflectivity (Simrad EM12D) de- 
pends on the nature of the material extruded and is used to interpret the type of land- 
scape. The various types of sea-floor morphologies encountered are presented in 
Hekinian et al. (2003) and summarized in Fig. 5.15a, b. 

The structures with light reflectivity (LR) covering about 26% of the surveyed area 
are inherited from the ancient crust of the Farallon plate, now almost totally covered 
by sediment and ash - e.g., spreading ridge and small axial and off-axial volcanoes 
(Fig. 5.15a, b). The next darker area has lower amounts (20-40%) of sediment cover 
with volcanoclastic debris and a hilly topography. These features consist of pillows, 
lava tubes and blocky-tabular flows, loose talus debris, hyaloclastites and Fe-Si-Mn 
oxyhydroxide-enriched hydrothermal sediment and crust (e.g., station OFOS 78, Vol- 
cano #7 and Young) (Figs. 5.12b and 5.15a, b). This area is called “patchy” (P) because 
of the appearance of light-gray streaks and a hummocky surface reflectivity. This type 
of reflectivity comprising about 24% of the surveyed region is found essentially sur- 
rounding the large and the intermediate-sized volcanoes (e.g., Volcanoes #7, #8, Chris- 
tian and Young) (Figs. 5.12b and 5.15a, b). Similarly, side scan sonar investigations from 
north EPR off-axis seamounts with hyaloclastites and pyroclasts show distinct 
reflectivity (Batiza et al. 1989). A middle-level reflectivity (MR) is seen in about 26% 
of the explored area and eventually includes the deeper (>3 500 m depth) volcanic land- 
scape. The MR comprises areas having a smooth surface, a large wavelength topogra- 
phy and small constructional edifices (<300 m high) (Fig. 5.15a, b). The darker gray 
area, having a middle-high reflectivity (MHR) comprising about 4% of the surveyed 
zone, is mainly on the flanks of the most recent edifices such as the Bounty and Adams 
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scattered signal (Simrad EM12D). In addition, field observations using deep-towed camera, submersible and sampling stations were used (Hekinian et al. 2003). 
The hotspot activity includes the high (HR), middle-high ( MHR ), middle (MR) and patchy (P) (hummocky) type of sea-floor reflectivity. The inferred boundary of 
the hotspot has been indicated by a heavy dashed contour line. The older terrain has low reflectivity (LR) such as on the Christian and the fossil-spreading ridges, 
which were probably formed during pre-hotspot activity on the Farallon plate. The area around #7 and Young Volcanoes showing both low (LR) and high (HR) sea- 
floor reflectivity could have been a site of hotspot rejuvenation (see Sect. 5.4.2) 
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Volcanoes. These are essentially made of bulbous pillows, giant tubular and blocky/ 
tabular flows, hyaloclastite crust and pyroclastic material. Their structures differ from 
those in other areas with MR and P reflectivity by their relatively low sediment distri- 
bution (<20%). The darkest area corresponds to the zone of highest reflectivity (HR), 
comprised of fresh volcanics with less than 5% sediment of hydrothermal origin. The 
HR area covers about 20% of the explored hotspot region, comprising small volcanic 
cones and star-shaped ridges (rift zones) with sharp near vertical breaks represent- 
ing flow fronts (Figs. 5.12b and 5.15a, b). Deep (3600-4000 m depth) depressions as- 
sociated with fault scarps including a graben-like structure also showing HR occur 
mainly in the western surveyed area near the ridge propagator and faulted terrain 
(Fig. 5.15a, b). These topographic lows show little relief and a flatter sea floor contain- 
ing a few small volcanic cones. It is conceivable that such topographic lows are the sites 
of relatively young fissural eruptions giving rise to lava ponds. 

The area of the Pitcairn region showing hotspot activity is patchy and more dif- 
fused than the sea floor surrounding the Macdonald Volcano and the larger edifices 
of the Society hotspot. It was observed that most of the deepest area (3 800-4 200 m 
depth) is heavily sedimented and that the more recent volcanic constructions having 
high back- scattered reflectivity (HR, MHR and most P and MR) occur at shallower 
depths than 3 800 m (Figs. 5.12b and 5.15b). The structures with LR (>3 800 m depth) 
are inherited from the ancient crust of the Farallon plate, now almost totally covered 
by sediment and ash. It is assumed that the farthest eastern limit of the hotspot is now 
located near the Bounty and Adams Volcano, approximately 110 km east of Pitcairn 
Island. From the interpretation of bottom reflectivity and multichannel bathymetry 
(Simrad EM12) studies in the Pitcairn region, it is thought that submarine hotspot 
activity extends over an area of about 7022 km 2 (Hekinian et al. 2003). 

The volume and extent of hotspot activity was evaluated with the assumption that 
the base of the ancient oceanic crust constructed on the Farallon plate lies near the 
3 800 m contour line. This excludes the intermediate-sized edifices (e.g., Christian, 
Young and Volcano #7), which are presumed to have been formed near and/or on 
spreading ridges (see Sect. 5.5.2.2). Thus, it is found that the volume of the submarine 
hotspot volcanism covering an area shallower than 3 800 m depth with high (HR), 
patchy (P), middle (MR) and middle-high (MH) reflectivity includes about 5 906 km 3 
(Hekinian et al. 2003) (Table 5.2). 



5.5 

Hotspot Versus Non-Hotspot Volcanoes 

Not all the volcanoes within hotspot regions have been created during intraplate activ- 
ity. In intraplate regions and especially within a hotspot area, it is often difficult to dis- 
tinguish between structures caused by hotspot volcanism from those formed by crustal 
accretion at spreading ridges. As was seen in the Society and Pitcairn regions, some of 
the structures are inherited from the ancient spreading center of the Farallon plate; they 
show old, abundantly altered surface features covered by manganese crust and have a 
MORB-type composition (Cheminee et al. 1989; Hekinian et al. 1991). The criteria used 
to differentiate between ancient and newly-formed crust is primarily based on surface 
morphology (lava and shape of edifice), sea-floor structural lineation obtained from 
back-scatter reflectivity, and when available, the composition of the erupted lavas. 
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5 . 5.1 

Sea-Floor Lineation and Seamount Distribution 

Sea-floor lineation is more prominent on the larger edifices and on the surrounding 
sea floor (>3 500 m depth) forming the Society, Austral and Pitcairn hotspots (Figs. 5.10b, 
5.15b and 5.16). These lineations are expressed as fissures or as ridges forming rift zones 
and extending from near the summits of the edifices in a “starfish” shape going down 
slope along their flanks. The rift zones, such as those recognized in the Society and 
Pitcairn hotspots, vary in width from 2-50 m wide and are often associated with vol- 
canic mounds, cones and flow front marked by sudden breaks in continuity (Figs. 5.6b, c 
and 5.14a). The maximum length of the rift zones is equal to the edifice’s radius, if we 
assume that the main volcanic activity of a seamount remains within the area defined 
by its base contour lines. Therefore, the rift zone average length for the larger edifices 
is approximately 0.7 times the radius of each volcano (Binard et al. 1992). 

The fact that several rift zones of large edifices and some smaller conical edifices 
are rigorously oriented in a preferential direction suggests that zones of weaknesses 
in the crust have became pathways for magma channeling and/or upwelling. This sea- 
floor lineation inherited from the ancient oceanic lithosphere of pre-hotspot origin 
and/or from directions created during plate tectonic reorientation is observed. Also, 
it is observed that the volcanic constructions are more prominent at depths shallower 
than 3 750 m, where sea-floor structural lineations are more scattered and where small 
edifices are more frequently encountered (Figs. 5.16 and 5.17). This implies that the 
morpho-structural development of the seamounts is likely to be controlled by the pre- 
existing structural fabric of the ocean floor. The sea-floor fabric of the Society and 
Pitcairn hotspots is oriented in the preferential directions described below. 

The Niso°-i8o° orientations are observed at all the stages of volcano formation and 
correspond to structural discontinuities (fracture zone and spreading centers) due to 
the spreading activity of the ancient Farallon plate, which has been inactive for the 
past 12.5 Ma (Klitgord and Mammerickx 1982; Mammerickx and Klitgord 1982). This 
N150 0 direction is also seen in the rift zones of the Hawaiian chain (Smoot 1982) and 
especially on the Loihi Seamount (Fornari et al. 1979, 1988; Karl et al. 1988; Lonsdale 
1989) and in the Austral chain with the Macdonald hotspot (Fig. 5.13a, b). In fact, the 
N-S directions (170-180°) on the large edifices as well as on the sea floor (>3500 m 
depth) prevail in all the hotspots and in the abyssal hill (>3 500-4 000 m depth) prov- 
inces. An alternative explanation for the dominant N-S direction of rift zones could 
be due to a preferential rift zone growth transverse to the hotspot chain, as observed 
along many of the guyots and seamounts of the Hawaiian-Emperor Bend (Smoot 1985). 
The Ni70°-i8o° direction deeper than the 3500 m contour line is parallel to the mag- 
netic anomalies and represents the direction of the spreading axis of the ancient 
Farallon ridge. This is delineated by horst and graben (linear ridges and faults) fea- 
tures with scarps of 50-200 m high in the Society and the Pitcairn hotspots. 

The N030-050 0 oblique orientation with respect to the main north-south direction 
is observed on spreading ridge off-axis seamounts and has been attributed by Fornari 
et al. (1987a) to a Riedel shear. These northeasterly directions correspond to the inferred 
orientations of the regional stress field caused by earthquake focal mechanisms detected 
in the south-central Pacific (Okal et al. 1980). In the present case, this hypothesis is the 
most plausible for explaining the orientations included between N180 0 and No8o°, which 
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Fig. 5.16. Schematic representation of the large volcanic edifices showing their rift zones in the Soci- 
ety hotspot. The starfish type of rift zone is well developed on the mature edifices such as Moua Pihaa 
and Mehetia. The dashed line shows the N115 0 strike of the Society Island chain. The limit of the 
Society hotspot region is represented by the 4000 m contour line (limit of “bulge”). The short con- 
tinuous lines oriented to N170 0 direction emphasize the main orientation of the small hills and volca- 
noes inside and outside the limit of the Society hotspot. The general morphostructural orientations 
of the hotspot are compared to that of the ancient crust (abyssal hill and Farallon plate regions) 

► 

Fig. 5.1 7. Schematic reconstruction from bathymetry shows the structural lineation along the flanks 
of the individual seamounts from the Society hotspot (after Binard et al. 1991). The radial arrange- 
ment (starfish shape) distribution indicates magmatic channeling through rift zones. A statistical 
analysis of the rift zone directions for each seamount is defined according to four main orientations: 
N160-180 0 , N040 0 , No8o°, N120 0 
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also correspond to the directions of the major fracture zones. The N045 0 direction in 
the Pitcairn hotspot corresponds to the pseudofault lineations associated with the ridge 
propagators inherited from a spreading ridge jump and/or from small-scale discontinu- 
ities due to spreading (Fig. 5.12b). In addition, most small edifices (<500 m depth) in 
the Pitcairn hotspot are oriented in the N050 0 direction (Figs. 5.12b and 5.15b). 

The No8o° orientation found mainly on the large hotspot edifices is likely to be as- 
sociated with traces of ancient N8o° transform faults (McNutt et al. 1989) such as the 
Tuamotu and Austral transform faults in the vicinity of the Society volcanic chain 
hotspot region (Herron 1972). This is the second type of major structural discontinu- 
ity observed to be parallel to the Pacific fracture zones (Mammerickx et al. 1975) as- 
sociated with the ancient ridge system. (Figs. 5.10b, 5.12b, 5.15b and 5.16). 

The Nuo-130 0 direction is mainly associated with the rift zones of the larger edi- 
fices forming the hotspots (Figs. 5.10b, 5.15b and 5.16). The most probable hypothesis 
for this orientation is a Reidel shear conjugated with the N030-040 0 direction accord- 
ing to the regional stress field (Okal et al. 1980). This coincides with the direction of 
displacement of the Pacific Plate as also shown by the orientation of the major volcanic 
island chains. On the Pacific Plate between the Clipperton and Galapagos fracture zones, 
the presence of en echelon ridges with No95°-oriented cross-grain fabric were attrib- 
uted to N-S lithospheric tensile stress (Wintered and Sandwell 1987). For example, the 
presence of a similar stress under the Society hotspot region could enhance the devel- 
opment of the N110-130 0 lineations. 

In summary, even if the preferential orientations of the larger edifices remain in a 
roughly north-south direction; other directions such as the N030-050 0 and N110-130 0 , 
which are not initially well developed will become prominent as the volcanic edifices 
grow. Assuming that the N030-045 0 and N110-130 0 directions represent an oblique 
shear system oriented perpendicularly to the major discontinuities of the crust, the 
N030-040 0 direction is probably related to a regional stress related to plate readjust- 
ment during spreading. 

5.5.2 

Morphological Classification of Intraplate Volcanoes 

Using the flatness factor (summit diameter/basal diameter), Smith and Jordan (1987) 
and Smith (1988) have reported two types of shapes for Pacific seamounts: the conical 
(flatness < 0.25) and the truncated edifices (flatness > 0.25) (Tables 5.1 and 5.2). In this 
study, a similar approach is used for the volcanic edifices (small and large) from the 
Society and the Austral hotspot regions, and a comparison of morphology has been 
made (Tables 5.1 and 5.2, Fig. 5.18). 

5.5.2.1 

Conical Edifices 

The conical shape corresponds to edifices with variable heights from 500 m (small vents) 
to 4035 m (Mehetia). Interestingly, this shape is also that of some small ancient edi- 
fices inherited from the East Pacific Rise volcanic activity and not affected by a renewed 
hotspot volcanism. However, conical seamounts more than 500 m high found near the 
East Pacific Rise axis are less common than truncated ones. Most geomorphologic stud- 
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Fig. 5.18. The variation in seamount morphologies is related to the rate of flatness (summital diam- 
eter/basal diameter ratio); truncated (flatness > 0.25) and conical (flatness < 0.25) volcanoes are 
grouped inside two distinct fields (Tables 5.1 and 5.2). The fields of off-axis volcanoes are reported 
(Lonsdale and Spiess 1979; Fornari et al. 1984, 1987; Hekinian and Fouquet 1985; Hekinian et al. 1985; 
Batiza 1980; Lonsdale and Batiza 1980) 

ies (Batiza 1977, 1982; Batiza and Vanko 1983, 1984; Batiza et al. 1984; Fornari et al. 1987b) 
show that seamount edification results in a juxtaposition of small volcanoes, less than 
500 m tall, which are often elongated in shape. Also, the conical morphology is obtained 
by a pile of bulbous and tubular pillows derived from a centrally located eruptive source 
as illustrated by the numerous vents along the rift zones and those scattered on the 
hotspot-affected sea floor (3 250-3 750 m depth). As these volcanoes grow and mature, 
the presence of rift zones creates a starfish shape, but the edifices continue to retain 
their roughly conical profiles. 

5.5.2.2 

Truncated Edifices 

Five truncated edifices, Seismic Volcano 1 (Society hotspot), Macdocald (Austral), Mn- 
Seamount (abyssal hill region of the Society) and Volcano #4 and #7 (Pitcairn hotspot), 
were recognized as being ancient seamounts (Figs. 5.2b, 5.12b and 5.15b). The truncated 
morphology of the off-axis volcanoes commonly observed (Batiza and Vanko 1983; 
Fornari et al. 1984) was interpreted by Lonsdale and Spiess (1979) as resulting from the 
draining and collapsing of a magmatic reservoir. This was a consequence of the volcano's 
drifting away from the East Pacific Rise axis where volcanoes are likely to be fed by cone 
sheets rather than from a simple conduit source (Simkin 1972). Compared to the off- 
axis volcanoes near the East Pacific Rise, the truncation of an intraplate edifice such as 
Rocald (Society hotspot) is interpreted as being due to a lateral migration of the magma 
supply located underneath the smaller edifice toward the larger one, Rocard (Fig. 5.7a). 
This will give rise to a summit collapse of the small edifice (Rocald). But if this tall edi- 
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fice is derived from hotspot magmatism, its general morphology suggests similar col- 
lapse processes to those observed near/or on the East Pacific Rise. This is the subma- 
rine version of the caldera formation process related to the lateral transport of magma 
through dykes during flank eruptions (Ryan et al. 1981, 1983). However, the truncated 
edifice of Rocald could also represent an ancient off-axis volcano on which recent 
hotspot types of flows have risen through the summital circular fractures. 

The ancient small edifice Seismic Volcano 1 in the Society hotspot is characterized 
by a central caldera (about 300 m deep) (Fig. 5.2b). Pillow lavas were identified on the 
slopes and on the scarps forming the steep walls around the centrally collapsed crater. 
The surface of the volcanic edifice is heavily covered by pelagic sediment, rock frag- 
ments, and dark manganese crusts coating the lava flows (about 8-10 cm thick). Also, 
Seismic Volcano 1 (SVi) has two different types of volcanics: (1) ankaramite (enriched 
in K 2 0 ) and (2) extremely altered MORB-type rocks (depleted in K 2 0 ) (Cheminee et al. 
1989). The same type of MORB was also collected from the truncated Macdonald edi- 
fice (Austral region), which is made up of altered pillows covered by 4-6 cm thick man- 
ganese crusts; this MORB was also recovered from the small conical Volcano #7 
(Pitcairn), and from Christian and Young (Pitcairn) (Fig. 12b). This indicates that nu- 
merous conical and truncated edifices (<500 m in height) within the Society, Austral 
and Pitcairn hotspot regions are inherited from older volcanoes formed near or on 
the East Pacific Rise. Furthermore, some of the truncated structures (SVi, Rocald) 
having a hotspot type of lava (alkali enriched) may have been reactivated during 
hotspot volcanism as reported by Hekinian et al. (1991). In the Pitcairn region, bul- 
bous and tubular flows partially buried by sediment (about 20-25%) are found in the 
area of Young and Volcano #7, both of which are volcanoes showing flat tops and col- 
lapsed craters from which Fe-Si-Mn oxyhydroxide crusts were dredged (Fig. 5.12b). The 
presence of MORBs on Young Volcano and on a small cone on the flank of Christian 
Seamount is believed to be due to pre-hotspot volcanism (Hekinian et al. 2003). 

The degree of flatness indicates that truncated shapes are preferentially related to 
ancient drifting volcanoes inherited from an ancient spreading center. All these edi- 
fices show higher degrees of flatness with more gentle slopes (18-25°) (Fig- 5.18), while 
the most pronounced conical edifices having a flatness of less than 0.25 with slopes of 
10-20° are associated with recent intraplate volcanic activity (Fig. 5.18). The intraplate 
seamounts are morphologically comparable to large subaerial shield volcanoes 
(Peterson and Moore 1987). Pillow lava and sheet flows have built the main part of the 
edifices, from their bases to about 500 m depth, leading to a high structural stability 
that prevents the occurrence of large magmatic reservoirs and collapsed caldera mor- 
phologies. Magmatic segregation is related to small reservoirs probably derived from 
the main, centrally-located conduit of intraplate volcanoes. 

In summary, two types of morphologies are present in the Society, Austral and 
Pitcairn hotspot regions: (1) a few of the small and intermediate-sized structures 
(<1 500 m in height) have truncated edifices with a flat top, similar in morphology and 
lava composition (MORBs) to seamounts inherited from EPR off-axis volcanic activi- 
ties; and (2) most small (<500 m high) and large (up to 3700 m in height) conical 
edifices are formed during hotspot magmatism. This agrees with previous observa- 
tions reported on the distribution of Pacific seamounts (Hollister et al. 1978; Smith and 
Jordan 1987; Smith 1988), where morphology (truncated to conical types) correlates 
to the height of the volcanic constructions (Tables 5.1 and 5.2, Fig. 5.18). 
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5.6 

Style of Eruption and Formation of Hotspot Edifices 

Different types of flow morphologies are encountered on the large edifices of the Society, 
Austral and Pitcairn hotspots (Fig. 5.8a-p). The hotspot volcanics differ from normal 
MORBs by their higher degree of vesicularity (>15 up to 80% vesicles) as well as in their 
form. For example, blocky/tabular flows and hornitos made up of silica-enriched lava 
are rare in spreading ridge environments. These submarine volcanic features from hotspot 
areas are comparable to those found on the active Hawaiian hotspot, such as the Loihi Sea- 
mount (Fornari et al. 1988; Karl et al. 1988; Lonsdale 1989). The morphological appearance 
of the flows including their shape, degree of fragmentation, surface textures (corruga- 
tion) and the size of the flows, are a good indication of their mode of emplacement and 
volcano construction. The types of volcanics forming an edifice depend on the style of 
eruption, which correlates to the physical properties and the composition of the lava. 
Many of the physical parameters controlling the style of eruption such the cooling rate, 
the size of the eruptive conduit, the degree of rock viscosity and the degree of crystal- 
linity are discussed by Bonatti and Harrison (1988) and Perfit and Chadwick (1998). 

5 . 6.1 

Types of Eruption 

A Quiet type of eruption indicates the absence of volatiles or the ease of gas escape 
where the volcanic landscape is characterized by the occurrence of low viscosity lava 
such as sheet flows and pillow lava that predominate at spreading ridges and subaerial 
shield volcanoes. The rate of effusion that increases from pillow to sheet flows (lobate 
and flat flow) controls their shape. Thus, in both intraplate and spreading ridge areas, 
the presence of sheet flows results from a high magma supply and a rapid flow rate. 

An Explosive type of activity is related to magma enriched in volatiles, which is able 
to increase its gas pressure above the lithostatic pressure, and this results in violent erup- 
tions. The explosive eruptions are associated with accidental debris (pyroclasts) and 
hyloclastites. Volatile enrichment is primarily due to the concentration of C 0 2 and H 2 0 . 
These compounds are found in the mantle (about 1%) and are the essential contribu- 
tors to rock vesicularity and gas concentration during magmatic solidification. When 
correlating the degree of rock vesicularity with the volatile content, (C 0 2 and H 2 0 ), it 
was shown that the degrees of vesicularity and pressure of the volatile phases are mainly 
due to the early exsolution of C 0 2 from an alkali melt (Hekinian et al. 2000; Pineau et al. 
2003). The exsolution of significant amounts of dissolved water from the alkali melt 
could also contribute to the expansion of bubbles accumulating in the upper part of 
the conduit and trigger explosions at water depths of 1 000-3 000 m. When the vola- 
tile-enriched melt rises and starts to form bubbles (mainly C 0 2 ), the amount of vesicles 
increases, and the decoupling of the magma-bubble system will accelerate. This will 
increase the vesicle ascent and the accumulation of C 0 2 -rich gas pockets towards the 
top of the magmatic column. Consequently, the gas pressure exerted on the overlying 
volcanic construction will rise until it overcomes the load pressure. Gas-magma 
decoupling during magmatic ascent could explain the formation of hyaloclastites and 
pyroclasts. The explosion is initiated at the top of the magmatic column by a breaking 
up of the gas vesicles or gas pockets that produced the hyaloclastites at the same time 
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or immediately after the pyroclasts (Hekinian et al. 2000; Pineau et al. 2003). Similarly, 
intraplate volcanism has generated abundantly vesicular flows that are often associated 
with pyroclastic and hyaloclastite deposits commonly found together on the large edi- 
fices at various depths (200-3 000 m depth) (Fig. 5.8n). 



5.6.2 

The Formation of a Volcanic Edifice 

A compilation of data on the lava morphologies with respect to their setting obtained 
from on site (submersible, deep-towed camera and side scan sonar) observations in 
the Society, Austral and Pitcairn hotspot regions is used to reconstruct a “typical vol- 
canic edifice” shown in Fig. 5.19 and described below (Binard et al. 1992a). 

The Edifice Base shows broad-sheet flows made up of non-vesicular lava (vesicles 
<5% in volume). This type of flow morphology is comparable to that observed on the 
Mid-Oceanic Ridge axis (Arcyana 1978; Ballard and Moore 1977), where the lava flows 
are extruded at a high discharge rate and are confined within tectonic depressions (rift 
valleys and/or grabens). Since the Society hotspot does not have such tectonic depres- 
sions (Binard et al. 1991), a high rate of fluidal lava discharge is needed in order to give 
rise to the broad-sheet flows observed on the ancient sea floor (Fig. 5.8c). The sheet flow 
morphology correlates to a high degree of fluidity, which is mainly controlled by the 
temperature, the crystal/liquid ratio, and the chemical composition of the magma. Since 
variations in the crystal/liquid ratios or lava compositions at different depths were not 
observed for rocks sampled from the Society and the Austral hotspot regions, it is be- 
lieved that temperature and magma supply could be the most important factor influ- 
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Fig. 5.19. Schematic representation of ‘typical’ volcano’s eruptive styles occurring during the con- 
struction of an intraplate volcano. The reconstruction was made from field observations mainly sug- 
gested from the Society, Austral and Pitcairn hotspot regions (after Binard et al. 1992a). Pillow, shards, 
volcanoclast, and talus material are found from the base to the top of seamounts. Volcanic ejecta 
(hyaloclast and pyroclast) are abundantly located at the summit, but they are also found on small 
adventive cones on the flank of large edifices. The intrusive flows are difficult to see at the middle and 
base of the edifice where they are masked by erupted flows 
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encing the viscosity and the eruption rate. Hence, rapid eruption could reduce the cool- 
ing rate once a chilled crust is formed. The high temperature is compatible to a flow 
discharge for a short distance from the magma reservoir (Bonatti and Harrison 1988). 

The Edifice Flank is characterized by bulbous and giant tubular pillows and lava 
tunnels encountered on the lateral vents making up the rift zones (Fig. 5.8e). Pillows 
and lava tube formations likely to have originated from quiet eruptions were reported 
below 500-1 000 m depth (Cheminee et al. 1989; Fornari et al. 1979, 1988; Lonsdale 1989). 
The lava erupting onto the edifice flanks is still highly fluid as shown by the presence 
of folded surfaces, elongated and narrow lava tubes (do m length, 30 cm in diameter), 
stalactites, and hornitos (Fig. 5.8b). The change in flow morphology (pillows) at the 
level of rift zones compared to the deeper sheet flows could be due to a lower rate of 
discharge induced by scattered eruptive vents. In the Society, Pitcairn and the Austral 
hotspot regions, the shards and pyroclasts are mainly concentrated between the bul- 
bous flows (pillows and lava tunnels) and on flat sedimented surfaces (Fig. 5.8d and 
5.8i). Hyaloclastites are found as flat lying layers on top of lava flows, and are essen- 
tially encountered on seamounts that may be in both a shallow and deep-seated 
(>2 000 m depth) environment (Figs. 5.8g and 5.19). Their lithological settings and their 
composition suggest that the hyaloclastites were formed locally during the emplace- 
ment of basaltic flows having a thick glassy crust (<2 cm thick). Instead, the thicker 
and extended hyaloclastite layers mixed with hydrothermal deposits and pelagic sedi- 
ment forming semi-indurate products covering lava flows are believed to have been 
formed during explosive eruptions. They are often associated with pyroclastic deposits. 

The summit of shallow edifices (<500 m depth) comprises porous reservoirs, where 
magmatic gases are concentrated and where seawater changes into steam in contact 
with magma (Figs. 5.8m and 5.19). This involves hydromagmatic explosions, which give 
rise to circular craters. The submarine association of volcanic ejecta and lava flows is 
similar to the eruptive sequences observed during subaerial strombolian or lava foun- 
tain activities. The summit volcanic formations made up of easily reworked clastic 
material might be conducive for the occurrence of small magmatic reservoirs. 

A shallower summit depth and reduced hydrostatic pressure could lead to the re- 
lease of gases, which give rise to conical depressions within the volcanic ash deposits. 
The eruptive processes produced the pumice flow covering the summit of the shallow 
(<300 m depth) Turoi, Moua Pihaa and Macdonald Seamounts. The flow brecciation, 
the pumiceous character of the lava, and the “bread crust” surfaces of the fragments 
suggest the predominant role of magmatic gases during eruption. The evolved nature 
of the rock (Si 0 2 = 61%) and the low volume of eruption are compatible to the occurrence 
of magma and volatile segregation inside a reservoir. Similar pumice-type rocks encoun- 
tered on subaerial volcanoes commonly result from volcanic eruptions when magmatic 
gases concentrated underneath the top of the edifices cause the sudden extrusion of vol- 
canic bombs. It has been suggested that the pumice flow observed on the Turoi Seamount 
was formed from a similar (but submarine) volcanic eruption where explosive activities 
were prevented by the hydrostatic pressure (Fig. 5.8I1). Shallow explosive events are prob- 
ably more common than deeper ones and give rise to a more extensive distance of debris. 
For example, on the Macdonald Seamount, the debris due to a hydromagmatic explosion 
was found to extend from near the surface (50-100 m) down to about 1 000 m on the flank 
of the edifice. However, it is also known that reactive and explosive events also occur on 
the summit of volcanic edifices at depths greater than 1 000 m (Hekinian et al. 2000). 




200 N. Binard • R. Hekinian • P. Staffers • J. L. Cheminee t 



5.6.3 

Relationship Between Hotspot Volcanic Edifices 

Hotspot volcanism is expressed either by the formation of a single edifice (i.e., Macdonald) 
or a cluster of different sized edifices (i.e., Society and Pitcairn hotspots) within an area 
of 120-200 km in diameter (Figs. 5.2b, 5.10b and 5.12b). The interrelationship between 
volcanic edifices could be enhanced by subsurface magma channeling through dyke 
propagation. The dynamics of crack propagation in an elastic medium (Lister and Kerr 
1991; Turcotte 1982) are important for enhancing magma circulation in the lithosphere. 
Evidence of dyke propagation comes essentially from ground deformation and erup- 
tions observed in Iceland, Hawaii (Sigurdson 1987; Rubin and Pollard 1987) and in 
spreading centers (Chadwick et al. 1995). 

The construction of large- and intermediate-sized edifices (such as Adams, Bounty, 
and Moua Pihaa in the Society hotspot and Volcano #4 from Pitcairn hotspot) is be- 
lieved to be the result of a sustained magma supply and magma chamber replenish- 
ment during hotspot activity. A diapir melting front underlying the volcanoes is prob- 
ably the source of the magma injection (Figs. 5.12b and 5.20). The replenishment of 
magma chambers underneath these larger edifices is in agreement with the observed 
diversities in isotopic composition (Woodhead and Devey 1993; Devey et al. 2003), 
suggesting several parental melts and/or mantle sources for the origin of the volcanics. 

The small cones on the flanks (adventive), at the foot (<5 km from the base) and in 
the vicinity (<50 km away) of the larger edifices are believed to have formed during 
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Fig. 5.20. Schematic representation of hotspot volcanoes constructed on an ancient oceanic crust, 
showing different structural orientations such as fracture zones and spreading-ridge directions. The 
relationship between the various-sized edifices is inferred through rift zone formation and sub-crustal 
magma channeling. The inset shows a broader area of the upper mantle in a partially molten zone 
from which magma reservoirs are supplied underneath the larger hotspot edifices. The main orien- 
tations of the sea-floor structural fabric are indicated (see Sect. 5 . 5 . 1 ) 
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localized (puntiform) eruptions supplied through magma channels along preferen- 
tial tectonic directions. The adventive cones located on the flank and at the foot of the 
larger edifices are often interconnected with rift-zone channeling magma from the 
main edifice conduits. As a volcano grows, its mass will increase and raise the lithostatic 
pressure on the magma reservoir. As the height of the volcano increases, probably less 
magma will erupt from the summit and more from lateral vents, rift zones and para- 
sitic cones. In order for the extrusive flow (P ext = overpressure of eruption) to continue 
to overcome the lithostatic pressure (Pi ithos ; P ext > P lithos ), ^ * s necessary for the magma 
reservoir to become more evolved and/or be refilled with new melt. Evolved lavas 
(e.g., trachyte, andesite and rhyolite) such as those erupted in these small cones are 
enriched in volatiles. They are less dense and less viscous, so they are more likely to 
overcome the load pressure. Also, the pressure of silicic magma stored in a reservoir 
might increase as a result of the additional magma injection from greater depths. For 
shallow reservoirs, the depth inferred from petrological and geophysical studies is less 
than 5-10 km beneath active volcanoes (Davidson and de Silva 2000). As pressure in 
the chamber increases, lateral dikes, sills and other fractures propagate from the cham- 
ber to the surface (Wilson et al. 1980; Bower and Woods 1997). Fracture propagation 
is also facilitated by the bursting of gas pockets trapped in the conduit during the 
passage of new melt. The model of Bower and Woods (1997) applied to several his- 
torical eruptions shows the dependence of an eruption to the depth, volume and de- 
gree of crystallization of lava in a magma reservoir. 

The other small cones located at some distance (<50 km) from the larger edifices 
are likely to be fed by deeper-seated subsurface magma channels than the adventive 
cones at the flank and/or foot of the larger volcanoes. These small edifices could be 
supplied from the replenished and differentiated magma reservoirs located underneath 
the larger edifices when the magma flows through pre-existing conduits or channels 
within a fractured lithosphere. For example in the Pitcairn hotspot, the evidence for 
subsurface feeder channels and eruptions is inferred from the distribution of volca- 
nic cones along preferential directions that are aligned along elongated topographic 
highs emanating from the foot of the larger edifices (e.g., Adams and Bounty, 
Figs. 5.14a, 5.15a and 5.15b). The most obvious volcanic channels building edifices hav- 
ing a relief of at least 200 m with respect to the surrounding sea floor are observed to 
extend in a south-southwesterly (25°i5 f S, i20°30 f W) and in a southern (2^30' S, 
I29°i9' W) direction from the Bounty and Adams Volcanoes, respectively. We observed 
elongated and bulging structures up to about 20 km in length and 1-4 km wide with 
scattered small volcanic edifices erected along their length (Figs. 5.12b, 5.15a and 5.15b). 
Hence, when considering the distribution of small volcanic cones along a preferential 
direction (e.g., rift zone, fault, and other ancient tectonic feature), it is inferred that 
melt could laterally flow for a long distance (tens of kilometers) from its source (magma 
reservoir) (Figs. 5.15b, 5.16, 5.17 and 5.20). 



5.7 

Summary and Conclusions 



The formation of hotspot seamounts is facilitated by existing crustal weaknesses such 
as fracture zones, fissures, or horst-graben structures inherited from ancient struc- 
tures as well as recent intraplate tectonic motions. 




